Partitioning Water Vapor Fluxes by the Use of Their Water Stable Isotopologues : From the Lab to the Field by Quade, Maria Elisabeth
  Forschungszentrum Jülich 
 Institute of Bio- and Geosciences 
 Agrosphere (IBG-3)   
 
 
 
 
Partitioning Water Vapor Fluxes by the 
Use of Their Water Stable Isotopologues: 
From the Lab to the Field 
 
 
Dissertation 
zur Erlangung des Grades 
Doktorin der Agrarwissenschaften (Dr. agr.) 
der Landwirtschaftlichen Fakultät 
der Rheinischen Friedrich-Wilhelms-Universität Bonn 
 
von 
Maria Elisabeth Quade 
aus Berlin 
 
 
 
Bonn 2019 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
Referent: Prof. Dr. Nicolas Brüggemann 
1. Korreferent: Prof. Dr. Wulf Amelung 
2. Korreferent: Prof. Dr. Youri Rothfuss 
 
Tag der mündlichen Prüfung: 25.06.2019 
 
 
Angefertigt mit Genehmigung der Landwirtschaftlichen Fakultät der Universität Bonn 
I 
 
Abstract 
Water stable isotopes are powerful tracers for partitioning of the terrestrial ecosystem water vapor 
fluxes into process-based components, i.e. evapotranspiration (ET) into soil evaporation (E) and plant 
transpiration (T). The isotopic methodology for ET partitioning is based on the fact that E and T have 
distinct water stable isotopic compositions, which in turn are due to each flux being differently 
affected by isotopic kinetic effects. To use stable isotopologues of water in ET partitioning studies, 
a good knowledge of the isotopic (equilibrium and kinetic) fractionation effects is crucial. While the 
temperature-dependent equilibrium fractionation factor is well characterized (Majoube 1971), the 
kinetic fractionation factor (αK), relevant, e.g., during soil evaporation, needs further investigation.  
In order to address this knowledge gap, we conducted a series of three different long-term bare 
soil evaporation experiments (differing in soil-water availability and aerodynamic conditions) to 
obtain αK values from the collected isotopic data and the inversion of a well-known resistance-to-
transfer model (i.e., the Craig and Gordon (1965) model). The isotopic composition of the soil water 
(δs) vapor was monitored non-destructively by using gas-permeable tubing (Rothfuss et al. 2013). 
The Craig and Gordon (1965) model was used in two different approaches. The first approach uses 
the Keeling (1958) plot to obtain values for the isotopic composition of the evaporation (δE). The 
second approach uses the slope of the linear regression between δs2H and δs18O. Results showed that 
the largest source uncertainty in the computation of αK stemmed from the uncertainty associated with 
the δE values modeled with the Keeling (1958) plot method. In the second approach αK values were 
within the theoretical range proposed by Dongmann et al. (1974) and Mathieu and Bariac (1996), 
which pointed to the prevalence of the turbulent transport of water vapor under saturated and 
unsaturated soil conditions. 
A variety of studies use different measurement techniques to estimate the isotopic composition of 
ET (δET), T (δT) and δE for ET partitioning at the field scale. Here, especially the long-term monitoring 
of δE and δT is challenging. For this, non-destructive soil water stable isotopic monitoring using gas-
permeable material is a promising tool. We tested the method of Rothfuss et al. (2013) to measure δs 
in an ET partitioning field campaign during one growing season of sugar beet (Beta vulgaris). To 
evaluate this method, the estimates of the transpiration fraction (T/ET) obtained from non-destructive 
soil profiles (P) were compared to the destructive soil sampling (S). In addition, the isotope-based 
approach was compared to T/ET estimates obtained from the combination of micro-lysimeter and 
eddy covariance (EC) measurements. Results showed discrepancies between the δE values obtained 
from S and P, which are in line with recent findings for different sampling methods (Orlowski et al. 
2016a, Orlowski et al. 2018). However, the mean absolute deviations found between isotope-based 
and lysimeter-based T/ET estimates were more than three times higher than the differences between 
S and P. This underlines the great potential of gas-permeable tubing for long-term monitoring in the 
field and calls for further investigation of the isotopic offsets between direct measurement and 
extraction methods. 
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The long-term monitoring of δE by using gas-permeable material is only one challenge for ET 
partitioning studies. To provide sub daily estimates of T/ET, the long-term monitoring of δET and δT 
should be improved. Therefore, a review of the current and past literature was written about the 
progress and challenges of isotope-based ET partitioning. In total, we reviewed 31 studies and 
analyzed which methods provide the most promising approach for the long-term monitoring of δET, 
δT and δE. Next to gas-permeable material for the determination of δE, we encourage the development 
of experimental setups allowing for the determination of ET isotopic fluxes by combining EC 
measurements and high-frequency laser spectroscopy. The use of the gas-permeable material has 
also a great potential to measure δT. Albeit up to now only one study (Volkmann et al. 2016) showed 
that in-situ monitoring of δT in tree xylem is possible, this approach should be further developed for 
medium-sized plants (e.g. maize) and, in the longer term, thin-stem (cereal) plants.    
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Zusammenfassung 
Stabile Wasserisotope sind leistungsstarke Tracer zur Partitionierung der terrestrischen 
Ökosystemflüsse in ihre Einzelkomponenten wie zum Beispiel Evapotranspiration (ET) in 
Bodenverdunstung (E) und Pflanzentranspiration (T). Diese Methode ist anwendbar aufgrund der 
Tatsache, dass der Wasserdampf aus E und T eine unterschiedliche Isotopenzusammensetzung hat. 
Die Unterschiede in der Isotopenzusammensetzung werden durch die sogenannte 
Isotopenfraktionierung verursacht. Um stabile Wasserisotope in ET-Partitionierungsstudien zu 
verwenden, ist ein gutes physikalisches Verständnis dieser Isotopenfraktionierung (Gleichgewichts- 
und kinetische Fraktionierung) notwendig. Während die temperaturabhängige 
Gleichgewichtsfraktionierung (αeq) bereits gut charakterisiert ist (Majoube 1971), ist die genaue 
Berechnung der kinetischen Isotopenfraktionierung (αK) immer noch eine große Herausforderung.    
Zur Charakterisierung von αK wurden drei unterschiedliche Langzeit-Bodensäulen-Experimente 
durchgeführt, die sich in der Wasserverfügbarkeit und in den aerodynamischen Bedingungen 
unterschieden. Dabei wurde die Isotopenzusammensetzung des Bodenwassers nicht-destruktiv durch 
die Verwendung von mikroporösen gaspermeablen Schläuchen gemessen (Rothfuss et al. 2013). Mit 
den Daten dieser drei Experimente wurde das Craig and Gordon (1965)-Modell mit zwei 
unterschiedlichen Ansätzen getestet. Der erste Ansatz bestimmte die Isotopen-zusammensetzung von 
E (δE) mittels des Keeling-Plots (Keeling (1958), um mit diesen Werten αK zu berechnen. Im zweiten 
Ansatz wurde die Steigung der linearen Regressionslinie zwischen δs2H und δs18O verwendet, um αK-
Werte zu fitten. Die Ergebnisse zeigen, dass besonders der Keeling (1958)-Plot für die Berechnung 
von δE unter den gegebenen Laborbedingungen schwierig umzusetzen war. Mit dem zweiten Ansatz 
konnten αK-Werte innerhalb des theoretischen Bereichs nach Dongmann et al. (1974) und Mathieu 
and Bariac (1996) berechnet werden, was auf eine Dominanz des turbulenten 
Wasserdampftransportes unter gesättigten und ungesättigten Bodenbedingungen hinweist.  
Eine Vielzahl von ET-Partitionierungsstudien verwendet unterschiedliche Messmethoden zur 
Bestimmung der Isotopenzusammensetzung von ET (δET), T (δT) und δE. Besonders die 
kontinuierliche Langzeit-Messung von δE und δT ist eine große Herausforderung. Die 
nicht-destruktive Messung mit Hilfe von gaspermeablem Material ist dabei der vielversprechendste 
Ansatz. Deshalb testeten wir die Methode von Rothfuss et al. (2013) zur Messung der 
Isotopenzusammensetzung des Bodenwassers in einer ET-Partitionierungsfeldkampagne auf einem 
Zuckerrübenfeld (Beta vulgaris). Um die Ergebnisse zu bewerten, wurde das 
Transpirationsverhältnis (T/ET) mit Hilfe nicht-destruktiver Bodenprofile (P) und mit destruktiver 
Probennahme (S) bestimmt. Zusätzlich wurde T/ET auch mit der Kombination von Eddy-Kovarianz 
(EC) mit Mikro-Lysimeter-Messungen bestimmt. Die Ergebnisse zeigen Unterschiede zwischen S 
und P, welche mit aktuellen Erkenntnissen über unterschiedliche Messmethoden (Orlowski et al. 
2016a, Orlowski et al. 2018) übereinstimmen. Die gefundenen Unterschiede zwischen den Isotopen- 
und Lysimeter-basierten T/ET Schätzungen waren mehr als dreimal größer. Dies zeigt das große 
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Potenzial der gaspermeablen Schläuche für ET-Partitionierungsstudien im Feld. Dafür sollte die 
Methode allerdings noch weiterentwickelt werden und die Unterschiede zu den anderen Mess- und 
Extraktionsmethoden genauer quantifiziert werden.       
Die Verwendung des gaspermeablen Materials für die Langzeit-Messung von δE ist lediglich eine 
Herausforderung innerhalb der ET-Partitionierungsstudien. Um eine tägliche oder stündliche 
Auflösung von T/ET Schätzungen zu ermöglichen, muss auch die Langzeit-Messung von δET und δT 
verbessert werden. Dafür wurde ein Review über die aktuellen Fortschritte und Herausforderungen 
von Isotopen-basierten ET-Partitionierungsstudien verfasst. Insgesamt wurden 31 Studien analysiert, 
um herauszufinden, welches die vielversprechendste Methode für die Langzeit-Messung von δET, δT 
und δE ist. Neben der bereits erwähnten nicht-destruktiven Methode, welche gaspermeables Material 
zur Bestimmung von δE verwendet, schlagen wir eine Kombination von EC und 
High-Flow-Laserspektroskopie als den vielversprechendsten Ansatz zur Bestimmung von δET vor. 
Auch wenn die Messgeräte teuer sind und noch weiterentwickelt werden müssen, kann diese 
Investition einen großen Fortschritt in der Langzeit-Messung von δET bedeuten. Die Verwendung des 
gaspermeablen Materials besitzt auch großes Potential für δT-Messungen. Bisher hat nur eine Studie 
(Volkmann et al. 2016) gezeigt, dass die In-situ-Messung von δT in Bäumen möglich ist. Dieser 
Ansatz sollte weiterentwickelt werden, damit dieser auch für Messungen von mittelgroßen Pflanzen 
wie zum Beispiel Mais und längerfristig für dünnstielige (Getreide-) Pflanzen verwendet werden 
kann.      
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𝐶  mole fraction of water 
(5.56·104 mol m–3) 
𝐶a
v
  atmospheric water vapor 
isotopic concentration [kg m-3] 
𝐶a  water vapor concentration of 
the laboratory background air 
[kg m-3] 
𝐶b  water vapor concentration of 
the background air [kg m-3] 
𝐶col  water vapor concentration 
inside the soil column [kg m-3] 
𝐶E  water vapor concentration of 
evaporation [kg m-3] 
𝐶ET  water vapor concentration of 
evapotranspiration [kg m-3] 
CH  canopy height [m] 
𝐶𝑠
v   surface water vapor isotopic 
concentration [kg m-3] 
𝐶𝜔𝜒𝑎
(𝑓)𝑑𝑓  cospectral density of 
fluctuations in the vertical wind 
velocity and water vapor 
mixing ratios at the frequency f 
[Hz]. 
𝐷i  molecular diffusivities of either 
i = 2H or 18O 
DoE day of experiment 
Dw molecular diffusivities of either 
1H or 18O 
E evaporation 
EC eddy covariance 
EF evaporation front 
Ei surface isotopic flux 
ET evapotranspiration 
FET water vapor flux [mmol m-2 s-1] 
g leaf stomatal conductance  
[mol m-2 s-1] 
gt total stomatal conductance  
[mol m-2 s-1] 
h relative humidity [expressed in 
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K eddy diffusivity of water vapor 
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LE latent heat flux of E [W m²] 
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laboratory background air  
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MRcol water vapor mixing ratio inside 
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mw molar weight of water 
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n exponent for the aerodynamic 
regime [-] 
Ni amount of either 2H or 18O 
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Psat saturated vapor pressure [Pa] 
pw pressure of the liquid water 
phase [hPa] 
R universal gas constant 
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ra aerodynamic resistance [s m-1] 
rb boundary layer resistance [s m-
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Ta atmospheric temperature [°C] 
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ω vertical wind speed [m s-1] 
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Figure 1.1 
Scheme of the evaporation process from liquid soil water to water vapor at the evaporation front zEF  
 
Figure 1.2 
Exemplary evaporation line (black solid line) from the isotopic composition of the liquid soil water (black 
dots), the global meteoric water line (GMWL, Craig 1961, Rozanski et al. 1993) and an exemplary local 
meteoric water line (LMWL, Andreas Lücke, personal communication, 2018) from the Research Center Jülich 
(Forschungszentrum Jülich).  
 
Figure 2.1  
Experimental setup: (a) PVC soil monolith with system for applying water suction at the bottom, atmosphere 
column, and available measurements; (b) experimental setup for sampling water vapor at the different soil 
depths, from the two soil water standards, and from the atmosphere. 
 
Figure 2.2 
(a): Time series of temperature (Ta, °C) and relative humidity (h, %) of the ambient air in the laboratory 
(sampled one meter above the soil surface, i.e., outside the atmosphere column); (b): time series of the hydrogen 
(δ2Ha, ‰) and (c) oxygen (δ18Oa, ‰) stable isotopic compositions of the water vapor across heights within the 
atmosphere column for experiments E1 to E3. Grey shaded stripes indicate missing data due to encountered 
technical problems.  
 
Figure 2.3 
Measurements of the laboratory air water vapor isotopic composition (blue symbols) 1 m above the soil surface 
and soil liquid water isotopic composition (red: –0.01 m; dark orange: –0.03 m; orange: –0.07 m; light orange: 
–0.15 m; dark yellow: –0.30 m; yellow: –0.60 m) from all depths along with their respective linear regression 
lines (atmosphere: blue solid line; soil: red solid line) in dual isotopic plots for experiment (a) E1, (b) E2, and 
(c) E3. Data collected in the period following the 2H labeling pulse (black symbols) were excluded from the 
regression for E3 (c). Linear regression slopes (LRS) and coefficients of determination (R²) as well as the 
equation for the local meteoric water line (LMWL) are reported (black dotted line). 
 
Figure 2.4 
Experiment 1 (day of experiment – DoE 1 to 40): profiles of (a) water vapor mixing ratio (MR) and (b) hydrogen 
and (c) oxygen isotopic compositions (δ2Ha and δ18Oa) in the atmosphere column across heights. Profiles of (d) 
soil water volumetric content (θ, m³ m–³) and (e) hydrogen and (f) oxygen isotopic compositions (δ2Hs and 
δ18Os) across depths. 
 
Figure 2.5 
Experiment 2 (day of experiment – DoE 71 to 110): profiles of (a) water vapor mixing ratio (MR) and (b) 
hydrogen and (c) oxygen isotopic compositions (δ2Ha and δ18Oa) in the atmosphere column across heights. 
Profiles of (d) soil water volumetric content (θ, m³ m–³) and (e) hydrogen and (f) oxygen isotopic compositions 
(δ2Hs and δ18Os) across depths.  
 
Figure 2.6 
Experiment 3 (day of experiment – DoE 190 to 229): profiles of (a) water vapor mixing ratio (MR) and (b) 
hydrogen and (c) oxygen isotopic compositions (δ2Ha and δ18Oa) in the atmosphere column across heights. 
Profiles of (d) soil water volumetric content (θ, m³ m–³) and (e) hydrogen and (f) oxygen isotopic compositions 
(δ2Hs and δ18Os) across depths.  
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Figure 2.7 
Experiment 1: Isotopic composition of the soil liquid water (𝛿2HS
l  and 𝛿18OS
l , in ‰) at depth 0.01 m (a-b), of 
the laboratory air water vapor (δ2Ha and δ18Oa in ‰) at 1 m above the soil surface (c-d), of the evaporated water 
vapor (δ2HE and δ18OE in ‰, e-f) calculated with the Keeling plot method (only results with a p-value lower 
than 0.05 are shown); αK results by using the inverse Craig and Gordon (1965) model (method “CG65”, g-h); 
αK results obtained from the value of the slope of the “evaporation line” given by Gat (1971) (method “G71”, 
i-j). Theoretical ranges of αK values are represented by the grey shaded horizontal stripes, and results of the 
model of Mathieu and Bariac (1996) are displayed for comparison (black stars). 
 
Figure 2.8 
Experiment 2: Isotopic compositions of the soil liquid water (𝛿2HS
l  and 𝛿18OS
l , in ‰) at depth 0.01 m (a-b), of 
the laboratory air water vapor (δ2Ha and δ18Oa in ‰) at 1 m above the soil surface (c-d), of the evaporated water 
vapor (δ2HE and δ18OE in ‰, e-f) calculated with the Keeling plot method (only results with a p-value lower 
than 0.05 are shown); αK results by using the inverse Craig and Gordon (1965) model (method “CG65”, g-h); 
αK results obtained from the value of the slope of the “evaporation line” given by Gat (1971) (method “G71”, 
i-j). Theoretical ranges of αK values are represented by the grey shaded horizontal stripes and results of the 
model of Mathieu and Bariac (1996) are displayed for comparison (black stars). 
 
Figure 2.9 
Experiment 3: Isotopic compositions of the soil liquid water (𝛿2HS
l  and 𝛿18OS
l , in ‰) at depth  0.01 m (a-b), 
of the laboratory air water vapor (δ2Ha and δ18Oa in ‰) at 1 m above the soil surface (c-d), of the evaporated 
water vapor (δ2HE and δ18OE in ‰, e-f) calculated with the Keeling plot method (only results with a p-value 
lower than 0.05 are shown); αK results by using the inverse Craig and Gordon (1965) model (method “CG65”, 
g-h); αK results obtained from the value of the slope of the “evaporation line” given by Gat (1971) (method 
“G71”, i-j). Theoretical ranges of αK values are represented by the grey shaded horizontal stripes and results of 
the model of Mathieu and Bariac (1996) are displayed for comparison (black stars). Note for 9c-j: y-axes scales 
differ from Figs 2.7 and 2.8. 
 
Figure 3.1 
Field experimental setup. 
 
Figure 3.2 
Exemplary Keeling plots of δa2H (a,c,e) and δa18O (b,d,f) of water vapor measured at different heights (0.01-
1.50 m) within and above the canopy on D1 (29 May 2017, 11:00–11:30 UTC), D2 (13 July 2017, 10:30–11:00 
UTC) and D3 (21 August 2017, 11:00–11:30 UTC). The value of the y-intercept (δET), the coefficient of 
determination (R²) and p-value are reported.  
 
Figure 3.3 
(a) Hydrogen isotopic composition of the evapotranspiration flux (𝛿𝐸𝑇 H in ‰) 
2 , determined with the Keeling 
plot approach (only results with R² > 0.6 are shown); (b) hydrogen isotopic composition of the transpiration 
flux (𝛿𝑇 H  in ‰) 
2  inferred from that of the water extracted from the plant xylem sap (𝛿x H 
2  in ‰) and 
assuming isotopic steady-state conditions (𝛿𝑇 H = 𝛿x H 
2
 
2 ); (c) hydrogen isotopic composition of the 
evaporation flux (𝛿𝐸 H in ‰) 
2  calculated with Equation (3.3) on basis of either destructive (sampling of soil 
down to 5 cm depth, red symbols) or non-destructive (monitoring system with the tubing profiles, blue 
symbols) determination of 𝛿s
l; (d) transpiration fraction (T/ET) calculated with Equation (3.1) on the basis of 
destructive (red) and non-destructive determination of 𝛿s
l (blue). Grey shaded areas indicate values outside the 
theoretical range, and blue shaded areas represent nighttime periods.      
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Figure 3.4 
(a) Oxygen isotopic composition of the evapotranspiration flux (𝛿𝐸𝑇 O in ‰) 
18 , determined with the Keeling 
plot approach (results with R² > 0.6 are shown); (b) oxygen isotopic composition of the transpiration flux 
(𝛿𝑇 O in ‰) 
18  inferred from that of the water extracted from the plant xylem sap (𝛿x O in ‰) 
18  and assuming 
isotopic steady-state conditions (𝛿𝑇 O = 𝛿x O 
18
 
18 ); (c) oxygen isotopic composition of the evaporation flux 
(𝛿𝐸 O in ‰) 
18  calculated with Equation (3.3) on the basis of either destructive (sampling of soil down to 5 cm 
depth, red symbols) or non-destructive (monitoring system with the tubing profiles, blue symbols) 
determination of 𝛿s
l; (d) transpiration fraction (T/ET) calculated with Equation (3.1) on the basis of destructive 
(red) and non-destructive determination of 𝛿s
l (blue). Grey shaded areas indicate values outside the theoretical 
range, and blue shaded areas represent nighttime periods.      
 
Figure 3.5 
Latent heat flux (W m–2) of evapotranspiration measured by the eddy covariance station (LET(EC), black line) 
and partitioning results for the latent heat flux of evaporation obtained from single measurements with micro-
lysimeters (LE(lysimeter), black squares), from the soil samples (LE(S), red dots) and soil profiles (LE(P), blue 
triangles) for (a) δ2H and (b) δ18O. Blue shaded areas represent the nighttime period. LE(S) and LE(P) were 
calculated on basis of isotope-derived T/ET ratios and LET(EC) using the following relationship: 𝐿𝐸 = 1 −
𝑇 𝐸𝑇⁄ ∗ 𝐿𝐸𝑇 . 
 
Figure 3.6 
Relative differences in transpiration fraction (T/ET) derived from (a) soil samples (S) (δ2H-estimates – δ18O-
estimates), (b) soil profiles (P) (δ2H-estimates – δ18O-estimates), (c) δ2H-estimates (S – P), and (d) δ18O-
estimates (S – P). Blue shaded areas represent nighttime periods. 
 
Figure 4.1  
Results of the literature review (a): Evolution of the number of citations per year (blue bars) and cumulative 
number of publications (1990-2018, black line); (b): percentage of methods for determination of δE (c): 
percentage of methods which were used to determine δT; (d): percentage of methods which were used to 
determine δET. 
 
Figure 4.2 
Exemplary Keeling (1958) plot. 
 
Figure A1 
Water vapor mixing ratio (in ppmV) and isotopic composition (δ2H and δ18O in ‰) of the water vapor sampled 
on Day of Experiment 14 from the ambient air “atm”, both standards (“STD1” and “STD2”) and soil depths 
(“soil”), the numbers representing the depth/high regarded to the soil surface 
 
Figure B1 
Linear regression line (Keeling plot) of δ2H (left) and δ18O (right) against the inverse MR on Day of Experiment 
73, values for the y-Intercept (I), the coefficient of determination (R²) and the p-value are reported.  
  
Figure D1  
Observed (blue points) and fitted (black lines) relationships between the hydrogen (panels a-b) and oxygen 
(panels c-d) isotopic compositions of the water vapor sampled from the soil standards 1 (panels a-c) and 2 
(panels b-d) (δst1
v  and δst2
v ) with water vapor mixing ratio (MR). 
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1.1 Introduction 
The continental water reservoirs at and near the earth surface are constantly in motion. Water vapor 
which evaporates from the soil and is transpired by plants forms clouds in the atmosphere. The clouds 
release the water vapor in form of precipitation back to the surface. Here the water evaporates again, or 
is extracted and transpired by plants, or else moves through the soil to replenish groundwater. 
Atmospheric water vapor is also a key contributor to the greenhouse effect which makes quantitative 
measurements of the single sources and sinks important for improving meteorological and hydrological 
forecasting models. But measurements of the raw contributions of the two major sources, namely soil 
evaporation (E) and plant transpiration (T) are still a major challenge within eco-hydrological studies. 
Often the net flux, namely evapotranspiration (ET), is measured via eddy covariance (EC) stations. 
Disentangling the ET flux into E and T can be done by source partitioning methods. These methods are 
divided into correlation-based modelling approaches using existing EC measurements (Scanlon and 
Kustas 2010) and a variety of instrumental approaches (Kool et al. 2014). The latter are limited to a 
smaller field scale and range from soil-flux chamber measurements (Raz-Yaseef et al. 2010, Yaseef et 
al. 2010) over micro-lysimeter measurements (Kelliher et al. 1992) to atmospheric profile measurements 
(Ney and Graf 2018).  
Another method for the source partitioning of ET is based on the analysis of the flux composition (δ) in 
the heavier water stable isotopologues 1H2H16O and 1H218O defined as (Coplen 2011): 
𝛿x [‰] = (
𝑅x
𝑅std
− 1)          (1.1) 
with 𝑅x = 𝑁i/𝑁j the atom ratio of either Ni = 
2H (rare) and Nj = 1H (abundant) or Ni = 18O and Nj = 16O. 
Rstd is the atom ratio of the international standard (Standard Mean Ocean Water, SMOW) provided by 
the International Atomic Energy Agency. The heavier isotopes have different physical properties during 
phase change which leads to differences in their δ-value within the compartments of the ecosystem. 
These effects are summarized under the term isotopic fractionation processes.  
The isotopic composition of the evaporated water vapor (δE) is always affected by these fractionation 
effects, resulting in a lower δE value compared to the measured isotopic composition of the total water 
vapor from evapotranspiration (δET). Plants transpire often at isotopic steady state, which is associated 
which no fractionation effects and therefore a higher value of the isotopic composition of the transpired 
water vapor (δT). In the atmosphere above the soil-plant continuum the measured δ-value represents a 
mixture of both sources. Single measurements of δE, δT and δET allow for a relative quantification of the 
so-called transpiration fraction (T/ET) via a simple linear mixing model: 
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𝛿ET = (1 − 𝑥)𝛿E + 𝑥𝛿T            (1.2) 
where x is defined as T/ET.  
To measure or estimate δE, δT and δET a variety of different methods exists. For the estimation of δET the 
Keeling (1958) plot approach is the most common method. This approach was first developed to estimate 
the contribution of CO2 sources (Keeling 1958, Keeling 1961). Later this approach was used for the 
estimation of δET of ecosystems (Brunel et al. 1992, Yakir and Wang 1996). The basic assumptions 
behind this method are (i) the measured atmospheric water vapor and  isotopic composition reflects the 
mixture of the atmospheric background water vapor and the emitted sources E and T; (ii) mixing is fully 
turbulent and no loss of water vapor occurs by e.g. condensation; (iii) there are no more than two sources 
contributing to ET, which must have distinct isotopic composition values (Yakir and Sternberg 2000). 
Therefore, measurements of the atmospheric water vapor concentration as well as its isotopic 
compositions within and above the ecosystem are necessary. During the first studies (e.g. Wang and 
Yakir 2000, Yepez et al. 2003) atmospheric water vapor was sampled via a cryogenic trapping system 
and finally analyzed in the laboratory with an isotope ratio mass spectrometer. Later, the development 
of field-deployable tunable diode laser spectrometers made in-situ monitoring of the atmospheric water 
vapor possible, and rapidly increased the number of isotope-based ET partitioning studies (Lee et al. 
2007, Xu et al. 2008, Rothfuss et al. 2010, Wang et al. 2010, Wenninger et al. 2010).  
The in-situ determination of δE is currently under development. During the first studies (e.g. Walker and 
Brunel 1990, Wang and Yakir 2000, Ferretti et al. 2003) traditional destructive soil sampling was 
conducted to obtain measurements of the soil water. The soil water was extracted in the laboratory and 
finally δE was calculated by the use of the Craig and Gordon (1965) model. For a correct estimation of 
δE, the isotopic composition of the liquid soil water from the evaporation front (EF) is needed; but 
determining the exact location of the EF is difficult even by sampling soil profiles with an auger. 
Additionally, this method has disadvantages, e.g. disturbance of the ecosystem or limitations of the water 
extraction method (Orlowski et al. 2016a, Orlowski et al. 2016b). Recently developed methods like soil 
water probes (Volkmann and Weiler 2014, Gaj et al. 2016) or gas-permeable tubing (Rothfuss et al. 
2013) enabled non-destructive in-situ monitoring of soil water vapor. These methods have great potential 
for the long-term monitoring at many meteorological measurement sites, but a detailed evaluation is still 
required.   
In-situ measurements of δT are the most challenging task for further studies. To simplify this task, a 
number of studies (e.g. Brunel et al. 1992, Zhang et al. 2011, Aouade et al. 2016) used the steady-state 
assumption, excluding isotopic fractionation during the transpiration process. Under these conditions δT 
 5 
 
is equal to the source water used by the plant which can be obtained by destructive sampling of xylem 
or stem tissue and subsequent water extraction.  
As previously mentioned, water extraction methods may alter isotopic results. Alternative such as custom 
made chambers (e.g. Wang et al. 2013, Good et al. 2014, Lu et al. 2017) allow the on-line assessment of 
δT via a mass-balance approach. However, chambers have their own drawbacks, e.g. increased 
temperature and relative humidity compared to the outside temperature. Volkmann et al. (2016) recently 
developed an in-situ method for the monitoring of δT of tree xylem by the use of a “xylem water isotope 
probe” with a gas-permeable head. This method was able to obtain direct, continuous and high-resolution 
measurements of the tree xylem. Further development and application to smaller plants, e.g. maize and, 
on longer term, thin-stem (cereals) plants, should be the focus of future studies. 
 
1.1 The Craig and Gordon (1965) model 
The Craig and Gordon (1965) model describes the enrichment process of an evaporating water body 
(Figure 1). It assumes that the surface isotopic flux Ei is proportional to the difference of isotopic 
concentration between the atmosphere 𝐶a
V and the soil surface 𝐶s
V, and inversely proportional to the 
isotopic resistance ri to vapor flow (Braud et al. 2005a): 
𝐸i =  
𝐶s
V−𝐶a
V
𝑟i
           (1.3) 
where V refers to the water vapor phase. Barnes and Allison (1983) proposed an equation for the isotopic 
resistance: 
𝑟i = 𝑟a𝛼K
i            (1.4)  
where ra is the aerodynamic resistance to vapor transfer, and 𝛼K
i  the isotopic kinetic fractionation factor. 
The isotopic concentration can be approximated by (Braud et al. 2005a): 
𝐶i =
𝑀i
𝑀w
 𝑅i𝜌            (1.5)  
with Mi, Mw the molar mass of isotopes and water, Ri the isotopic ratio and ρ the volumetric mass of 
water. Combining Equation 1.5 and 1.3 leads to: 
𝐸i = 𝜌sat  
𝑀i
𝑀w
 
ℎs𝑅s
V−ℎa𝑅a
V 
𝑟a𝛼K
i          (1.6)  
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with ℎ = 𝜌/𝜌𝑠𝑎𝑡  the relative humidity. 
Similarly, the evaporation flux E can be expressed as: 
𝐸 =
𝜌s−𝜌a
𝑟a
= 𝜌sat
ℎs−ℎa
𝑟
         (1.7) 
By (i) dividing left and right hand-terms of Equations 1.6 and 1.7 together, (ii) defining the isotopic ratio 
of the evaporation as RE = Ei/E (RE), (iii) converting isotopic ratios into isotopic compositions (δ, 
Equation 1.1), and (iv) by considering hs ≈ 1, the equation for the isotopic composition of the evaporated 
water vapor is obtained: 
𝛿E =
1
𝛼K
i (1−ℎa)
(𝛿EF 
V + 1 − (𝛿a
V + 1)ℎa) − 1       (1.8) 
  
where 𝛿E, 𝛿EF
V  and 𝛿a
V are the isotopic composition values of the evaporation (E), soil water at the 
evaporation front (EF) and atmosphere (a). 𝛿EF
V  is obtained from 𝛿EF
L , the isotopic composition of the soil 
liquid water and the vapor-liquid thermodynamic equilibrium fractionation factor 𝛼eq
 : 
𝛼eq =
𝑅𝐸𝐹
𝐿
𝑅𝐸𝐹
𝑉 =
𝛿𝐸𝐹
𝐿 +1
𝛿𝐸𝐹
𝑉 +1
         (1.9) 
Combining Equation 1.8 and 1.9 leads to: 
𝛿E =
1
𝛼K
𝑖  (1−ℎ𝑎
 )
(
𝛿EF
𝐿 +1
𝛼eq
− (𝛿a + 1)ℎ𝑎  
 ) − 1.      (1.10) 
 
Figure 1.1 
Scheme of the evaporation process from liquid soil water to water vapor at the evaporation front zEF. 
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This equation is commonly used to determine the isotopic composition of the evaporated water vapor in 
the specific context of ET partitioning.   
The equilibrium fractionation effect is well characterized by Majoube (1971) and describes the change 
in the isotopic composition depending on the surface temperature (Ts): 
𝛼eq(𝑇s) = 𝑒𝑥𝑝 (− (
𝐴
𝑇s
2 +
𝐵
𝑇s
2 + 𝐶))       (1.11) 
with the empirical constants A = 1137, B= –0.4156 and C = –0.0020667 for 18O and A = 24844, B = –
76.25 and C = 0.05261 for 2H.  
The kinetic fractionation factor is defined as the ratio of the transport resistances from the evaporating 
water surface to the ambient air. The lighter isotopes need less energy for the phase transition. In case of 
a fully saturated water vapor layer (i.e. relative humidity = 100%) above the water surface, the liquid 
and vapor phases are at isotopic thermodynamic equilibrium (i.e. absence of kinetic fractionation). This 
situation usually occurs during precipitation formation in clouds. In most cases the air layer is non-
saturated (i.e. relative humidity < 100%) and the kinetic fractionation process will lead to an isotopic 
enrichment of the evaporating water surface. Craig and Gordon (1965) experimentally determined 𝛼K
𝑖  as 
inversely proportional to the ratio of the molecular diffusivities (D) of the most abundant (w) to the rare 
(i) isotopes. Later Dongmann et al. (1974) proposed the following expression: 
𝛼K
𝑖 = (
𝐷w
𝐷i
)
𝑛
          (1.12) 
The exponent n is dimensionless and accounts for the aerodynamic regime above the liquid-vapor 
interface. Dongmann et al. (1974) proposed that n = 0.5 under fully turbulent conditions and n = 1 under 
fully diffusive conditions (n = 2/3 under laminar flow conditions). Other authors (e.g. Barnes and Allison 
1983, Mathieu and Bariac 1996) give other definitions of n (e.g. constant or soil water content 
depending). The right choice of the exponent n is still under debate and will be discussed in detail in 
Chapter 2.    
The schematic manner of the evaporation process can be described in a dual isotopic coordinate system 
(Figure 1.2). The linear regression of δ2H vs. δ18O from global precipitation water describes the 
equilibrium fractionation process. This line is defined as the global meteoric water line (GMWL, Craig 
1961) by the following equation (Rozanski et al. 1993): 
𝛿2H = 8.2 𝛿18O + 11.3         (1.13) 
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This equation describes a global relationship. A similar equation can be obtained from the linear 
regression of δ2H and δ18O from precipitation water at one site over a longer period (>3 years). This line 
is defined as the local meteoric water line (LMWL). An example for the LMWL at the research center 
Jülich is shown in Figure 1.2. This line describes the spatiotemporal variation of the isotopic composition 
of precipitation, which is related to several processes, e.g. latitude effects, altitude effects and continental 
effects (Sprenger et al. 2016).  
The linear regression of δ2H and δ18O from liquid soil water defines a line, the so called “evaporation 
line” with the slope SE (Gat 1971): 
 𝑆E =
[ℎ(𝛿a−𝛿l)+𝜀eq+∆𝜀] H 2
[ℎ(𝛿a−𝛿𝑙)+𝜀eq+∆𝜀] O 18
        (1.14) 
were δl is the liquid isotopic composition of the evaporating water body (e.g. soil or rain water), εeq is the 
equilibrium enrichment (εeq = 1– αeq) and ∆ε is the kinetic isotopic effect (Gat 1996): 
∆𝜀 = (1 − ℎ) (
𝐷w
𝐷i
− 1) 𝑛        (1.15) 
 
 
Figure 1.2 
Exemplary evaporation line (black solid line) from the isotopic composition of the liquid soil water (black dots), 
the global meteoric water line (GMWL, Craig 1961, Rozanski et al. 1993) and an exemplary local meteoric 
water line (LMWL, Andreas Lücke, personal communication, 2018) from the Research Center Jülich 
(Forschungszentrum Jülich).  
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SE usually has a value between 2 and 6.5 (Sprenger et al. 2016). This is caused by the fact, that during 
the evaporation process the remaining water becomes stronger enriched in the oxygen isotopes compared 
to the hydrogen isotopes due to the kinetic fractionation effect. An exemplary soil evaporation line is 
shown in Figure 1.2. The values at the evaporation front are usually more enriched compared to the 
deeper soil layers and form a separate cluster. 
1.2 Objectives and outline of the thesis 
The aim of this thesis is to improve the understanding of water vapor ecosystem fluxes by the use of 
stable isotopologues and to evaluate current measurement techniques. The main focus was on the use of 
gas-permeable tubing for non-destructive long-term monitoring of the isotopic composition of soil water 
vapor. This thesis was divided into three work packages resulting in three publications. Two publications 
are published in scientific journals and one is prepared for submission (see section: List of publications 
included in this thesis). 
The first publication addresses the problem of the poorly characterized kinetic fractionation effect and is 
presented in Chapter 2. Here we present the results of three soil column laboratory experiments, where 
different soil-water availability and aerodynamic conditions could be simulated, to quantify αK during 
the bare soil evaporation process. For this, the Craig and Gordon (1965) model was tested using two 
different approaches. First, the Keeling (1958) plot method was used to obtain values for δE and αK could 
be determined via Equation 1.10. In a second approach, αK was obtained from the slope of the 
evaporation line in a dual isotopic coordinate system by combining Equation 1.14 and 1.15. For both 
methods 𝛿s
l was monitored non-destructively by sampling the soil water vapor with microporous gas-
permeable tubing and online analysis with a laser spectrometer (Rothfuss et al. 2013). 
The second publication is presented in Chapter 3 and presents the application of the method of Rothfuss 
et al. (2013) in the field for the first time. This method allowed for the non-destructive monitoring of δ2H 
and δ18O of soil water during a field ET partitioning campaign in sugar beet. To evaluate the method, 
T/ET estimates obtained from the non-destructive method were compared to the commonly used 
destructive sampling and subsequent cryogenic vacuum extraction of soil water. Finally, isotope-based 
T/ET estimates were compared to those obtained from a combination of micro-lysimeter and EC 
measurements to prove their reliability.   
The last publication is presented in Chapter 4 and provides a review on the progress and challenges of 
isotope-based measurement techniques used in ET partitioning studies. In total, 31 studies were analyzed 
(found, and further progress monitored,  by entering search term ((“evapotranspiration” or 
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“transpiration” or “evaporation”) and partition* and isotop*) into the ISI Web of Science search engine 
www.webofknowledge.com) to assess which method provides the most promising approach for the long-
term monitoring of δET, δT and δE in the field. The measurement technique and theory for δET, δT and δE 
are described in subchapters before the actual progress and challenges is discussed. Additionally, a 
detailed tabular overview of the 31 studies is provided.    
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Chapter 2  
Investigation of Kinetic Isotopic Fractionation of Water 
during Bare Soil Evaporation 
 
 
 
 
 
 
 
 
 
 
 
 
Based on the journal article: 
Quade, M. Brüggemann, N. Graf, A. Vanderborght, J. Vereecken, H. and Rothfuss, Y. 2018: 
Investigation of Kinetic Isotopic Fractionation of Water during Bare Soil Evaporation, Water Resources 
Research 54, 6909-6928, https://doi.org/10.1029/2018WR023159 
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2.1 Introduction 
Kinetic isotopic effects during evaporation (E) greatly impact the stable isotopic composition (δ) of 
environmental water pools (e.g., soil, plant, surface waters, groundwater, and atmospheric water vapor) 
and fluxes (e.g., evaporation and plant transpiration) (Horita et al. 2008, Sprenger et al. 2016, Xiao et al. 
2017). A better understanding of the implications of these effects, in addition to the well characterized 
equilibrium effects (Majoube 1971, Lin and Horita 2016), is required for using the isotopologues 
1H2H16O and 1H218O as tracers of processes in the water cycle. 
The kinetic fractionation factor (αK) introduced in the Craig and Gordon (1965) model is theoretically 
defined as the ratio of the transport resistances from the evaporating water surface to the ambient air of 
1H2H16O or 1H218O to that of the most abundant isotopologue 1H216O. The same authors first 
experimentally determined αK to be inversely proportional to the ratio of the molecular diffusivities of 
1H216O and of either 1H2H16O or 1H218O. Dongmann et al. (1974) proposed the following expression, 
assuming that (i) turbulent transport was a non-fractionating process and (ii) molecular diffusion 
resistances were inversely proportional to the nth power of the corresponding diffusivities (D):    
𝛼K = (
𝐷w
𝐷i
)
𝑛
          (2.1) 
where w stands for 1H216O and i for either 1H2H16O or 1H218O. The dimensionless exponent n accounts 
for the aerodynamic regime above the liquid–vapor interface (i.e., where the relative humidity is 100%). 
While the diffusivity ratio is considered constant in Eq. (2.1), n ranges from 0.5 (fully turbulent) to 1 
(fully diffusive), with a value of 2/3 corresponding to laminar flow conditions (Dongmann et al. 1974). 
From two independent methods (i.e., evaporation of water under laminar flow conditions and water vapor 
transport through a diffusion tube), Merlivat (1978) determined the ratio of diffusivities Dw/Di to be equal 
to 1.0251 and 1.0285 for 1H2H16O and 1H218O. These results disagree with those obtained from the kinetic 
theory of gases (i.e., 1.0168 and 1.0323) and were then explained to be due to different collision 
diameters of 1H216O, 1H2H16O, and 1H218O. It was only much later that Cappa et al. (2003) reconciled 
these observed differences with the kinetic theory by invoking water surface cooling during evaporation, 
as measured by Fang and Ward (1999), that plays a crucial role in fractionation of evaporating water. 
More recently, Luz et al. (2009) conducted evaporation experiments in air, argon, and helium, over 10 
to 70 degrees temperature range, and found results similar to those of Merlivat (1978). Their experiments 
confirmed that these discrepancies could not be due to different collision diameters of the three 
isotopologues.  
Even though the values to be used for Dw/Di seem to have reached a certain consensus in the isotopic 
community (currently, the most widely used are those of Merlivat (1978), see review of Horita et al. 
(2008)), the value for n can only be either an educated guess by the user (depending on the aerodynamic 
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conditions prevailing between the evaporation front and the free atmosphere) or deduced quantitatively 
from atmospheric measurements (e.g., wind velocity) and the application of an evaporation model (e.g., 
Merlivat and Jouzel 1979). 
Rothfuss et al. (2012) suggested that n should vary in time for an evaporating soil even if atmospheric 
conditions remained the same: the non-saturated air layer developing at the soil surface enhances purely 
diffusive transport of water vapor and its isotopologues towards the free atmosphere, leading to a 
progressive increase of n.  
Unfortunately, direct laboratory or in situ measurements of kinetic fractionation factors during soil 
evaporation by applying the Craig and Gordon (1965) model (Braud et al. 2009a, Braud et al. 2009b, 
Rothfuss et al. 2012, Dubbert et al. 2013), suffer from the following two issues:  
(i) The isotopic composition of the net evaporation flux (δE, expressed in ‰ on the VSMOW scale, 
Gonfiantini (1978) has to be disentangled from the isotopic composition of the background 
atmosphere (δa). This is now facilitated by the emergence of laser absorption spectrometry applied 
to chamber measurements (Dubbert et al. 2013, Dubbert et al. 2014, Dubbert et al. 2017) or the 
‘Keeling plot’ approach (Keeling 1958, Iannone et al. 2010, Good et al. 2014). Under controlled 
conditions in the laboratory (Braud et al. 2009b, Rothfuss et al. 2010, Rothfuss et al. 2012), δE can 
then directly be measured, while environmental conditions simulated in such climatic chambers 
may not be encountered in nature; 
(ii) The time-consuming and labor-intensive methods frequently used for the determination of soil liquid 
water isotopic composition (𝛿s
l), i.e., destructive sampling and vacuum distillation or direct 
equilibration methods (Araguás-Araguás et al. 1995, Garvelmann et al. 2012, Orlowski et al. 2013) 
do not allow frequent measurements of soil water isotopic composition. However, Rothfuss et al. 
(2013), Volkmann and Weiler (2014) and Gaj et al. (2016) recently developed non-destructive 
methods for monitoring 𝛿s
l  online with high precision and accuracy via measurements of the soil 
water vapor isotopic composition (𝛿s
v) considering thermodynamic equilibrium at the sampling 
depth. The method of Rothfuss et al. (2013) was further applied in the laboratory (Gangi et al. 2015, 
Rothfuss et al. 2015). 
Rothfuss et al. (2015) also showed that αK could be determined using a simplified formula for the slope 
of the “evaporation line” (i.e., the linear regression of δ18O versus δ2H of the soil liquid water in a dual 
isotope space) derived from the Craig and Gordon (1965) model and first proposed by Gat (1971). This 
method (referred to as “G71”) has the advantage over the Craig and Gordon (1965) model (referred to 
as “CG65”) that it only relies on measurements of δa, 𝛿s
l   and not on measurements of δE. 
In this study, we determined αK by applying both CG65 and G71 formulas in an inverse mode during a 
soil evaporation experiment conducted in the laboratory. The abovementioned limitations of the isotopic 
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methodology were overcome with (i) a Keeling plot technique for the determination of δE and (ii) by 
using the method of Rothfuss et al. (2013) for the non-destructive determination of 𝛿s
v.  
 
2.2 Material and methods 
2.2.1 Soil measurements 
The evaporation experiment was carried out using the setup of Gangi et al. (2015) which consists of a 
0.127 m3 PVC tube (0.48 m in diameter, 0.70 m height) sealed at the bottom (Figure 2.1a) and coated 
with insulating sheets (ArmaflexTM, 0.05 m wall thickness, Armacell International S.A., Luxembourg). 
Three connecting ports were available at six different depths (i.e., –0.01, –0.03, –0.07, –0.15, –0.30, and 
–0.57 m): one inlet for the carrier gas, i.e., synthetic dry air (20.5 % O2 in N2 with approx. 20–30 ppmv 
water vapor, Air Liquide, Germany), one sample air outlet, and one duct for a combined soil volumetric 
water content (θs) and temperature (Ts) probe (SMT-100, truebner GmbH, Neustadt, Germany; precision 
for soil water content and temperature was 3% and 0.2°C, respectively). Each gas inlet and outlet were 
connected to a 0.3 m long piece of microporous polypropylene tubing (Accurel® PP V8/2HF, Membrana 
GmbH, Germany). The tubing is water-tight, yet gas-permeable (pore size of 0.2 µm) and allows the 
sampling of soil water vapor and the measurement of 𝛿s
l in a non-destructive manner with high precision 
and accuracy as detailed in Rothfuss et al. (2013).  
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Figure 2.1  
Experimental setup: (a) PVC soil monolith with system for applying water suction at the bottom, atmosphere 
column, and available measurements; (b) experimental setup for sampling water vapor at the different soil depths, 
from the two soil water standards, and from the atmosphere. 
 
 
The soil column was filled with a silt loam soil (20.1 % sand, 65 % silt, 14.9 % clay) sieved to 2 mm 
grain size and dried at 110°C for 24 hours. The soil column was saturated with water of known isotopic 
composition from the bottom through a perforated acrylic glass plate covered with a water-permeable 
nylon membrane (ecoTech Umwelt-Messsysteme GmbH, Bonn, Germany) by applying slight 
overpressure from an external tank.  
Two soil water isotopic standards were prepared using the same setup as Rothfuss et al. (2013), 
consisting of a 2.57 l volume airtight acrylic glass cylinder. These two vessels were filled and packed 
with the same silt loam soil and saturated with one of the two standard waters of isotopic composition 
𝛿st1
l  (δ2H = –1.5 ‰, δ18O = 7.2 ‰) and 𝛿st2
l  (δ2H = –103.2 ‰, δ18O = –21.3 ‰), respectively. The 
saturated soil water volumetric content (θsat) value was determined from the ratio of the volume of water 
needed for saturation and the volume of the soil water isotopic standards and was equal to 0.45 m3 m–3. 
The residual water content value was θres = 0.00 m3 m–3 (Lutz Weihermüller, personal communication) 
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2.2.2 Atmospheric measurements 
A second PVC tube of the same dimensions and open at both ends was installed gastight on top of the 
tube with the soil monolith. Atmospheric water vapor could be sampled at six different heights above 
the soil surface (0.01, 0.03, 0.07, 0.15, 0.30, and 0.57 m) inside the air column. In addition, the 
surrounding atmospheric water vapor was sampled at 1.00 m above the soil surface, i.e., outside of the 
column’s volume. Air relative humidity (h, %) and temperature (Ta, °C) were monitored at the same 
height with a RFT-2 sensor (Meter Group, Munich, Germany; precision of relative humidity and 
temperature measurements was 2 % and 0.1°C, respectively). 
2.2.3 Sampling protocol 
𝛿s
l  was determined from 𝛿s
v measurements three times a day at each depth of the soil column according 
to the method developed and described by Rothfuss et al. (2013). 85 ml min-1 of dry synthetic air was 
directed through the permeable tubing for 30 min. The sampled soil water vapor was diluted with dry 
synthetic air (Figure 2.1b) in order to (i) reach a water vapor mixing ratio ranging between 10,000 and 
15,000 ppmv and (ii) to generate an excess flow upstream of the cavity ring-down laser spectrometer 
(L2120-i, Picarro, Inc., Santa Clara, CA, USA) to avoid any contamination of sample air with ambient 
air. A 30 min sampling duration was required to reach steady state values for both 𝛿2HS
v and 𝛿18OS
v for 
a period of at least 10 min. These last 10 min (corresponding to approx. 385 observations) were used to 
compute the 𝛿s
v mean value. Computed mean values with standard deviations >2 ‰ and >0.5 ‰ for 
𝛿2HS
v and 𝛿18OS
v, respectively, were not taken into account in the analysis as they pointed to, e.g., 
condensation in the tubing system. Water vapor mixing ratio dependencies of the laser spectrometer 
isotopic composition readings (Schmidt et al., 2010) were accounted for by computing the theoretical 𝛿s
v 
values at 10,000 ppmv. Finally, the corresponding 𝛿s
l  values were calculated at the measured soil 
temperature (Rothfuss et al. 2013): 
1H2H16O:  𝛿s
l = 104.96 − 1.0342 ∙ 𝑇s + 1.0724 ∙ 𝛿s
v     (2.2a) 
1H1H18O:  𝛿s
l = 11.45 − 0.0795 ∙ 𝑇s + 1.0012 ∙ 𝛿s
v     (2.2b) 
where TS is the soil temperature in °C. 
δa was measured three times a day at each available height above the soil surface. Air was sampled at a 
rate of 200 ml min-1 for 15 min. This flow rate was chosen to minimize (i) memory effects due to the 
volume of the tubing system between air intake and the laser spectrometer and (ii) disturbance inside the 
air column. The threshold flow rate value below which sampling from one of the three lowest 
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atmospheric layers (i.e., centered at 0.01, 0.03, and 0.07 m above the soil surface) did not impact the 
other (or the other two) was estimated at 241 ml min–1. This threshold value corresponded to the volume 
of a cylindrical air layer with 0.02 m height (3619 ml) divided by the sampling duration (15 min). The 
last three minutes (corresponding to approx. 115 observations) were used to compute the mean value of 
the isotopic composition of atmospheric water vapor (δa) which was, as for 𝛿s
v, corrected for water vapor 
mixing ratio dependency. δa and 𝛿s
l values were finally corrected for a potential laser analyzer drift using 
the isotopic compositions 𝛿st1
l  and 𝛿st2
l  of the two water standards as anchor points. 
Water vapor of the atmosphere column, of both soil standards, and from the different tubing sections in 
the soil column were sampled sequentially in the following order: standard1 – standard2 – soil (–0.60 
m) – atmosphere (0.01 m) – soil (–0.03 m) – atmosphere (0.30 m) – soil (–0.15 m) – atmosphere (0.60 m) 
– soil (–0.30 m) – atmosphere (0.03 m) – soil (–0.07 m) – atmosphere (0.15 m) – soil  (–0.01 m) – 
atmosphere (0.07 m) – atmosphere (1.00 m) – standard1  – standard2. This order was chosen to avoid 
consecutive sampling of neighbor atmospheric heights and soil depths. The 5.75 hour-long sampling 
sequence was completed by 2.25 hours of sampling the atmosphere at 1.00 m and the whole was repeated 
three times per day (i.e., to add up to a 24 hour-long daily sampling period).  
2.2.4 Determination of δE and δEF for the computation of αK from the Craig and 
Gordon model 
Using the classical approach of Rideal-Langmuir (Sverdrup 1952), Craig and Gordon (1965) modeled 
the evaporation of 1H2H16O and 1H218O from a free surface water body through a series of consecutive 
layers as the ratio of isotopic composition differences and transport resistances. When we apply this 
model to soil pore water we derive the following expression for the isotopic kinetic fractionation factor 
αK: 
𝛼K =
(𝛿EF+1)
𝛼eq
−ℎ′(𝛿a+1)
(1−ℎ′)(𝛿𝐸+1)
          (2.3) 
where δEF is the isotopic composition of the soil liquid water at the evaporation front (e.g., the surface 
under fully saturated conditions) and δa is the vapor isotopic composition of the laboratory air measured 
at 1 m height above the soil column. αeq is the isotopic equilibrium fractionation factor between soil 
liquid and vapor at the soil temperature TS (Majoube 1971) and h’ is the relative humidity of the air 
normalized to the saturated vapor pressure (Psat [Pa]) (Soderberg et al. 2012) at the temperature of the 
evaporation front TEF:  
ℎ′ = ℎ
𝑃sat(𝑇a)
𝑃sat(𝑇EF)
          (2.4) 
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where h [%] is the relative humidity in the laboratory.  
δE was determined with a Keeling plot approach (Keeling 1958) considering the moisture inside the air 
column (of volumetric concentration Ccol [kg m-3] and isotopic composition δcol) as a mixture of 
evaporated soil moisture (of concentration CE [kg m-3] and isotopic composition δE) and laboratory air 
moisture (of concentration Ca [kg m-3] and isotopic composition δa, measured at 1 m height above the 
soil surface): 
𝛿col =
1
𝐶col
[𝐶a(𝛿a − 𝛿𝐸)] + 𝛿𝐸         (2.5a) 
The laser spectrometer measures water vapor mixing ratios (MR, -, usually expressed in ppmv) rather 
than concentrations. Assuming that Ca/Ccol ≅ MRa/MRcol, where MRa and MRcol are the water vapor 
mixing ratios measured in the ambient laboratory air (a) and in the atmospheric column (col), Eq. (5a) 
becomes:  
𝛿col ≅
1
𝑀𝑅col
[𝑀𝑅a(𝛿a − 𝛿𝐸)] + 𝛿𝐸        (2.5b) 
δE was determined from the y-intercept of the linear regression between δcol and 1/MRcol. Only significant 
linear relationships with a p-value lower than 0.05 were used (an exemplary Keeling plot is shown in 
Fig. B1 of Appendix B).  
Another approach to calculate αK used the slope of the so-called “evaporation line” (SE) proposed by Gat 
(1971): 
𝑆𝐸 =
[ℎ(𝛿𝑎−𝛿𝑠𝑖𝑛𝑖𝑡
𝑙 )+ 𝜀𝑒𝑞 + ∆𝜀]
𝐻 
2
[ℎ(𝛿𝑎−𝛿𝑠𝑖𝑛𝑖𝑡
𝑙 )+ 𝜀𝑒𝑞 + ∆𝜀]
𝑂 
18
          (2.6) 
where 𝛿sinit
l  is the initial soil liquid water isotopic composition (e.g., before water vapor is removed from 
the soil via evaporation). εeq is the equilibrium enrichment, i.e., the deviation of αeq from unity. ∆ε is the 
kinetic isotopic effect which is associated with the 1H2H16O and 1H218O vapor transport. Under the 
assumptions that (i) the turbulent transport is a non-fractionating process and that (ii) the ratio of the 
molecular resistance to the total resistance equals one, ∆ε is defined as (Gat 1996): 
∆𝜀 = (1 − ℎ) (
𝐷𝑤
𝐷𝑖
− 1) 𝑛         (2.7) 
Rearranging Equations (2.6) and (2.7) gives the following expression for n:  
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𝑛 =  
[ℎ(𝛿𝑎
 
 −𝛿𝑠𝑖𝑛𝑖𝑡
𝑙 )+ 𝜀𝑒𝑞
 
 
]
𝐻 
2 −𝑆𝐸[ℎ(𝛿𝑎
 
 −𝛿𝑠𝑖𝑛𝑖𝑡
𝑙 )+ 𝜀𝑒𝑞
   ]
𝑂 
18
(1−ℎ)(𝑆𝐸(
𝐷𝑤
𝐷18𝑂
−1)−(
𝐷𝑤
𝐷2𝐻
−1))
       (2.8) 
Mathieu and Bariac (1996) proposed a formulation incorporating the soil surface water content (θEF, in 
m3 m-3) to simulate the evolution of n. The latter is modeled to range from na = 0.5, i.e., soil is saturated 
at the evaporation front and evaporation is atmosphere controlled (θEF = θsat = 0.45 m3 m-3), to nS = 1, 
i.e., soil water content at the evaporation front reaches the residual value and evaporation is soil-
controlled (θEF = θres = 0.00 m3 m-3): 
𝑛 =
(𝜃EF−𝜃res)𝑛a+(𝜃sat−𝜃EF)𝑛s
𝜃sat−𝜃res
           (2.9) 
Due to the fact that the computation of αK with the different methods relies on simultaneous 
measurements of δEF, δa, and δE, synchronous values for all three variables were determined from the 
measured values by linear interpolation for time points 04:00, 12:00, and 20:00 hours each day and used 
for the calculation of αK. The time gap between the actual measurements and interpolated data ranged 
between 0.25 and 4 hrs. 
In this study, αK was (i) calculated with the Craig and Gordon (1965) model (Equation (2.3), method 
“CG65”) and (ii) determined from SE values measured at a daily temporal step (Equations (2.1) and (2.8), 
method “G71”). For the latter method values of diffusivity ratios Dw/Di were taken from Merlivat (1978). 
The αK estimates derived from CG65 and G71 were compared to those of Mathieu and Bariac (1996) 
(Eq. 9) by calculating the model-to-data fit (root mean square error – RMSE). The proportion of αK 
estimates falling into the theoretical range (corresponding to 0.5<n<1) of Dongmann et al. (1974) was 
determined by calculating the hit rate (Doswell et al. 1990). Note that αK values outside the theoretical 
range but for which either αK +1standard error or αk –1 standard error fell into the theoretical range was 
counted as a hit. The error associated with the calculation of αK was determined by taking into account 
the effect of all variable and parameter uncertainties, i.e., by propagation of errors, and is detailed in 
Appendix C.   
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Table  2.1 
Overview on equations used in this study to calculate the kinetic fractionation factor with their corresponding 
references. 
 
Reference 𝛂𝐊 n 
Dongmann et 
al. (1974) 𝛼K = (
𝐷w
𝐷i
)
𝑛
 
n = 0.5 (fully turbulent) 
n = 2/3 (laminar) 
n = 1 (fully diffusive) 
Mathieu and 
Bariac (1996) 𝛼K = (
𝐷w
𝐷i
)
𝑛
 𝑛 =
(𝜃EF − 𝜃res)𝑛a + (𝜃sat − 𝜃EF)𝑛s
𝜃sat − 𝜃res
 
Gat (1971) 
(G71) 𝛼K = (
𝐷w
𝐷i
)
𝑛
 𝑛 =  
[ℎ(𝛿𝑎
 
 
− 𝛿𝑠𝑖𝑛𝑖𝑡
𝑙 ) +  𝜀𝑒𝑞
 
 
]
𝐻 
2
− 𝑆𝐸[ℎ(𝛿𝑎
 
 
− 𝛿𝑠𝑖𝑛𝑖𝑡
𝑙 ) +  𝜀𝑒𝑞
   ] 𝑂 18
(1 − ℎ) (𝑆𝐸 (
𝐷𝑤
𝐷18𝑂
− 1) − (
𝐷𝑤
𝐷2𝐻
− 1))
 
Craig and 
Gordon 
(1965) (CG65) 𝛼K =
(𝛿EF + 1)
𝛼eq
− ℎ′(𝛿a + 1)
(1 − ℎ′)(𝛿𝐸 + 1)
 - 
 
 
 
2.2.5 Sensitivity of αK to aerodynamic conditions 
The sensitivity of αK to (i) the aerodynamic conditions prevailing in the laboratory and to (ii) the 
development of a dry soil surface layer was investigated during three successive experiments, lasting 40 
days each. In a first experiment (E1), the soil column was initially saturated with water (θ = 0.45 m3 m-3 
across all depths). In a second experiment (E2), water was withdrawn from the bottom after re-saturation 
of the soil column until water content reached 0.25 m3 m-3 at the soil surface. Subsequently, in a third 
experiment (E3) water was withdrawn from the bottom after re-saturation until θ = 0.34 m3 m-3 was 
reached at the soil surface. Additionally, the relative humidity and isotopic composition of the laboratory 
air were artificially increased by evaporating 1 L of 2H-enriched water over three days. The isotopic 
composition of the 2H-enriched water solution was linearly extrapolated at δ2H = 4469370.0 ±611811.0 
‰ and δ18O = 2507.9 ±327.0 ‰ from a series of dilution experiments with the standard 1 liquid water 
(i.e., of isotopic composition 𝛿st1
l ).  
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2.3 Results 
2.3.1 Atmosphere column 
Figure 2.2a shows the evolution of the laboratory air temperature and relative humidity during all three 
experiments. Figure 2.2a underlines the semi-controlled conditions prevailing during the experiments, 
i.e., both Ta and h fluctuated on a daily basis in response to outside weather conditions. The mean Ta 
(resp. h) value during E1, E2, and E3 was 19.6 ±0.9°C (37.9 ±5.3%), 21.8 ±1.3°C (45.4 ±4.6%), and 
20.2 ±0.9°C (52.1 ±3.25%), respectively. E1 was started on 22 February 2017 (Day of Experiment, DoE 
1) and ran until 2 April 2017 (DoE 40). Here we observed the lowest mean Ta and h values compared to 
E2 and E3. E2 was conducted in the late spring/early summer (from 3 May 2017 to 11 June 2017) which 
was characterized by rapidly changing weather conditions (until DoE 92) and by dry and hot conditions 
(from DoE 92 to 110). Highest values for h were observed during E3, which was carried out from 30 
August 2017 to 8 October 2017.  
The isotopic composition of the atmospheric water vapor (δ2Ha and δ18Oa) inside the atmosphere column 
and at 1 m above the soil surface almost exclusively varied during E1 and E2 due to changing weather 
conditions outside the laboratory (Fig. 2.2b and c). In E2 from DoE 86 to DoE 87, strong fluctuations of 
δ2Ha and δ18Oa occurred due to a late spring storm. Following the labeling pulse, δ2Ha (δ18Oa) increased 
from –130.0 ±1.3 ‰ (–17.4 ±0.2 ‰) on DoE 211 to –7.2 ±1.4 ‰ on DoE 213 (–16.1 ±0.3 ‰ on DoE 
215) at height 0.01 m (E3). Note that water vapor mixing ratio and isotopic compositions data at height 
0.01 m in the atmospheric column was not available during E1 due to technical problems.  
2.3.2 δ18O-δ2H relationship for laboratory air water vapor and soil liquid water  
Figure 2.3 displays the isotopic composition results for laboratory air water vapor (blue symbols) and 
soil liquid water (red symbols) in dual isotopic (δ18O, δ2H) plots. The slope values of the linear regression 
(LRS) fitted to the atmospheric data were 6.1, 7.0, and 6.2 for E1, E2, and E3 (excluding the data during 
the 2H labeling period; black dots), respectively, which was significantly lower than the slope of the local 
meteoric water line (black dashed line; Andreas Lücke, personal communication). This was certainly 
due to the fact that a significant portion of the laboratory air humidity was provided by the evaporation 
of soil water (characterized by lower LRS slopes due to kinetic effects). Similar results were observed 
by Rothfuss et al. (2015). 
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Figure 2.2 
(a): Time series of temperature (Ta, °C) and relative humidity (h, %) of the ambient air in the laboratory (sampled 
one meter above the soil surface, i.e., outside the atmosphere column); (b): time series of the hydrogen (δ2Ha, ‰) 
and (c) oxygen (δ18Oa, ‰) stable isotopic compositions of the water vapor across heights within the atmosphere 
column for experiments E1 to E3. Grey shaded stripes indicate missing data due to encountered technical problems.  
 
 
Figure 2.3 
Measurements of the laboratory air water vapor isotopic composition (blue symbols) 1 m above the soil surface 
and soil liquid water isotopic composition (red: –0.01 m; dark orange: –0.03 m; orange: –0.07 m; light orange: –
0.15 m; dark yellow: –0.30 m; yellow: –0.60 m) from all depths along with their respective linear regression lines 
(atmosphere: blue solid line; soil: red solid line) in dual isotopic plots for experiment (a) E1, (b) E2, and (c) E3. 
Data collected in the period following the 2H labeling pulse (black symbols) were excluded from the regression for 
E3 (c). Linear regression slopes (LRS) and coefficients of determination (R²) as well as the equation for the local 
meteoric water line (LMWL) are reported (black dotted line). 
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The slope of the δ18O-δ2H relationship for soil liquid water remained unchanged during E1 and E2 (LRS 
≈ 4.4, with R2≈1, p-value = 0.00) and within the expected theoretical range (Sprenger et al. 2016). The 
labeling of the laboratory air moisture in E3 had a remarkable influence on the water isotopic 
composition of the upmost soil layer. As a consequence, the LRS slope was significantly higher (7.0, R2 
= 0.96, p-value=0.00), which highlighted the influence of the laboratory air water vapor on the isotopic 
composition of the soil water within the column.  
2.3.3 Soil and atmospheric profiles  
Figure 2.4 shows the vertical profiles of laboratory air mixing ratio (MR) (Fig. 2.4a), soil water content 
(Fig. 2.4d) and isotopic compositions (Fig. 2.4b-c,e-f) measured during E1. Water vapor MR was nearly 
constant across sampling heights above 0.03 m. Water vapor MR and isotopic composition profiles 
shifted during the course of the experiment towards higher values. The hydrogen (oxygen) isotopic 
composition of the water vapor in the atmosphere column δ2Hcol (δ18Ocol) below 0.03 m was higher 
(lower) than that of the laboratory air. The direct influence of fractionating evaporation on the water 
vapor isotopic compositions could be measured near the soil surface only (i.e., at 0.01, 0.03 and 0.07 m 
heights). The differences between δcol heights at 1 m and 0.01 m were greater at the beginning of the 
experiment when there was a water film on the soil surface which was evaporating freely. 
Figure 2.4d-f illustrates the soil water content (θ) profiles and the corresponding soil liquid water δ2H 
and δ18O during E1. The soil surface water content (i.e., measured at –0.1 m, θsurf) was stable throughout 
E1 and decreased slightly from 0.45 m³ m–³ (saturated initial conditions) to 0.42 m³ m–³ (DoE 40). During 
the first 30 days, only the first 0.05 m of soil was impacted by evaporation, i.e., soil water content value 
decreased from 0.45 (DoE 1) to 0.42 m3 m-3 (DoE 30), while θ remained nearly constant in soil layers 
below 0.30 m. During the last 10 days of E1, the soil dried faster at 0.30 m depth compared to the other 
soil layers. The mean evaporation rate computed by mass balance from the temporal changes of the θ 
profiles over the 40 days of experiment was 0.41 mm d–1. Soil liquid water (Fig. 2.4e and 2.4f) became 
isotopically enriched at the surface relative to the deeper layers, with 𝛿2Hs
l  (𝛿18Os
l ) increasing from –
47.0 ±1.6 ‰ (–6.2 ±0.2 ‰) to –8.9 ±1.5 ‰ (2.2 ±0.2 ‰) at –0.01 m.  
During E2 the water vapor MR and isotopic composition (Fig. 2.5a-c) profiles behaved similarly as 
during E1. Due to the drier soil (compared to E1) the observed gradient in MR between the column 
atmosphere at 0.01 m and the ambient laboratory air at 1.00 m was significantly smaller. The soil dried 
almost uniformly (Fig. 2.5d) across the profile from 0.25 to 0.22 m³ m–³. The calculated mean 
evaporation rate (0.59 mm d–1) was significantly higher than during E1 although the soil was much drier 
(Fig. 2.2). This can be explained by a greater vapor pressure deficit (due to higher temperature and 
comparable relative humidity) of the laboratory air and by the existence of capillary rise. Maximum 
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depth gradients of soil liquid water isotopic composition (∆(𝛿2Hs
l )/∆z, where z stands for soil depth) 
were observed in the upmost soil layer (0.01 m), indicating that the evaporation front was located at the 
soil surface (Rothfuss et al., 2015). At depth 0.01 m,  𝛿2Hs
l  (𝛿18Os
l ) ranged between –30.9 ±1.5 ‰ (–2.9 
±0.2 ‰) and –9.6 ±1.6 ‰ (1.4 ±0.2 ‰).  
During E3, water vapor MR in the laboratory was slightly higher compared to during E1 and E2 (Fig. 
2.6a). The 2H labeling pulse led to an enrichment of the atmosphere column water vapor of –12.9 ‰ (at 
height 1 m) on DoE 213. Afterwards, the δ2Ha profiles returned to their normal range (–149.7 ‰ < δ2Ha 
< –122.3 ‰ at 1 m height) before labeling. In E3, the soil dried almost uniformly across depths from 
0.38 to 0.32 m³ m–³ (Fig. 2.6d) with a mean evaporation rate of 1.14 mm d–1.  𝛿2Hs
l (–0.01 m) varied from 
–53.4 ±1.5 ‰ (DoE 190) to –18.7 ±1.6 ‰ (DoE 206) (maximum value observed after the 2H labeling 
pulse) and decreased to –33.1 ±1.7 ‰ (DoE 229). 𝛿18Os
l  increased from –7.4 ±0.2 ‰ at the beginning 
of the experiment to –4.1 ±0.2 ‰ at DoE 229.  
 
 
 
Figure 2.4 
Experiment 1 (day of experiment – DoE 1 to 40): profiles of (a) water vapor mixing ratio (MR) and (b) hydrogen 
and (c) oxygen isotopic compositions (δ2Ha and δ18Oa) in the atmosphere column across heights. Profiles of (d) soil 
water volumetric content (θ, m³ m–³) and (e) hydrogen and (f) oxygen isotopic compositions (δ2Hs and δ18Os) across 
depths. 
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Figure 2.5 
Experiment 2 (day of experiment – DoE 71 to 110): profiles of (a) water vapor mixing ratio (MR) and (b) 
hydrogen and (c) oxygen isotopic compositions (δ2Ha and δ18Oa) in the atmosphere column across heights. 
Profiles of (d) soil water volumetric content (θ, m³ m–³) and (e) hydrogen and (f) oxygen isotopic compositions 
(δ2Hs and δ18Os) across depths.  
 
 
Figure 2.6 
Experiment 3 (day of experiment – DoE 190 to 229): profiles of (a) water vapor mixing ratio (MR) and (b) hydrogen 
and (c) oxygen isotopic compositions (δ2Ha and δ18Oa) in the atmosphere column across heights. Profiles of (d) soil 
water volumetric content (θ, m³ m–³) and (e) hydrogen and (f) oxygen isotopic compositions (δ2Hs and δ18Os) across 
depths.  
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2.3.4 Isotopic composition of evaporation and kinetic fractionation factor 
As a consequence of the progressive water isotopic enrichment in the upper soil layers (Fig. 2.7a and b), 
δ2HE increased with time from –149.7 ±2.9 ‰ to –82.2 ±8.2 ‰ during the first 40 days of experiment, 
whereas δ18OE increased from –40.9 ±3.0 ‰ to –26.2 ±2.8 ‰ in the same time. αK mean values (Table 
2.2) obtained with the CG65 method were 1.0375 ±0.0049 and 1.0238 ±0.0034 for 1H2H16O and 1H218O, 
respectively. Only 4% of the calculated 𝛼K
2H, but 100% of the 𝛼K
18Ovalues were within the theoretical 
range given by Dongmann et al. (1974). By using the G71 method, the mean 𝛼K
2H value was equal to 
1.0132 ±0.0011, while the mean 𝛼K
18O value was 1.0149 ±0.0012, with a hit rate of 96 % (92 % for 𝛼K
2H). 
A trend in both data as simulated by the model of Mathieu and Bariac (1996) was not visible. As a 
measure of model-to-data fit, the root mean square error (RMSE) was estimated at 0.0247 for 𝛼K
2𝐻 and 
0.0096 for 𝛼K
18𝑂 (CG65), and 0.0009 for 𝛼K
2H and to 0.0011 for 𝛼K
18O (G71), respectively.  
During E2 (Fig. 2.8), water in the upper soil layers was initially isotopically enriched compared to that 
of the deeper soil layers, and the enrichment increased continuously. δE showed no significant (upward) 
trend during the course of experiment and was on average –88.6 ±8.2 ‰ (δ2HE) and –24.2 ±2.2 ‰ 
(δ18OE). The observed decrease of δ2Ha and δ18Oa between DoE 85 and 87 translated into an increase of 
the computed values of δ2HE and δ18OE, and ultimately to a decrease of αK2H and αK18O estimates. Mean 
αK values were 1.0386 ±0.005 and 1.0232 ±0.0052 for 1H2H16O and 1H218O, respectively, when using 
CG65. The hit rate for 𝛼K
2H (αK18O) values was 3% (100%) and the RMSEs were 0.0208 (0.0055) for 
𝛼K
2H (𝛼K
18O). By using the G71 method, the mean 𝛼K
2H and 𝛼K
18O values were 1.0132 ±0.0015 and 1.0149 
±0.0017, respectively. 84 % and 90 % of the values were within the theoretical range, and the RMSEs 
were 0.0054 and 0.0061 for 1H2H16O and 1H218O, respectively. During E2, the isotopic kinetic 
fractionation factor increased with a slope of 0.0001 d–1 for both isotopologues using the G71 method, 
while in the case of using the CG65 no systematic increase was observed. 
In E3 (Fig. 2.9), δ2HE (δ18OE) increased from –155.5 ±7.0 ‰ (–37.2 ±5.0 ‰) on DoE 190 to –
47.6 ±3.3 ‰ (–5.7 ±0.6 ‰) on DoE 210. The 2H labeling pulse on DoE 211 caused two depleted values 
for δ2HE (i.e., –166.6 ±39.0 ‰ on DoE 212 and –149.1 ±40.9 ‰ on DoE 213). Before and after this peak, 
the δ2HE (δ18OE) mean value was –60.9 ±7.0 ‰ (–9.1 ±1.1‰). The mean 𝛼K
2H was 0.9887 ±0.0336 and 
was affected by the rapid change in δ2HE and δ2Ha shortly following the labeling pulse (DoE 212) and 
reached a minimum value of 0.87 ±0.01. 𝛼K
18O was not significantly impacted by the labeling pulse using 
the CG65 model, yielding a mean value of 1.0011 ±0.0051. The associated hit rate was 15% for αK2H 
values and 8% for αK18O values. When using the G71 method, 𝛼K
2H and 𝛼K
18O values were affected by the 
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labeling pulse. 𝛼K
2H (𝛼K
18O) values increased up to 1.0391 ±0.002 (1.044 ±0.002) on DoE 212 with mean 
values of 1.0078 ±0.0077 for 𝛼K
2H values and 1.0089 ±0.0086 for 𝛼K
18O values. The hit rate of 𝛼K
2H and 
𝛼K
18𝑂 values decreased to 4%. The RMSE for 𝛼K
2H (𝛼K
18O) values was 0.0434 (0.0187) when considering 
CG65, whereas the RMSE for 𝛼K
2H (𝛼K
18O) values decreased to 0.0061 (0.0061) when considering G71.  
 
Table 2.2 
Mean kinetic fractionation factor (αK) values, hit  rate (%), i.e., the proportion of αK estimate lying within 
the theoretical range (1.0125<αK
2H<1.0251 and 1.0141<αK
18O<1.0285) and goodness of fit (RMSE) 
between αK estimates and simulated values using the model of Mathieu and Bariac (1996). “CG65” and 
“G71” refer to the two different methods of calculation of αK values. 
 
 E1 E2 E3 
 𝛼K
2H 𝛼K
18O 𝛼K
2H 𝛼K
18O 𝛼K
2H 𝛼K
18O 
CG65       
mean value 
(±1sd) [-] 
1.0375 
±0.0049 
1.0238 
±0.0034 
1.0386 
±0.005 
1.0232 
±0.0052 
0.9887 
±0.0336 
1.0011 
±0.0051 
hit rate [%] 4 100 3 100 15 8 
RMSE [-] 0.0247 0.0096 0.0208 0.0055 0.0434 0.0187 
G71       
mean value 
(±1sd) [-] 
1.0132 
±0.0011 
1.0149 
±0.0012 
1.0132 
±0.0015    
1.0149 
±0.0012 
1.0078 
±0.0077 
1.0089 
±0.0086 
hit rate [%] 96 92 84 90 4 4 
RMSE [-] 0.0009 0.0011 0.0054 0.0061 0.0061 0.0061 
Mathieu and 
Bariac (1996) 
      
mean value 
(±1sd) [-] 
1.0129 ± 
0.0003 
1.0146 ± 
0.0003 
1.0185 
±0.0003 
1.0209 
±0.0003 
1.0152 ± 
0.0005 
1.0173 ± 
0.0006 
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Figure 2.7 
Experiment 1: Isotopic composition of the soil liquid water (𝛿2HS
l  and 𝛿18OS
l , in ‰) at depth 0.01 m (a-b), of the 
laboratory air water vapor (δ2Ha and δ18Oa in ‰) at 1 m above the soil surface (c-d), of the evaporated water vapor 
(δ2HE and δ18OE in ‰, e-f) calculated with the Keeling plot method (only results with a p-value lower than 0.05 are 
shown); αK results by using the inverse Craig and Gordon (1965) model (method “CG65”, g-h); αK results obtained 
from the value of the slope of the “evaporation line” given by Gat (1971) (method “G71”, i-j). Theoretical ranges 
of αK values are represented by the grey shaded horizontal stripes, and results of the model of Mathieu and Bariac 
(1996) are displayed for comparison (black stars). 
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Figure 2.8 
Experiment 2: Isotopic compositions of the soil liquid water (𝛿2HS
l  and 𝛿18OS
l , in ‰) at depth 0.01 m (a-b), of the 
laboratory air water vapor (δ2Ha and δ18Oa in ‰) at 1 m above the soil surface (c-d), of the evaporated water vapor 
(δ2HE and δ18OE in ‰, e-f) calculated with the Keeling plot method (only results with a p-value lower than 0.05 are 
shown); αK results by using the inverse Craig and Gordon (1965) model (method “CG65”, g-h); αK results obtained 
from the value of the slope of the “evaporation line” given by Gat (1971) (method “G71”, i-j). Theoretical ranges 
of αK values are represented by the grey shaded horizontal stripes and results of the model of Mathieu and Bariac 
(1996) are displayed for comparison (black stars). 
 
 31 
 
 
Figure 2.9 
Experiment 3: Isotopic compositions of the soil liquid water (𝛿2HS
l  and 𝛿18OS
l , in ‰) at depth  0.01 m (a-b), of the 
laboratory air water vapor (δ2Ha and δ18Oa in ‰) at 1 m above the soil surface (c-d), of the evaporated water vapor 
(δ2HE and δ18OE in ‰, e-f) calculated with the Keeling plot method (only results with a p-value lower than 0.05 are 
shown); αK results by using the inverse Craig and Gordon (1965) model (method “CG65”, g-h); αK results obtained 
from the value of the slope of the “evaporation line” given by Gat (1971) (method “G71”, i-j). Theoretical ranges 
of αK values are represented by the grey shaded horizontal stripes and results of the model of Mathieu and Bariac 
(1996) are displayed for comparison (black stars). Note for 9c-j: y-axes scales differ from Figs 2.7 and 2.8. 
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2.4 Discussion 
The coupling between soil gas-permeable tubing and laser-based spectroscopy allowed measuring 𝛿s
l 
profiles in a non-destructive manner during a series of experiments differing in the soil water and 
atmospheric forcing status. We estimated αK values by using the Craig and Gordon (1965) model in an 
inverse mode (method CG65). αK values could also be determined from the approximation of the slope 
of the evaporation line (Gat 1971), also based originally on the Craig and Gordon (1965) model (method 
G71). The main difference between these two approaches is the requirement or not of δE as input variable. 
δE was determined via a Keeling plot approach (Keeling 1958) as the y-intercept of the linear regression 
of δcol versus 1/MRcol. δE is therefore statistically the more accurate (i) the greater the 1/MRcol and δcol 
vertical gradients are, but also (ii) the higher the MRcol values are measured directly above the evaporation 
front (i.e., at 0.01 m height). Mean values of the differences MRcol(0.01) – MRcol(1.00), δ2Hcol(0.01) –  
δ2Hcol(1.00), and δ18Ocol(0.01) –  δ18Ocol(1.00) were equal to 3 045 ppmv, 6.9 ‰, and –1.6 ‰ during 
experiment E1 and equal to 1 988 ppmv, 3.6 ‰, and –0.5 ‰ during E2. We assumed no occurrence of 
water vapor condensation in the atmosphere column, which is a prerequisite for using the Keeling plot 
approach. This was the case under the laboratory conditions, where no measureable temperature gradient 
existed between the atmosphere column and the free laboratory air. This approach also assumes no 
change of δa during the sampling sequence (from 0.01 to 1.00 m). Mean changes of δa during one 
sampling sequence were 2.8 ± 2.1 ‰ (3.3 ± 3.2 ‰) for δa2H (δa18O) and 0.4 ± 0.3 ‰ (0.6 ± 0.5 ‰) during 
E1 and E2. A too strong increase (or decrease) of δa which resulted in a keeling plot linear regression 
with a p-value > 0.05 was systematically excluded from the analyses. Finally, the column air should be 
perfectly mixed at each sampling height in the atmosphere column, i.e., no lateral isotopic gradients 
should exist. Only then is δcol a representative value of the water vapor in the sampled air layer inside the 
atmosphere column. This last assumption could unfortunately not be verified during the experiments as 
it would have required several intake lines at each height. 
One limitation of the experimental setup was the sequential sampling of water vapor across heights in 
the atmosphere column. This reduced the temporal resolution of the δcol profile, with a temporal gap 
between sampling at 0.01 m (closest to the surface) and at 1.00 m (laboratory “free air”) of six hours. As 
the computation of αK values following the CG65 method theoretically requires the simultaneous 
determination of the isotopic composition of soil water and of evaporated water vapor, 𝛿s
land δcol 
measurements across depths and heights were linearly interpolated in time to provide three daily profiles 
(i.e., at 04:00, 12:00, and 20:00 hours). While it was reasonable to assume that change of 𝛿s
l at a given 
depth was a linear function of time, this might be questionable for changes of δcol, even if the conditions 
in the atmosphere column remained close to laminar throughout the experiments. Together with the 
 33 
 
limited temporal resolution, this could have affected the representativeness of δE estimates and ultimately 
those of αK values using the CG65 method.  
Oerter et al. (2017) showed that both soil (gravimetric) water content and clay (gravimetric) content 
should be taken into account for the calculation of 𝛿s
l on basis of 𝛿s 
v. However, in the present study, only 
a temperature correction was applied. On the one hand, the clay content value was the same across soil 
layers in the column as well as in the two soil standards. Therefore, the effect of clay particles on the 
isotopic composition of the equilibrated soil pore water vapor could be neglected. On the other hand, E1, 
E2, and E3 were run under different conditions of soil water availability for evaporation, which would 
require a soil water content correction. However, we can safely assume that the soil water content effect 
on the value of 𝛿s 
v was not visible during the series of experiments. The value of 𝛿s
l  measured at 0.60 m 
depth was constant for all experiments, even though the soil water content was not, i.e., varied between 
0.21 and 0.45 m3 m-3.  
A systematic bias was observed between 𝛼K
2H and 𝛼K
18O estimates during E1 and E2 obtained with the 
CG65 method. While 𝛼K
18O was in general within its theoretical range (1.0141-1.0285, corresponding to 
0.5<n<1), 𝛼K
2H values were almost always higher than 1.0251 (corresponding to the maximum value n=1, 
see Table 2). These differences could be explained by potential underestimation/overestimation of δ2HE. 
The precise characterization of the local gradients of δcol (especially close to the soil surface), on which 
the determination of δE depends, was enabled by finding the optimal combination of sampling duration 
and intake flow rate. On the one hand, greater sampling duration and flow rate values ensure minimizing 
memory effects from previous sampling. On the other hand, they might lead to overlapped sampling, 
e.g., sampling of water vapor at 0.01 and 0.03 m simultaneously from the 0.01 m column intake line. 
Duration and flow rate were set to 15 min and 200 ml min-1, respectively, during all experiments, which 
corresponded to a sampled air layer of 0.016 m height in the atmosphere column, i.e., lower than 0.02 
m, which is the difference between the lowest and second lowest air column sampling height. This 
means, that there was theoretically no overlapped sampling at 0.01 m, where the vertical resolution was 
the greatest. Despite these settings, 𝛼K
2H results might have been, at least partly, influenced by a stronger 
memory effect of the δ2Hcol measurements of the laser spectrometer than for δ18Ocol measurements 
(Schmidt et al. 2010).  
Results of both methods were compared to those of the model of Mathieu and Bariac (1996), which 
conceptualizes the exponent n simply as the mean between the end-member values na (=0.5) and ns (=1.0), 
weighted by the absolute deviation of the soil water content measured at the evaporation front (θEF) from 
residual and saturated water contents (θres and θsat, see Eq. (9)), respectively. This model assumes 
therefore that only fully turbulent conditions occur when the soil is saturated (θEF = θsat, leading to n = 
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na), which is not necessarily the case, i.e., laminar flow boundary conditions can exist in such cases. The 
model of Mathieu and Bariac (1996) also considers that, when the soil is at its driest at the evaporation 
front (θEF=θres, leading to n=ns), molecular diffusion entirely controls water vapor transport to the 
atmosphere. This assumption might also not be justified as it does not take into account the thickness of 
the evaporation front nor the aerodynamic conditions in the free atmosphere above. 
Contrary to CG65 and G71, the model of Mathieu and Bariac (1996) predicted for all experiments steady 
monotonic increases of n (and therefore of αK values) as a consequence of marginal (E1 and E2) or slow 
(E3) decreases of θEF with time. θEF was measured at high temporal resolution and accuracy. The 
determination of θres = 0.00 m³ m-3 and θsat = 0.45 m³ m-3 was not straightforward and, in the present 
study, depended on how well the soil was sieved, homogenized, and finally repacked in the column. The 
overall uncertainty of the calculation of αK values using CG65 obtained from the error propagation 
calculations was 2.9 ‰ (2.4 ‰), 3.6 ‰ (2.6 ‰) and 4.4 ‰ (1.4 ‰) for  𝜶𝐊
𝟐𝐇 (𝜶𝐊
𝟏𝟖𝐎) during E1, E2 and 
E3. This is approximately two times higher than the estimates of the G71 method (1.1 ‰, 1.4 ‰ and 0.8 
‰ for 𝜶𝐊
𝟐𝐇 and 1.3 ‰, 1.5 ‰ and 0.9 ‰ for 𝜶𝐊
𝟏𝟖𝐎 during E1, E2 and E3, respectively). Figures 2.7, 2.8, 
and 2.9 illustrate these observations well. 
The value of n obtained from G71 was by nature less sensitive to the uncertainties associated with 
isotopic input variables (i.e., 𝛿𝑠𝑖𝑛𝑖𝑡
𝑙  and δa, ε, and ∆ε) as it was determined on basis of a ratio of δ18O and 
δ2H data (Eq. (6), Table 1). Since n evolution was determined in a dual isotopic space it was therefore 
common for both isotopologues. As a consequence, for example on DoE 213 (experiment E3) the rapid 
change in δ2HE led to sudden variations of 𝛼K
2H as well as of 𝛼K
18O. G71 results were, in contrast to CG65 
results, always within theoretical ranges. They also matched well the values of the model of Mathieu and 
Bariac (1996) during E1 (RMSE = 0.0009) and reasonably well during E2 (0.0054<RMSE<0.0061). For 
the latter experiment, G71 αK estimates (1.0103 <𝛼K
2H< 1.0161 and 1.0117 <𝛼K
18O< 1.0183) 
systematically plotted below those of the Mathieu and Bariac (1996) model (1.018 < 𝛼K
2H< 1.0189 and 
1.0204 <𝛼K
18O< 1.0215), which would still indicate that turbulent transport of water vapor prevailed, even 
though soil water content was significantly lower. CG65 estimates of 𝛼K
18O were greater than those by 
the model of Mathieu and Bariac (1996) during E1 and E2, and suggest, again contrary to G71 results, a 
more predominant role of molecular diffusion in the transport of water vapor. 
Although relative humidity in the atmosphere has no impact on the value of αK, it partly controls 𝛿s
l via 
the kinetic isotopic effect term introduced in Eq. (7). The primary objective of experiment E3 was to 
significantly increase the relative humidity of the laboratory free air to observe its effect on the soil water 
isotopic enrichment. Even though relative humidity was significantly higher during E3 (52.1 ±3.3%) 
than during E1 (37.9 ±5.3%) and E2 (45.4 ±4.6%), the impact on both soil hydrogen and oxygen water 
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isotopic surface enrichments was not clear before the intrusion of the enriched atmospheric water vapor 
occurred. In contrast, the labeling pulse in E3 was shortly (1 day) followed by the intrusion of laboratory 
air water vapor into the first centimeters of the soil. The maximum δ2Hs value was observed on DoE 215, 
i.e., 3 days after the isotopic composition of the laboratory air reached its maximum value (Fig. 2.9). 
This illustrates how conditions in the atmosphere column contrasted with the well-mixed aerodynamic 
conditions inside the laboratory. The response time of the isotopic composition of soil to the isotopic 
composition of the atmosphere had clear effects on both methods for determining αK values. CG65 and 
G71 systematically underestimated MB96 results after the labeling pulse during E3 (to the exception of 
the DoE 212-213 period for G71). Possible reason for this was the non-attainment of thermodynamic 
equilibrium conditions in the soil pore space at the evaporation front (EF) upon invasion of the enriched 
column air water vapor in the upper soil layers. This could have led to errors in the determination of δEF 
values, and, ultimately in those of δE and αK. 
Only a handful of studies aimed at estimating and/or modeling αK values during bare soil evaporation. 
Braud et al. (2009a) could retrieve 𝛼K
18O values by using the CG65 method as upper boundary condition 
for their soil-vegetation-atmosphere model SiSPAT-Isotope during a series of long-term drying 
experiments in the laboratory. For this, they precisely calibrated the soil water transport module of 
SiSPAT-Isotope. They simulated a general decreasing trend for 𝛼K
18O with highest 
(~1.020<𝛼K
18O<~1.030) values at soil water saturation and lowest values – sometimes even lower than 
1.000 – (0.980<𝛼K
18O<1.020), when the evaporation front was located the furthest away from the soil 
surface. This is inconsistent with both the general belief that n should increase with increasing thickness 
of the soil surface dry layer and decreasing soil water content (Barnes and Allison 1983), and the model 
of Mathieu and Bariac (1996). Rothfuss et al. (2012) determined values for 𝛼K
18O under strictly controlled 
conditions in a climatic chamber, assuming isotopic steady-state evaporation from their soil monolith. 
They calibrated SiSPAT-Isotope using multiple objective functions and found 𝛼K
18O to range between 
1.021 and 1.033. Rothfuss et al. (2015) used the G71 method for determination of both 𝛼K
18O and 𝛼K
2H 
with help of novel online laser spectroscopy and non-destructive monitoring of 𝛿s
l . They also found an 
overall decreasing trend for both kinetic fractionation factors, corresponding to n values ranging from 
0.95 to 0.6. The authors could partly reconcile their results with theory by considering that relative 
humidity value at the evaporation front was no longer equal to 100 %. Soderberg et al. (2012) pointed 
out the need to account in the Craig and Gordon (1965) model for the effect of very low soil water tension 
(pF>5) on the value of the relative humidity at the evaporation front following the Kelvin equation (Gee 
et al. 1992). In the present study during E2 where soil was the driest, soil water tension minimum value 
was calculated with the van Genuchten-mualem model (Mualem 1976, van Genuchten 1980) on basis of 
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the minimum recorded volumetric water content value and the soil retention curve parameters (Lutz 
Weihermüller, personal communication). It was estimated to range between 2077 and 2611 hPa, which 
corresponded to a pF value between 3.32 and 3.42 Therefore, soil water tension was not considered to 
have an impact on the value of αK computed with the CG65 method via its impact on the isotopic kinetic 
effect ∆𝜺. 
When determining δE by using the Craig and Gordon (1965) model in a forward mode for, e.g.,  
evapotranspiration (ET) partitioning in the field, G71 should be used together with the model of Mathieu 
and Bariac (1996) as independent assessment for setting the value of αK correctly. Sensitivity of the 
isotopic partitioning of ET to αK values should be done, if applicable, in light of the potential 
discrepancies between results of the two methods. For this purpose, 𝜹𝐬
𝐥  measurements should not be 
restricted to the upper few centimeters of soil (where evaporation takes place), but rather be conducted 
throughout the entire soil profile to be able to compute slopes of the evaporation line. Measurements of 
𝜹𝐬
𝐥  should finally be performed at high temporal resolution to evaluate αK dynamics.  
 
2.5 Conclusion 
In this study, we were able to monitor soil and atmospheric isotopic composition profiles non-
destructivly at a high temporal and vertical resolution during a series of bare soil evaporation experiments 
differing in soil water content and atmospheric forcing. In combination with meteorological 
measurements and by using a Keeling plot approach, we could determine the isotopic composition of the 
evaporated water vapor and finally compute the hydrogen and oxygen kinetic fractionation factors from 
the Craig and Gordon (1965) model with two different inverse modeling approaches on a daily basis. 
Our results show that the application of the Keeling plot approach (Keeling 1958) in the laboratory 
remains highly challenging, with direct consequences for the isotopic composition of evaporated water 
vapor and its uncertainty using the CG65 approach. This was particularly true for the computation of the 
hydrogen kinetic fractionation factor, as measurements of δ2H seemed to suffer from greater analytical 
memory effects than those of δ18O. The determination of αK values from the computation of the slope of 
the so-called “evaporation line” in a dual isotope space (G71) was independent from information on δE, 
and as such provided the best model-to-data fit with the simple two-end member formulation of Mathieu 
and Bariac (1996) during the first experiment. The discrepancy in results between G71 and the model of 
Mathieu and Bariac (1996) indicated, e.g., that turbulent transport of water vapor would have still played 
a preponderant role in the removal of moisture by evaporation during the second experiment, even at a 
soil water content much below saturation.  
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Our series of experiments call for further investigation of the temporal dynamics of αK values with novel 
non-invasive and/or non-destructive isotopic monitoring tools. They also underline the need for 
repetitive and thorough determination of soil water isotopic composition profiles in the field for 
determination of αK values using both the G71 model and the Mathieu and Bariac (1996) model 
approaches. This should be useful for providing δE estimates in the context of the partitioning of 
evapotranspiration into soil evaporation and plant transpiration. 
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Chapter 3  
In-situ Monitoring of Soil Water Isotopic Composition for 
Partitioning of Evapotranspiration during One Growing 
Season of Sugar Beet (Beta vulgaris)  
 
 
 
 
 
 
 
 
 
Based on a journal article submitted as: 
Quade, M. Klosterhalfen, A. Graf, A. Brüggemann, N. Hermes, N. Vereecken, H. and Rothfuss, Y 2019: 
In-situ Monitoring of Soil Water Isotopic Composition for Partitioning of Evapotranspiration During 
One Growing Season of Sugar Beet (Beta vulgaris), Agricultural Forest Meteorology 266-267,53-64, 
https://doi.org/10.1016/j.agrformet.2018.12.002 
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3.1 Introduction 
A process-based understanding of the atmospheric water cycle is crucial for improving meteorological 
and hydrological forecasting models. However, usually only the total flux of H2O, evapotranspiration 
(ET), is measured, while land-surface models are able to compute its component fluxes, evaporation (E) 
and transpiration (T). There is an ongoing debate on the value of the transpiration fraction (T/ET) across 
ecosystems and spatial/temporal scales. The study of Jasechko et al. (2013) reported the largest 
contribution of T to ET (up to 90 %) on the global scale to date, while others found smaller contributions, 
e.g., values between 35-80 % (Coenders-Gerrits et al. 2014, Good et al. 2015, Wei et al. 2017).  
Evapotranspiration is commonly measured with the eddy covariance (EC) technique, and a global 
network of EC flux measurement sites was established in the last few decades. Partitioning ET into its 
component fluxes (E and T) can be done by source partitioning methods (Kool et al. 2014), which include 
(i) correlation-based modelling approaches applied to the available EC measurements (Scanlon and 
Kustas 2010) or a combination of EC measurements with additional (ii) instrumental approaches, e.g. 
soil-flux chamber measurements (Raz-Yaseef et al. 2010, Lu et al. 2017), sap-flow measurements (e.g., 
heat dissipation method; Granier 1987, Hölttä et al. 2015), micro-lysimeter measurements (Kelliher et 
al. 1992) or atmospheric profile measurements (Ney and Graf 2018). Correlation-based modelling 
approaches are able to partition the ET flux continuously on a sub-daily timescale (Good et al. 2014, 
Scanlon and Kustas 2010, 2012, Wang et al. 2016), but their partitioning performance depends on input 
estimations, meteorological conditions and study site characteristics and thus can be unclear, and these 
modelling approaches are not widely established yet. It has been shown by Klosterhalfen et al. (2019) 
that more research is needed to distinguish situations where these methods yield reliable estimates from 
those where large errors can occur. Additional instrumental approaches usually measure the net E or T 
flux independently (see review ofKool et al. 2014). Closed bare soil flux chamber measurements provide 
the net E flux, but during the chamber measurement non-natural conditions are introduced, primarily by 
increasing vapor pressure and decreasing incoming solar radiation, which adds to the uncertainty of the 
E flux measurement (Dubbert et al. 2013). Micro-lysimeter measurements also provide the E flux. They 
are generally considered to be a reliable and simple method, but are time-consuming, have a small sample 
size compared to the field scale, and cannot be used for a long time period or during rain events without 
further modifications, because over time micro-lysimeters would diverge from the general field 
conditions (Boast and Robertson 1982, Shawcroft and Gardner 1983, Evett et al. 1995, Kool et al. 2014). 
Newly developed methods like high-resolution profile measurements, as described by Ney and Graf 
(2018), provide detailed information about the ecosystem, but are up to now not usable for long-term 
automated measurements.     
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Another approach to ET partitioning is estimating the relative transpiration fraction (T/ET) on the basis 
of water stable isotopic data (see review and opinion papers of Sutanto et al. 2014, Xiao et al. 2018). 
This approach consists of measuring the hydrogen and oxygen stable isotopic compositions (δ2H and 
δ18O) of the single components ET, E and T, and solving the following two end-member mixing model 
for x: 
𝛿𝐸𝑇 = (1 − 𝑥)𝛿𝐸 + 𝑥𝛿𝑇         (3.1) 
with 𝛿𝐸𝑇 , 𝛿𝐸 , 𝛿𝑇, and x being the isotopic compositions of ET, E, T, and the T/ET flux ratio. Equation 
(3.1) assumes that only two sources contribute to ET, and therefore, it cannot be applied in case of another 
identified source (e.g., leaf surface evaporation of morning dew). The accuracy of the isotopic 
partitioning method also depends on how significantly different 𝛿𝐸𝑇 , 𝛿𝐸  and 𝛿𝑇 values are (Rothfuss et 
al. 2010). 
The 𝛿𝐸𝑇 value can be determined statistically from measurements of the atmospheric water vapor 
concentration and isotopic composition using, e.g., the Keeling plot (Keeling 1958) and the flux-gradient 
(Lee et al. 2007) approaches, chamber measurements (Dubbert et al. 2013, Wang et al. 2013) or EC 
measurements (Griffis et al. 2010, Good et al. 2012). The most common approach is the Keeling plot 
method, which assumes that turbulent mixing is the only process that causes upward transport of water 
vapor and that the isotopic composition of the background (i.e., local) water vapor as well as 𝛿𝐸𝑇 do not 
change over time during measurements.  
The isotopic composition of T (𝛿𝑇) can be determined (i) destructively by assuming isotopic steady state 
(𝛿𝑇 is equal to the isotopic composition of the leaf input water, i.e., the xylem sap – δx) (Rothfuss et al. 
2010, Zhang et al. 2011), or (ii) by considering isotopic transient state (𝛿𝑇 ≠ 𝛿x). In the latter case, 𝛿𝑇 
can be determined either destructively (Dubbert et al. 2013, Dubbert et al. 2017) or non-destructively 
with closed or dynamic plant or leaf chambers (Wang et al. 2010, Dubbert et al. 2013, Good et al. 2014). 
𝛿𝐸  is usually indirectly calculated on the basis of measurements of the isotopic composition of soil liquid 
water (𝛿s
l
 ) at the evaporating front and by use of the Craig and Gordon (1965) model (Good et al. 2014). 
In the vast majority of partitioning studies, 𝛿s
l is determined by destructive sampling of surface soil, 
subsequent cryogenic extraction and isotopic analysis of soil water in the laboratory (Lee et al. 2010, 
Zhang et al. 2011, Aouade et al. 2016). This method is time-consuming, and new evidence shows that 
soil physicochemical properties affect the isotopic composition of the extracted soil water (Orlowski et 
al. 2016a, Orlowski et al. 2018). Rothfuss et al. (2013), Volkmann and Weiler (2014), Gaj et al. (2016), 
Oerter et al. (2017) presented a series of methods where soil water vapor can be sampled non-
 43 
 
destructively with gas-permeable membranes or tubing. Theoretically, this allows for long-term on-line 
monitoring of 𝛿s
l and δE in the field. Although the monitoring method of Rothfuss et al. (2013) was 
successfully applied in the laboratory to pure quartz sand (Gangi et al. 2015, Rothfuss et al. 2015) and 
silt loam (Quade et al. 2018), it has so far not been tested in the field for ET partitioning purposes. 
In the present study, the non-destructive on-line method of Rothfuss et al. (2013) was evaluated in the 
field during one growing season of sugar beet (Beta vulgaris) to test its suitability for long-term 
monitoring of soil water isotopic composition under field conditions and for calculating T/ET values. 
T/ET values calculated on the basis of estimates of δE, either determined from destructive sampling or 
with the non-destructive monitoring method, were compared against each other. Additionally, the 
isotope-based T/ET values were compared to those obtained from in-situ measurements of E and ET 
(latent heat flux) determined with the combined EC and micro-lysimeter measurements to evaluate their 
reliability. 
3.2 Material and methods 
3.2.1 Study site 
Measurements were conducted at the TERENO (www.tereno.net) research site Selhausen (50°52’09’’N, 
6°27’01’’E) in North Rhine-Westphalia, Germany. It is an agricultural field located in the northern part 
of the Rur river catchment. The site is equipped with an EC station (EC_SE_001 in the TERENO online 
data portal http://teodoor.icg.kfa-juelich.de, DE-RuS on www.icos-ri.eu). The soil is classified as a silt 
loam with particle size distribution 20.1 % sand, 65 % silt, and 14.9 % clay. The field has an area of 
approximately 10 ha, with an extension of 400 m in WSW-ENE direction and 200 m (east end) to 300 
m (west end) perpendicular to it. All measurements were carried out in the center of the field, at a distance 
of at least 100 m (and 200 m in the main wind direction WSW) to the edge. Apart from a tree row at the 
west end of the field, the surrounding is occupied with similar fields growing either the same crop (sugar 
beet), barley or wheat. The post-processing of the EC measurements at a height of 2.43 m above the 
ground is operationally combined with modelling the footprint following Kormann and Meixner (2001). 
The lysimeter, atmospheric, and soil water isotopic measurements were conducted on three different 
dates (D) corresponding to different canopy heights (CH, in m) and leaf area indices (LAI, in m2 m–2):  
D1: 29 May 2017 10:30-13:00 UTC (CH=0.18, LAI=0.7)  
D2: 13 July 2017 08:30-11:00 UTC (CH=0.40, LAI=2.3)  
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D3: 21-22 August 2017 10:30-13:30 UTC (CH=0.45, LAI=6.7).  
During this period (D1-D3), the average temperature was 18.6 ± 4.4 °C; rain events occurred at 36 of 86 
days with a total amount of 207.8 mm. The contribution of the field to the EC flux signal was 93 % on 
average and always greater than 84 % during the day. During the night between August 21 and 22, 
modelled footprint contributions were lower due to stable atmospheric stratification, being 81 % on 
average and down to 28 % in two cases where the footprint model was probably affected by poor EC 
data quality. 
Apart from the latent heat flux (Sect. 2.5), the following meteorological and soil measurements of the 
station were used in this study: Air temperature (Ta, in °C) and relative humidity (h, expressed in %) 
were measured at a height of 2.5 m above ground with a HMP45C sensor (Vaisala, Helsinki, Finland). 
Soil temperature (Ts, in °C) and volumetric water content (θs, in m3 m-3) were measured at depths –0.01 
m, –0.05 m and –0.10 m with combined soil moisture and temperature sensors (SMT-100, Truebner 
GmbH, Neustadt, Germany). 
3.2.2 Isotopic monitoring set-up and measurement protocol 
δ18O and δ2H were measured with a cavity ring-down spectrometer (L2120-i, Picarro Inc., Santa Clara 
CA, USA). The analyzer was placed in a self-designed air-conditioned box (0.9 x 0.9 x 1.5 m) together 
with the necessary equipment, i.e., one dry synthetic air gas bottle (20.5 % O2 in N2 with approx. 20–30 
ppmv water vapor; Air Liquide, Germany) and an automated unit of analog/digital modules (ICP-DAS 
Europe GmbH, Germany) for data acquisition and operating the mass flow controllers (GF40, Brooks 
Instrument GmbH, Germany) and magnetic valves (type 6011, Bürkert GmbH & Co. KG, Germany). 
Atmospheric profiles were measured by sequential sampling at five different heights (0.01, 0.20, 0.45, 
1.00, and 1.50 m). The water vapor mixing ratio (MR, defined as the ratio of absolute volumetric 
concentrations of water vapor and dry air) and isotopic composition (δa) were measured sequentially 
over 30 min across heights (i.e., 6 min for each height). Sampling duration per sampling height was 
chosen in order to minimize natural temporal variations of MR and δa over the course of the measuring 
sequence. In addition, air was actively pumped (PK T01 310, Pfeiffer Vacuum GmbH, Germany) 
upstream of the laser spectrometer at a flow rate of 3 l min-1 to maximize the response time (Figure 3.1). 
At each sampling height, the last 3 min (approx. 98 observations) of measurements were used to compute 
the δa mean value of the respective sampling period. 
Profiles of 𝛿s
l were monitored by using gas-permeable microporous polypropylene tubing (Accurel® PP 
V8/2HF, Membrana GmbH, Germany, 0.16 cm wall thickness, 0.55 cm i.d., 0.86 cm o.d.). The 
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characteristics of this tubing material was discussed in detail by Rothfuss et al. (2013). At three different 
depths (–0.01, –0.05, and –0.1 m), 0.2 m long pieces of tubing were installed between two crop rows 
shortly after sowing of the sugar beet. Dry synthetic air was directed into the gas-permeable tubing at a 
flow rate of 85 ml min–1 for 30 min. The sampled soil water vapor was diluted with dry synthetic air to 
ensure an excess flow before the laser spectrometer analyzer and to avoid any contamination with 
ambient air (Fig. 3.1). The part of the tubing system conducting soil water vapor was heated with heating 
wire (Thermo Tronic, Dennerle GmbH, Vinningen, Germany; wire length 2 m, total heating power 40 
W) and coated with an insulated tubing (Armaflex, Armacell International S.A., Luxembourg; 0.05 m 
wall thickness) to avoid condensation due to temperature changes. For each soil depth, the laser 
spectrometer data of the last 10 min of the 30 min sampling duration (corresponding to approx. 385 
observations) were used to compute the mean value soil water vapor isotopic composition (𝛿s
v). 
𝛿s
v and δa values with standard deviations greater than 2 ‰ for δ2H and 0.5 ‰ for δ18O (i.e., indicating 
problems during sampling, e.g., condensation) were discarded from the analysis. Subsequently, 𝛿s
v and 
δa values were referenced to a MR value of 10,000 ppmv (see Appendix D for details on the method) to 
account for the WMVR dependency of the laser analyzer (Schmidt et al. 2010). These corrected 𝛿s
v 
values were then used to compute the corresponding 𝛿s
l  at the measured soil temperature 𝑇s [°C] 
(Rothfuss et al. 2013): 
1H2H16O:  𝛿s
l = 104.96 − 1.0342 ∙ 𝑇s + 1.0724 ∙ 𝛿s
v     (3.2a) 
1H1H18O:  𝛿s
l = 11.45 − 0.0795 ∙ 𝑇s + 1.0012 ∙ 𝛿s
v     (3.2b) 
The obtained 𝛿s
l values were finally corrected against measurements of two internal standards before and 
after the series of measurements in the field each day. For this, two acrylic glass vessels (2.57 l volume), 
each equipped with 0.15 m gas-permeable tubing, were filled with the soil from the test site (sieved at 2 
mm and dried at 110 °C for 24 hours). Finally, the soil was saturated with either one of two standard 
waters of isotopic composition 𝛿st1
l  (δ2H = –1.5 ‰; δ18O = +7.2 ‰) and 𝛿st2
l  (δ2H = –103.2 ‰; δ18O = 
–21.3 ‰). Soil water vapor was sampled for 30 min at a flow rate of 85 ml min–1 and different dilution 
rates to obtain MR values between 5,300 and 24,100 ppmv. 
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Figure 3.1 
Field experimental setup 
 
Differences between Equations (3.2a) and (3.2b) and those of, e.g., Majoube (1971) were explained to 
be due to the specific conditions prevailing during sampling and potentially proton exchange between 
soil water and the polypropylene material (Rothfuss et al. 2013). Soil temperature is therefore the only 
explanatory factor and points to the prevalence of thermodynamic conditions. In a recent study, where 
the method of Rothfuss et al. (2013) was applied to soil and sediment samples, Oerter et al. (2017) 
showed that clay and water gravimetric contents statistically explained the variability of 𝛿s
l for a given 
soil temperature. This was, however, not tested here, as new evidence showed the opposite during a 
series of laboratory experiments using the same silt loam soil, i.e., soil water content values in the range 
of 0.21- 0.45 m3 m-3 did not have an impact on the value of 𝛿s
l (Quade et al. (2018). 
Water vapor was sampled sequentially from the soil and the atmosphere in the following order (with 
duration given in minutes): soil at –0.01 m (30); atmosphere at 1.50 m (6); atmosphere at 1.00 m (6); 
atmosphere at 0.45 m (6); atmosphere at 0.20 m (6); atmosphere at 0.01 m (6); soil at –0.05 m (30); 
atmosphere at 1.50 m (6); atmosphere at 1.00 m (6); atmosphere at 0.45 m (6); atmosphere at 0.20 m (6); 
atmosphere at 0.01 m (6); soil at –0.1 m (30). 
3.2.3 Destructive measurements for isotopic analysis 
Soil from the surface layer (between –0.01 and –0.05 m depth) and aboveground plant material were 
collected destructively in triplicate at 13:30 UTC on D1, and 12:00 UTC on D2. On D3, soil and plant 
samples were collected every 3 h, again each time in triplicate. The collected samples were stored in the 
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air-conditioned box in the field for a few hours, and then transported on the same day to the laboratory 
where they were kept at –18 °C until cryogenic water extraction. Green tissue (e.g., outer leaf) was 
discarded from the base of the plant and only white (i.e., non-transpiring) tissue was kept for extraction 
and determination of δx. Plant and soil samples were extracted for 3 h and 4 h at 105 °C, respectively, 
while the evaporated water was trapped in liquid nitrogen. Finally, the extracted water was measured 
with a second cavity ring-down spectrometer set in liquid injection modus (L2120-i, Picarro, Inc.). 
Organic compounds (e.g., alcohol) in these samples were removed in-line by a Micro-Combustion 
ModuleTM (Picarro, Inc.). 
3.2.4 Determination of the end-members of the isotopic mixing equation 
𝛿𝐸𝑇 was determined from the intercept of the linear regression of the isotopic composition of the 
atmospheric water vapor (δa) with the inverse of the water vapor mixing ratio (1/MRa) measured across 
heights (Keeling 1958): 
𝛿a =
1
MRa
[MRbg(𝛿bg − 𝛿𝐸𝑇)] + 𝛿𝐸𝑇       (3.3) 
where MRbg and δbg are the mixing ratio and isotopic composition of the background (i.e., local) 
atmospheric water vapor. Statistically significant 𝛿𝐸𝑇 results with a coefficient of determination R² > 0.6 
and a p-value < 0.05 were kept for computing T/ET ratios. 
𝛿𝐸  was estimated both from destructive and non-destructive measurements of 𝛿s
l
 by use of the Craig and 
Gordon (1965) model (Good et al. 2014): 
𝛿𝐸 =  
(𝛿EF
l +1)/𝛼eq−ℎ
′(𝛿bg
 +1)
1−ℎ′
1
𝛼K
− 1        (3.4) 
where 𝛼eq and 𝛼K are the equilibrium (Majoube 1971) and kinetic fractionation factor (Dongmann et al. 
1974), respectively, and ℎ′ is the relative humidity normalized to the saturated vapor pressure at the 
respective soil temperature. The isotopic composition of soil water at the evaporation front (𝛿EF
l ) was 
either defined as (i) the soil water isotopic composition that was measured at the depth of strongest 
isotopic gradient (following the recommendation of Rothfuss et al. 2015), and as (ii) the isotopic 
composition value measured in the extracted water samples. 𝛼eq was determined according to Majoube 
(1971), while 𝛼K was determined by using the formulation of Dongmann et al. (1974) and Mathieu and 
Bariac (1996): 
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𝛼K
i = (
𝐷
𝐷 i
)
𝑛
           (3.5) 
 𝑛 =
(𝜃EF−𝜃res)𝑛a+(𝜃sat−𝜃EF)𝑛s
𝜃sat−𝜃res
         (3.6) 
where D and  i𝐷 are the molecular diffusivities of 1H216O and of either i = 1H2H16O or 1H218O,  𝜃EF  (m
3 
m-3) is the water content at the evaporating front, 𝜃sat = 0.35 m
3 m-3 is the saturated soil water content, 
𝜃res = 0 m
3 m-3 is the residual soil water content, with ns = 1, when evaporation is controlled by the soil 
(i.e., soil at residual soil water content) and na = 0.5, when evaporation is controlled by the atmosphere 
(i.e., soil is water-saturated).  
The third and last end-member of the mixing equation, namely δT, was finally inferred from the isotopic 
composition value measured in the water extracted from the plant xylem tissue, assuming that isotopic 
steady-state conditions prevailed during sampling, i.e., δT = δx. 
The standard error of T/ET (𝜎𝑇 𝐸𝑇⁄
2 ) depends on the standard errors of δE, δT and δET      (𝜎𝛿𝐸
2 , 𝜎𝛿𝑇
2 , 𝜎𝛿𝐸𝑇
2 ). 
𝜎𝛿𝑇
2
 was assumed to be equal to the standard deviation of the three δx replicates, 𝜎𝛿𝐸𝑇
2  was determined by 
the linear regression model, and 𝜎𝛿𝐸
2  was determined using the Gaussian error propagation (in detail in 
Rothfuss et al. 2010) under the assumption that all the errors of all measurements are independent. The 
error of T/ET was determined using the latter assumption as well: 
𝜎𝑇/𝐸𝑇
2 = (
𝜕(𝑇 𝐸𝑇⁄ )
𝜕(𝛿𝑇)
 )
2
𝜎𝛿𝑇
2 +  (
𝜕(𝑇 𝐸𝑇⁄ )
𝜕(𝛿𝐸𝑇)
 )
2
𝜎𝛿𝐸𝑇
2 + (
𝜕(𝑇 𝐸𝑇⁄ )
𝜕(𝛿𝐸)
 )
2
𝜎𝛿𝐸
2      (3.7) 
3.2.5 Micro-lysimeters and eddy covariance measurements 
At the beginning of every field measurement, micro-lysimeters were installed at four different locations 
in 15 m distance to the EC station (one in each wind direction) to measure soil evaporation. For each 
micro-lysimeter, a PVC ring with an inner diameter of 20 cm, wall thickness of 0.5 cm, and a depth of 
11 cm was pushed carefully into the ground to obtain an undisturbed soil monolith. After retrieving the 
soil column and cleaning the outside of the PVC ring, the bottom of each lysimeter was sealed with an 
acrylic glass disc preventing percolation and capillary rise out of or into the micro-lysimeter. Then, the 
micro-lysimeters were weighed initially and placed back into their original location, making sure that 
the lysimeters were level with the soil surface, laterally fully surrounded by soil, and shielded by sugar 
beet leaves, thus, representing the general conditions and characteristics of the field site (especially 
regarding heat flux and shading). Subsequently, the micro-lysimeters were repeatedly collected, cleaned, 
weighed, and placed back to their original location every 60 to 90 min. To avoid divergence of lysimeters, 
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and subsequently their evaporation, from undisturbed soil, monoliths were freshly taken at the beginning 
of each field measurement and never used longer than the second day after installation (Boast and 
Robertson 1982). A scale with a precision of 0.1 g (equivalent to 0.0032 mm evaporation) was used, 
which had to be enclosed in a box to avoid wind effects. By considering the mean lysimeter surface area, 
the time periods between weighing and the latent heat of vaporization, the measured lysimeter weight 
differences were converted to W m-2. The abovementioned scale resolution equals a latent heat flux 
resolution ≤ 2.2 W m-2. For D1 three, for D2 four, for the first day of D3 five and for the second day of 
D3 nine weight differences were obtained for each micro-lysimeter. 
Total ET was quantified with the EC technique, which is continuously in operation at the station (Sect. 
2.1), based on 20 s-1 raw data measurements of an ultrasonic anemometer (CSAT3, Campbell Scientific, 
Logan, UT, USA) and an open-path gas analyzer (LI7500, Li-Cor, Lincoln, NE, USA) mounted at 2.43 
m above ground level. Data were processed with the software TK3, including corrections for density 
fluctuations and system spectral response as well as a three-class quality flagging scheme following the 
Spoleto agreement and random error estimation (Mauder et al. 2013). Here, we used latent heat flux 
results of the high and intermediate quality class. Typical random errors of these classes for our site are 
10 % and 30 %, respectively (Mauder et al. 2013). The unknown systematic error of EC measurements 
can be roughly indicated by the energy balance closure gap (Mauder et al. 2013), which is on average 15 
% for the season (spring/summer 2017) (Eder et al. 2015, Ney and Graf 2018). 
Finally, T/ET results obtained from the isotope-based approach were used to calculate the latent heat flux 
of E (LE) from the latent heat flux of ET (LET) measured by the EC station using the following 
relationship: 𝐿𝐸 = 1 − 𝑇 𝐸𝑇⁄ ∗ 𝐿𝐸𝑇. 
 
3.4 Results  
3.4.1 Soil and atmospheric measurements 
Mean values of soil temperature (𝑇s) and water content (θ) measured at –0.01 m as well as those of the 
air temperature (𝑇a) and relative humidity (h) measured at 2 m above the soil surface for the different 
field days are listed in Table 1. 𝛿s
l H 
2  and 𝛿s
l O 
18  values measured in the water extracted from the soil 
samples (S) and inferred non-destructively from the soil water vapor sampled in the tubing profile (P) 
are reported also in Table 1.  
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During D1, the weather was sunny with weak northeasterly wind. 𝑇a increased from 27.5 °C to 30.7 °C, 
while h decreased from 53 % to 33 %, respectively. θ (–0.01 m) remained constant (0.17 m3 m-3) and 
𝑇s(−0.01 m) increased from 31.4 °C to 35.7 °C. A comparison between δs
l(S) and δsl(P) for 2H and 18O 
was not possible. Exemplary Keeling plots for δ2H and δ18O are shown for the period 11:00–11:30 UTC 
in Figure 3.2c and 3.2d. On D1, significant linear regressions for the calculation of δET2H and δET18O 
were always found.  
The weather conditions on D2 were fair, with some clouds and weak wind from north to northwest. 𝑇a 
(Ts) increased from 12.6 to 16.1 °C (from 14.0 °C to 16.6 °C), whereas h decreased from 84 % to 47 %. 
𝛿s
l H  
2 (P) was slightly higher (1.1 ‰) than the value obtained from S, while 𝛿s
l O  
18 (P) was significantly 
(1.7 ‰) lower than 𝛿s
l O  
18 (S). During the first atmospheric measurements (08:30–9:00 UTC), a 
statistically significant linear relationship was found for δ2H only, while during the second atmospheric 
measurements period (10:30–11:00 UTC) this was the case for both isotopic compositions. 
Also, during D3, weather conditions were fair with some clouds and weak wind from south to southwest. 
An inversion with dewfall developed during the night from August 21 to 22. On 21 August 2017, 𝑇a 
increased from 17.6 °C to a maximum of 21.2 °C at 17:30 UTC. The following day, the temperature 
increased up to 19.6 °C at 13:00 UTC. During the night, the maximum h value was measured at 98 % on 
22 August 2017. 𝑇s(−0.01 m) varied in a diurnal cycle from 13.8 °C (22 August 2017, 08:00 UTC) to 
18.4 °C (21 August 2017, 17:00 UTC). θ decreased continuously from 0.23 (21 August 2017, 
11:00 UTC) to 0.21 m3 m-3 (22 August 2017, 11:00 UTC).   
𝛿s
l H 
2 (P) values were systematically lower than 𝛿s
l  H 
2 (S) (Table 1). On 21 August 2017, they were lower 
by 6.9, 3.9 and 6.0 ‰ than 𝛿s
l H 
2 (S) at 12:00, 15:00, and 18:00 UTC, respectively. The 𝛿s
l  H 
2 (S) mean 
value was characterized by high standard deviation, reflecting the high natural heterogeneity of isotopic 
composition of soil surface water in the field. In the period before sunset (21 August 2017, 10:30 to 
18:41 UTC), 𝛿s
l O 
18 (P) and 𝛿s
l O 
18 (S) values were in good agreement (within 0.2 to 0.3 ‰). On the next 
day after sunrise (22 August 2017, 04:33 to 13:30 UTC), the difference between 𝛿s
l O 
18 (P) and 𝛿s
l O 
18 (S) 
values increased significantly (to 0.7 to 0.8 ‰). The decrease in air temperature and the occurrence of 
dewfall led to inaccurate values for 𝛿s
l H 
2 (P) and 𝛿s
l O 
18 (P) during nighttime (21 August 2017, 18:41 
UTC, to 22 August 2017, 04:33 UTC) due to condensation within the soil tubing system. Similar 
problems were observed for the Keeling plot analyses. Data collected before sunset and after sunrise 
yielded significant linear regressions, whereas significant relationships could not be derived from 
nighttime data.  
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Table 3.1  
Overview of experimental conditions prevailing during the three days (D1-D3) of the field campaign: soil temperature (𝑇s) and soil water content (θ) measured 
at –0.01 m as well as the air temperature (Ta) and relative humidity (h) measured 2 m above the soil surface. The hydrogen and oxygen isotopic composition 
values of the soil liquid water (𝛿s
l) determined from the soil destructive sampling and cryogenic extraction (S) and inferred from the on-line monitoring of the 
soil isotopic profile (P) as well as the measured value of the xylem water (δx) are also reported.  
Sampling date 
and time 
D1  29.05.2017  11:30 
 
D2  13.07.2017  12:00 
 
D3  21.08.2017 12:00 
21.08.2017 15:00 
21.08.2017 18:00 
21.08.2017 21:00 
22.08.2017 00:00 
22.08.2017 03:00 
22.08.2017 06:00 
22.08.2017 09:00 
22.08.2017 12:00 
𝑻𝐬(−𝟎. 𝟎𝟏 𝐦) 
[°C] 
33.6 
 
15.2 
 
16.3 
19.2 
18.4 
17.1 
15.4 
14.2 
13.3 
14.4 
16.9 
𝜽 (−𝟎. 𝟎𝟏 𝐦) 
[m³/m³] 
0.17 
 
0.20 
 
0.22 
0.22 
0.21 
0.21 
0.21 
0.21 
0.21 
0.21 
0.21 
𝑻𝐚(𝟐 𝐦) 
[°C] 
29.1 
 
14.2 
 
18.6 
20.4 
20.7 
17.8 
13.6 
11.5 
10.2 
13.5 
19.1 
𝒉𝐚(𝟐 𝐦) 
[%] 
43 
 
73 
 
53 
50 
50 
67 
88 
94 
97 
87 
65 
𝜹𝐬
𝐥 𝐇 
𝟐  (𝐒) 
[‰] 
–39.3 ± 1.7 
 
–44.8 ± 2.6 
 
–32.8 ± 0.2 
–31.3 ± 3.5 
–35.5 ± 1.6 
–36.8 ± 1.0 
–36.4 ± 5.8 
–37.7 ± 1.9 
–33.0 ± 3.1 
–31.7 ± 2.3 
–33.4 ± 1.9 
𝜹𝐬
𝐥 𝐎 
𝟏𝟖  (𝐒) 
[‰] 
–3.8 ± 0.6 
 
–5.5 ± 0.3 
 
–4.1 ± 0.2 
–4.1 ± 0.6 
–4.7 ± 0.5 
–5.2 ± 0.3 
–4.5 ± 1.4 
–4.8 ± 0.5 
–4.5 ± 0.4 
–4.7 ± 0.2 
–4.6 ± 0.2 
𝜹𝐬
𝐥 𝐇 
𝟐  (𝐏) 
[‰] 
NA 
 
–45.9 ± 1.7 
 
–25.9 ± 1.6 
–27.3 ± 1.5 
–29.5 ± 1.7 
NA 
NA 
NA 
NA 
NA 
NA 
𝜹𝐬
𝐥 𝐎 
𝟏𝟖  (𝐏) 
[‰] 
NA 
 
–3.8 ± 0.2 
 
–4.4 ± 0.2 
–4.3 ± 0.2 
–4.5 ± 0.2 
NA 
NA 
NA 
NA 
–3.9 ± 0.4 
–3.9 ± 0.3 
𝜹𝐱 𝐇 
𝟐  
[‰] 
–50.5 ± 1.0 
 
–54.2 ± 0.1 
 
–39.4 ± 0.3 
–39.1 ± 0.2 
–41.2 ± 0.8 
–39.1 ± 0.2 
NA 
–41.3 ± 0.5 
–40.5 ± 0.4 
-38.3 ± 0.2 
-40.7 ± 0.3 
𝜹𝐱 𝐎 
𝟏𝟖  
[‰] 
-6.1 ± 0.1 
 
–7.9 ± 0.1 
 
–5.2 ± 0.1 
–5.0 ± 0.1 
–5.5 ± 0.1 
–5.3 ± 0.1 
NA 
–5.5 ± 0.1 
–5.4 ± 0.1 
4.6 ± 0.1 
5.3 ± 0.1 
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Figure 3.2 
Exemplary Keeling plots of δa2H (a,c,e) and δa18O (b,d,f) of water vapor measured at different heights (0.01-1.50 
m) within and above the canopy on D1 (29 May 2017, 11:00–11:30 UTC), D2 (13 July 2017, 10:30–11:00 UTC) 
and D3 (21 August 2017, 11:00–11:30 UTC). The value of the y-intercept (δET), the coefficient of determination 
(R²) and p-value are reported.  
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3.4.2 ET partitioning 
The hydrogen stable isotopic composition of E, T, and ET, as well as the corresponding calculated values 
for T/ET are shown in Figure 3. The light blue area indicates nighttime periods. During the first two 
campaign days, δET2H spanned between –60.3 ± 1.1 ‰ (D1, 11:15 UTC) and –102.6 ± 0.8 ‰ (D2, 08:45 
UTC). On D3, the highest values were observed before sunset (–29.1 ± 1.8 ‰) and after sunrise (–40.5 
± 2.8 ‰); the lowest recorded value was –77.9 ± 1.0 ‰ at 09:15 UTC. δT2H (= δx2H) ranged between –
54.2 ± 0.1 ‰ (D1) and –38.3 ± 0.2 ‰ (D3, 08:45 UTC). δE2H(S) (calculated with Eq. (2)) varied from –
81.2 ± 11.1 ‰ (D2, 08:45 UTC) to –127.8 ± 3.5 ‰ (D1, 12:15 UTC). Due to occurrence of dewfall on 
D3, a nighttime increase of δE2H was observed between 19:15 and 03:15 UTC. δE2H values derived from 
the soil profiles were only available on the two last campaign days. Higher δE2H values were calculated 
on the basis of destructive sampling (S) than determined from the monitoring of the soil profile (P) (with 
a mean absolute difference of 3.2 ‰ on D2). During D3, δE2H(S) values were in average 10.0 ‰ higher 
than δE2H(P).  
On D2 at 08:45 UTC, on D3 at 18:15 UTC (i.e., shortly before sunset) and 05:15 UTC (shortly after 
sunrise), it occurred that δET < δE or δET > δT, leading to T/ET ratio estimates smaller than 0 or greater 
than 1. The discrepancies in δE2H between S and P caused only slightly different results for T/ET. Against 
our expectations, we did not observe an increase in T/ET with increasing LAI. During D1, the soil water 
content near the surface was considerably lower than during D2 and D3 (Table 1) which could have 
caused a low evaporation rate. Plant transpiration can use water from deeper soil layers (θ (–
0.10 m) = 0.21 m3 m-3) than soil evaporation, which could explain the comparably high T/ET during D1. 
The low value for δx (Table 1) also supports this assumption. 
Analogous results for oxygen stable isotopic composition are shown in Figure 3.4. During D1 and D2, 
δET18O varied between –9.0 ± 0.1 ‰ (D1, 11:15 UTC), and –12.0 ± 0.1 ‰ (D2, 10:45 UTC). On D3, the 
highest values were observed before sunset (6.9 ± 0.4 ‰) and after sunrise (–2.5 ± 0.3 ‰), and the lowest 
(–12.0 ± 0.1 ‰) at 09:15 UTC. δT18O ranged between –4.6 ± 0.1 ‰ on D3 (08:45 UTC) and –7.9 ± 0.1 
‰ on D2. δE18O(S) varied from –7.9 ± 1.9 ‰ (D3, 05:15 UTC, influence of the dewfall) to –28.9 ± 1.8 
‰ (D3, 6:15 UTC). Values for δE18O(P) were available on D2 and D3. The largest discrepancies between 
δE18O(S) and δE18O(P) were observed on D2, with a mean difference of 5.6 ‰, while on D3 the mean 
observed difference was only 1.1 ‰. The calculated T/ET values were within the theoretical range, 
except for the values of D3 between 17:15 and 05:15 UTC. Similar to hydrogen isotopic composition 
measurements, the observed differences between δE18O(S) and δE18O(P) had a minor impact on the 
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calculated T/ET values. All δ18O-based T/ET estimates were higher than those based on δ2H (D1 by 0.06, 
D2 by 0.36 and D3 by 0.08).  
 
 
Figure 3.3 
(a) Hydrogen isotopic composition of the evapotranspiration flux (𝛿𝐸𝑇 H in ‰) 
2 , determined with the Keeling plot 
approach (only results with R² > 0.6 are shown); (b) hydrogen isotopic composition of the transpiration flux 
(𝛿𝑇 H  in ‰) 
2  inferred from that of the water extracted from the plant xylem sap (𝛿x H 
2  in ‰) and assuming 
isotopic steady-state conditions (𝛿𝑇 H = 𝛿x H 
2
 
2 ); (c) hydrogen isotopic composition of the evaporation flux 
(𝛿𝐸 H in ‰) 
2  calculated with Equation (3.3) on basis of either destructive (sampling of soil down to 5 cm depth, 
red symbols) or non-destructive (monitoring system with the tubing profiles, blue symbols) determination of 𝛿s
l; 
(d) transpiration fraction (T/ET) calculated with Equation (3.1) on the basis of destructive (red) and non-destructive 
determination of 𝛿s
l (blue). Grey shaded areas indicate values outside the theoretical range, and blue shaded areas 
represent nighttime periods.      
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Figure 3.4 
(a) Oxygen isotopic composition of the evapotranspiration flux (𝛿𝐸𝑇 O in ‰) 
18 , determined with the Keeling plot 
approach (results with R² > 0.6 are shown); (b) oxygen isotopic composition of the transpiration flux (𝛿𝑇 O in ‰) 
18  
inferred from that of the water extracted from the plant xylem sap (𝛿x O in ‰) 
18  and assuming isotopic steady-
state conditions (𝛿𝑇 O = 𝛿x O 
18
 
18 ); (c) oxygen isotopic composition of the evaporation flux (𝛿𝐸 O in ‰) 
18  
calculated with Equation (3.3) on the basis of either destructive (sampling of soil down to 5 cm depth, red symbols) 
or non-destructive (monitoring system with the tubing profiles, blue symbols) determination of 𝛿s
l; (d) transpiration 
fraction (T/ET) calculated with Equation (3.1) on the basis of destructive (red) and non-destructive determination 
of 𝛿s
l (blue). Grey shaded areas indicate values outside the theoretical range, and blue shaded areas represent 
nighttime periods.      
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3.4.3 Latent heat flux of E and ET 
The latent heat fluxes corresponding to ET (LET, W m-2) measured by the EC station, together with the 
latent heat flux corresponding to E (LE) obtained from the micro-lysimeter measurements, and the 
isotope-based T/ET estimates are shown in Figure 3.4. LET increased with increasing LAI. Generally, 
discrepancies between the LE estimates based on the different methods (δ2H, δ18O and micro-lysimeters) 
were found. During D1, the estimates based on δ2H(S) showed the lowest LE with, e.g., 28.6 W m–2 at 
11:15 UTC, δ18O(S)-based estimates were slightly higher with a value of 33.3 W m–2 at 11:15 UTC, 
whereas the lysimeter estimates showed a higher value of 80.5 W m–2 at 11:45 UTC. On D2, the lowest 
LE was again estimated on the basis of δ18O measurements, with, e.g., LE(S) = 71.5 W m–2 and 
LE(P) = 96.6 W m–2 at 10:45 UTC. LE(S) values inferred from δ2H were higher (e.g. LE(S) = 180.3 W m–
2 and LE(P) = 171.7 W m–2). The lysimeter-derived estimate was 165.5 W m–2, close to the range of the 
δ2H estimates.      
On D3, a diurnal variation of LE was observed. On 21 August 2017, the LE estimates derived from δ2H 
were slightly lower than the values obtained with the lysimeter method. On average, LE(lysimeter) was 
12.9 W m–2 higher than LE(S) and 7.0 W m–2 higher than LE(P). LE estimates derived from δ18O(P) 
(δ18O(S)) measurements were lower than LE(lysimeter), with a mean absolute difference of 32.4 W m–2 
(31.8 W m–2). At the beginning of 22 August 2017, both isotope-based estimates for LE showed higher 
values compared to the lysimeter method until 11:15 UTC. From this point onward, isotope-based 
estimates were lower than those of the lysimeter approach, i.e., δ2H-based LE(S) by 25.1 W m–2, δ18O-
based LE(S) by 29.2 W m–2 and δ18O-based LE(P) by 24.3 W m–2. 
Based on the LET measurements, weighted mean daily T/ET ratios were calculated (Table 2). Negative 
LET values as well as T/ET >1 and T/ET < 0 were excluded. In general, δ18O-based estimates following 
both destructive (S) and non-destructive (P) sampling were higher than those obtained from δ2H or 
micro-lysimeter measurements. δ2H- and micro-lysimeter-based estimates agreed better (especially on 
D3.1 before sunset), with a RMSE of 0.178 (T/ET (S) vs. T/ET (micro-lysimeter)) and 0.099 (T/ET (P) 
vs. T/ET (micro-lysimeter))  
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Table 3.2  
Weighted mean T/ET ratios (= ∑(𝐿𝐸𝑇 ∗ 𝑇 𝐸𝑇⁄ ) ∑(𝐿𝐸𝑇)⁄ , cases where negative LET values or T/ET >1 and T/ET < 
0 were discarded from the analysis) for the micro-lysimeter estimates as well as δ2H and δ18O estimates obtained 
from the soil sampling (S) and the soil profiles (P). 
T/ET Micro-lysimeter δ2H δ18O 
 
 
D1 
 
D2 
 
D3.1 
(before sunset) 
D3.2 
(after sunset) 
  
 
0.54 
 
0.53 
 
0.64 
 
0.75 
(S) 
 
0.79 
 
0.36 
 
0.69 
 
0.57 
(P) 
 
NA 
 
0.39 
 
0.63 
 
NA 
(S) 
 
0.82 
 
0.75 
 
0.77 
 
0.72 
(P) 
 
NA 
 
0.66 
 
0.78 
 
0.71 
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Figure 3.5 
Latent heat flux (W m–2) of evapotranspiration measured by the eddy covariance station (LET(EC), black line) and partitioning results for the latent heat flux of 
evaporation obtained from single measurements with micro-lysimeters (LE(lysimeter), black squares), from the soil samples (LE(S), red dots) and soil profiles 
(LE(P), blue triangles) for (a) δ2H and (b) δ18O. Blue shaded areas represent the nighttime period. LE(S) and LE(P) were calculated on basis of isotope-derived 
T/ET ratios and LET(EC) using the following relationship: 𝐿𝐸 = 1 − 𝑇 𝐸𝑇⁄ ∗ 𝐿𝐸𝑇. 
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3.5 Discussion 
3.5.1 Differences between destructive and non-destructive methods 
In this study we compared measurements of the isotopic composition obtained from destructive soil 
sampling and non-destructive soil profile measurements. The former method is widely used in source-
partitioning studies (Walker and Brunel 1990, Williams et al. 2004, Dubbert et al. 2013). However, it 
involves the time-consuming and labor-intensive extraction of water by, e.g., vacuum distillation 
(Orlowski et al. 2013) or direct vapor equilibration (Wassenaar et al. 2008). Destructive sampling also 
has a strong impact when soil availability is limited, e.g., in mesocosms experiments. However, this is 
usually not a problem under field conditions.  
The method used in the present study, which was previously developed by Rothfuss et al. (2013), and 
successfully applied in the laboratory by Gangi et al. (2015), Rothfuss et al. (2015) and Quade et al. 
(2018), enables long-term monitoring of the soil water vapor isotopic composition in a non-destructive 
manner. It only requires a temperature correction of the isotopic values of the sampled water vapor to 
obtain the soil liquid water isotopic composition over a wide range of soil water content values, without 
the need to account for additional (kinetic) fractionation effects (Rothfuss et al. 2013). One limitation of 
the monitoring approach is its non-applicability in case of water vapor condensation in the tubing 
between the sampling location and the laser spectrometer. It is therefore mandatory to insulate (and 
ideally to heat) the tubing to reduce temperature gradients between the soil and the atmosphere, and 
thereby to avoid condensation.  
Orlowski et al. (2016a), (2018) showed that there were significant differences in water isotopic 
composition of soil waters determined with different water extraction methods and that these differences 
were significantly correlated to soil texture and soil water content. In their study, Orlowski et al. (2016a) 
did not benchmark our sampling method together with the traditionally used ones. Among the examined 
methods, the one resembling our monitoring method the most in terms of design and modus operandi 
was the direct vapor equilibration method. Considering their findings for this method, we should have 
observed higher values for δS(P) than for δS(S). This was almost always the case (Figure 3.3c and 3.4c), 
although differences between δ2H(P) and δ2H(S) were larger than between δ18O(P) and δ18O(S) when 
taking the standard deviations into account. 
Errors in the estimation of δS values lead to inaccurate estimates of the isotopic composition of the 
evaporated water vapor when using the Craig and Gordon (1965) model, and ultimately will affect the 
T/ET estimates. However, not only the value of δE has consequences for the calculation of T/ET, but also 
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the relative distribution of the two end-members of Equation (3.1) (Rothfuss et al. 2010). A significant 
difference of δE has relatively low impact on the final T/ET value, when the difference between δE and 
δT is large. When considering the values within the theoretical range (i.e., 0 ≤ T/ET ≤ 1), the highest 
observed T/ET difference between the soil samples and the soil profiles (0.09) resulted from a difference 
of 12.7 ‰ in δ2HE(S) and δ2HE(P) (D3, 8:45 UTC). The T/ET estimates derived from δ18O were even 
less sensitive. Here, the highest difference of T/ET (0.08) was caused by a difference of 4.0 ‰ between 
δE18O(P) and δE18O(S) (D3, 10:45 UTC). Outliers in the transpiration fraction (T/ET > 1 or < 0) during 
D3 can be explained by low wind conditions and beginning dewfall (sunset) or dew evaporation 
(sunrise).  
A quantitative comparison of the T/ET estimates by the different isotope-based methods is shown in 
Figure 3.6. The greatest discrepancies were found by comparing δ2H- and δ18O-based estimates. Here 
the mean differences (T/ET(δ2H) – T/ET(δ18O)) were equal to –0.15 for the soil samples and –0.22 for 
the soil profiles. The mean T/ET differences between S- and P-based estimates were smaller by a factor 
of more than 10, i.e., –0.01 for δ2H and –0.02 for δ18O. 
The discrepancies between T/ET(S) and T/ET(P) derived from both isotopologues are directly linked to 
the discrepancies between δE(P) and δE(S), which could be partly explained by the natural heterogeneity 
of 𝛿s
l in an agricultural field. Additionally, the underlying measurement principles are different, leading 
to a distinct spatial and temporal representativeness of each method. While 𝛿s
l(S) is the mean value of 
the isotopic composition of the soil water sampled in a few minutes in different locations across the test 
site, 𝛿s
l(P) is inferred from the mean value of the isotopic composition of the soil water vapor sampled 
at one single depth from the vicinity of the gas-permeable tubing over a longer time period (i.e., in our 
case 10 min). While it appears more or less straightforward to calculate the volume of soil sampled 
destructively during the experiments, it is certainly more difficult to estimate the volume of soil from 
which the water vapor was sampled non-destructively. Under near-saturated conditions, for instance, this 
would correspond to a representative soil volume of approx. 42 cm3 assuming that the soil water vapor 
originated from a maximum distance of 1 cm from the tubing walls. On the other hand, water vapor 
transport distance is larger under dry conditions, leading to a much greater sampling volume (e.g., 
526 cm³, assuming a maximum sampling distance of 5 cm around the tube). The destructively sampled 
water volume was less variable, ranging from approx. 65 cm³ under saturated soil conditions and 19 cm³ 
under dry soil conditions (for a soil sample weight of 300 g at field bulk density). One way to further 
increase the spatial representativeness of the non-destructive sampling would be to increase the length 
of the gas-permeable tubing. However, this could lead to a greater loss of sampling air through the walls 
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of the gas-permeable tubing, especially under dry conditions, and therefore limit the applicability of the 
method itself. 
 
Figure 3.6 
Relative differences in transpiration fraction (T/ET) derived from (a) soil samples (S) (δ2H-estimates – δ18O-
estimates), (b) soil profiles (P) (δ2H-estimates – δ18O-estimates), (c) δ2H-estimates (S – P), and (d) δ18O-estimates 
(S – P). Blue shaded areas represent nighttime periods. 
 
3.5.2 Sensitivity of T/ET estimates to uncertainty of δE, δT, and δET values 
The calculation of the isotope-based T/ET values also depends on two other sensitive variables, namely 
δET and δT. δET was estimated by the Keeling plot approach (Keeling 1958), which was used previously 
in a number of studies (Wang and Yakir 2000, Xu et al. 2008, Aouade et al. 2016). Obtaining δET requires 
the assumption that δE and δT do not change over the measurement period. Good et al. (2012) showed 
that a sampling period of 30 min (which was also chosen in the present study) resulted in the highest 
accuracy of their δET estimates. In the present study, the Keeling plot technique, based on vertical 
gradients of atmospheric MR and isotopic composition measured in and above the canopy (Williams et 
al. 2004, Wang et al. 2010, Aouade et al. 2016), was favored over that based on temporal changes of MR 
and isotopic composition observed at one or two heights over the canopy (Good et al. 2014, Wei et al. 
2015, Wang et al. 2016). The precision of Keeling-plot-derived δET estimates, i.e., the standard error of 
the calculated water vapor isotopic composition value when the inverse of MR theoretically equals zero, 
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relies on the spread of both MR and isotopic composition values. Even though the temporal resolution 
of δET estimates can be significantly increased, obtaining a precise estimate of δET on the basis of vertical 
gradients rather than temporal changes of MR and isotopic compositions is much more challenging. 
Therefore, the explanatory power and the significance of the results were carefully evaluated by means 
of the coefficient of determination (R²) and the p-value, respectively. Values below the thresholds of R² 
> 0.6 and p < 0.05 were systematically excluded from the analysis. 
δE values were estimated following the model of Craig and Gordon (1965), which is based on a transfer 
resistance analogy and initially describes water vapor isotopic transport from a freely evaporating 
surface. It was applied in the present study to the evaporation of soil water, leaving δE sensitive to changes 
of relative humidity, soil and air temperature as well indirectly to soil water content (according to the 
model of Mathieu and Bariac 1996). However, fast changes of either one of these variables within 30 
min caused by unstable weather conditions were not observed during our campaign days.  
δT was obtained from measurements of the extracted xylem (x) water of the sugar beets’ root crown, 
assuming isotopic steady state of the transpiration flux (δT = δx). Leaf water reaches isotopic steady state 
at a constant transpiration rate, i.e., when leaf transpiration losses are exactly compensated by inflow of 
xylem water. Isotopic steady state occurs when weather conditions and water availability for root water 
uptake remain stable long enough over the course of the experiment. How fast isotopic steady state is 
reached within the leaf also depends on the water turnover time in the leaf (i.e., the ratio of transpiration 
rate and water volume contributing to transpiration; Dubbert et al. 2017). During none of three campaign 
days we observed visible plant water stress, which would have indicated stomata closure and possible 
departure from isotopic steady state. Sugar beet develops a central root system of up to 2 m depth, 
enabling access to deep soil water when necessary. The lowest soil water content at 1 m depth was 0.35 
m3 m-3 in our study, observed on 22 August 2017 at 13:30 UTC, suggesting sufficient water availability 
for sugar beet during the whole study period.  
Furthermore, the relatively large water volume of a sugar beet leaf involved in transpiration could lead 
to significant temporal changes of leaf water turnover rates when transpiration rate is low and could 
therefore lead to departure from or delayed arrival at isotopic steady state. However, although we did not 
determine the water volume of the sugar beet leaves in-situ as done in other studies (e.g. Hu et al. 2014), 
we did not observe low transpiration rates which would have invalidated our assumption of isotopic 
steady state. Another problem that can occur during destructive determination of δT from δx is the 
possible contamination of the xylem water with enriched water from the base of the leaves that has 
already undergone isotopic fractionation during transpiration. However, this was accounted for in our 
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study by systematically removing any green tissue and sampling the central (white) part of the root 
crown, which is not exposed to the ambient air conditions.  
3.5.3 From T/ET to ecosystem latent heat fluxes 
Finally, T/ET results obtained from the isotope-based approach were used to calculate the latent heat flux 
of E (LE) from the latent heat flux of ET (LET) measured by the EC station using the following 
relationship: 𝐿𝐸 = 1 − 𝑇 𝐸𝑇⁄ ∗ 𝐿𝐸𝑇. This allowed the comparison of the isotope-derived results of LE 
with those obtained from the micro-lysimeter measurements. In case of the micro-lysimeter 
measurements, soil evaporation was determined by small weight changes of the undisturbed soil 
monoliths with the exclusion of drainage and plant water uptake from and capillary rise to the lysimeters. 
The micro-lysimeters were only installed for one or two days to minimize discrepancies with the general 
field conditions (as suggested by e.g., Boast and Robertson 1982, Evett et al. 1995, Kool et al. 2014). 
However, the surface of the lysimeter monoliths dried out faster than the surrounding soil surface (most 
notably during D1). Possible causes include slightly less shading by the surrounding plants than 
experienced by the undisturbed soil surface on average, and less than perfect thermal contact between 
lysimeter and surrounding soil. During a typical daytime situation in the growing season, the latter would 
lead to increased heating and thus an overestimation of evaporation (Evett et al. 1995). On the other 
hand, the blocking of upward water (vapor) movement by the lysimeter bottom could lead to an 
underestimation especially later during the day. Accidental loss or addition of soil during weighing of 
the lysimeters as well as wind and temperature effects on the scale could lead to additional random, but 
no systematic errors. Shawcroft and Gardner (1983) started that accurate evaporation measurements via 
lysimeters depend on a number of compensating errors, while Kool et al. (2014) implied micro-
lysimeters as the most reliable measurement method for soil evaporation. The deviation between the four 
micro-lysimeters was small for D1, D3 and the last three measurements on D2, suggesting a high 
accuracy under the assumption of homogeneous field conditions.  
Assuming that micro-lysimeters are more likely to over- than underestimate soil evaporation fits well to 
the isotope-based partitioning results. On the other hand, the isotope-based evaporation estimates could 
be underestimated due to multiplication of the evaporation fraction with the EC-based latent heat flux. 
EC fluxes are subject to the energy balance closure problem, which may indicate an underestimation of 
the turbulent sensible and/or latent heat flux (Foken et al. 2011). The Selhausen site is no exemption and 
shows on average an energy balance closure gap of 15 % (Eder et al. 2015, Ney and Graf 2018). 
The δ2H and δ18O estimates of the latent heat flux of E led to different results. For δ2H, estimates were 
more variable and less precise than those derived from δ18O. One reason might be the lower precision of 
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the laser analyzer regarding analysis of δ2H due to the much lower abundance of 2H compared to 18O, 
associated with a much weaker absorption line for 2H than for 18O in the near-infrared spectral region of 
the analyzer. Another reason could be related to a small effect of the tubing system on the hydrogen 
isotopic composition of the water vapor by exchange of protons between the water vapor and the tubing 
material, which would only affect δ2H, but not δ18O. This, together with the fact that lysimeters may 
overestimate the latent heat flux, suggests that the δ18O-derived T/ET estimates were the most reliable.     
3.6 Conclusion 
In this study, we tested the non-destructive continuous method (P) of Rothfuss et al. (2013) for 
partitioning of ET of a sugar beet (Beta vulgaris) field into E and T, and compared its outcome with 
traditional destructive sampling (S) of soil water. Only small discrepancies (on average 0.01 for δ2H and 
0.02 for δ18O) were found between T/ET values derived with the two isotopic methods for determination 
of soil liquid water isotopic composition, even though differences of computed δE values were significant 
(maximum differences were 12.7 ‰ for δ2H and 9.3 ‰ for δ18O).  
Furthermore, it was possible to compare the isotope-derived T/ET estimates to those of the EC and micro-
lysimeter techniques. Mean absolute deviations of isotope-based from micro-lysimeter-based estimates 
of latent heat flux of evaporation (LE) were lower than 38.9 W m-2 and were maximal for δ2H(S) 
measurements. These differences were more than three times higher than the mean absolute differences 
between LE(P) and LE(S) derived from both hydrogen and oxygen stable isotopic compositions of soil 
water. The latter discrepancy is in line with recent findings on the systematic offsets of water isotopic 
compositions values between existing methods for extraction of water from soil samples for isotope 
analysis, and partly highlight the need for further investigation of these offsets for accurate separation of 
E from T in the field. 
 
  
 65 
 
 
Chapter 4  
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4.1 Introduction 
The atmospheric water vapor is an important contributor to the greenhouse effect of the Earth’s 
atmosphere. For reliable predictions of meteorological and hydrological forecasting models, a good 
knowledge of the single sources (e.g., evaporation, E, and transpiration, T) within the atmospheric water 
budget is crucial. Flux measurement stations (e.g., Terrestrial Environmental Observations (TERENO), 
http://teodoor.icg.kfa-juelich.de) usually measure the net flux of the atmospheric water vapor above the 
land surface (evapotranspiration, ET) via the eddy covariance (EC) technique. Disentangling the net ET 
flux into its raw components E and T is performed by source partitioning methods. These methods can 
be divided into instrumental approaches (Kool et al. 2014) and correlation-based modelling approaches 
(Scanlon and Kustas 2010). The instrumental approaches include additional measurements, e.g. soil-flux 
chamber measurements (Raz-Yaseef et al. 2010, Lu et al. 2017), micro-lysimeter measurements (Kelliher 
et al. 1992) or atmospheric profile measurements (Ney and Graf 2018). 
Another powerful instrumental method to partition ET is using the difference of properties of heavier 
stable isotopologues of water (1H2H16O and 1H218O) relative to H216O. The evaporation process of a water 
body is affected by equilibrium and kinetic fractionation, which lead to an isotopically depleted isotopic 
composition of the evaporated water vapor (δE) compared to that the liquid soil water (Craig and Gordon 
1965). On the other hand, the isotopic composition of the transpired water vapor (δT) usually equals that 
of the soil water source used by the plants due to the fact that plants transpire mostly at isotopic steady 
state (Yakir and Sternberg 2000). Even when steady-state conditions are not reached for leaf water, the 
magnitude of the isotopic depletion of leaf transpiration is lower than for evaporation. In most cases, 
therefore, the mixture of water vapor from both sources, i.e., ET, has an isotopic composition (δET) value 
δE < δET < δT. By considering only two sources (E and T) contributing to ET, the transpiration fraction 
(T/ET) is obtained by inverting the isotopic mass balance equation 𝛿ET = (1 − 𝑇/𝐸𝑇)𝛿E + (𝑇 𝐸𝑇⁄ )𝛿T: 
𝑇/𝐸𝑇 =
𝛿ET − 𝛿E
𝛿T− 𝛿E
          (4.1) 
Thus, T/ET can be obtained from measurements of the hydrogen and oxygen stable isotopic composition 
(δ2H and δ18O) of the single components ET, E and T. 
The aim of this study is to give a literature overview of the progress and challenges of the different 
measuring/modeling methods for determining of δE, δT and δET and partitioning ET both in the field and 
in the laboratory. In total, 31 studies were analyzed, a detailed overview of the studies is given in 
Appendix E, Table E2.  
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43 % of the reviewed studies (Fig. 4.1d) estimates δET via the atmospheric Keeling (1958) plot approach 
(see section 4.2). For this, measurements of the water vapor concentration and isotopic composition at 
different heights within and above the canopy are required. In the first studies (e.g. Wang and Yakir 
2000, Yepez et al. 2003), water vapor was collected by a cryogenic trapping system, which was time-
consuming, labor-intensive and expensive to deploy in the field. The water is sampled at different heights 
by a pump into a small trap cooled with dry ice. With the development of laser absorption analyzers, 
online measurements of the isotopic composition of water vapor became possible. First, Lee et al. (2007) 
applied tunable diode laser spectroscopy successfully in the field for partitioning evapotranspiration in a 
mixed forest in Connecticut, USA. Since 2007, isotope-based partitioning studies increased rapidly (Fig. 
4.1a) to approx. 1.3 publications per year (1990-2006: 0.4 publications per year). Chamber 
measurements have also been common for the estimation of δET, 17 % of the reviewed studies used 
chambers in a similar way as for the estimation of δE. Other methods are the flux gradient technique 
(18 %) and EC measurements (3 %). The former uses vertical gradients of the gas concentration, e.g. 
water vapor in two heights and is mathematically nearly identical to the Keeling (1958) plot approach 
(section 4.2). The EC technique is the standard method to measure vertical turbulent fluxes of carbon, 
water and energy from the atmospheric boundary layer into the free atmosphere and is established in a 
worldwide network (FLUXNET, http://fluxnet.fluxdata.org). Griffis et al. (2010) successfully used the 
EC technique to calculate δET by assuming that the usually used total water vapor flux equation (Equation 
4.5 in section 4.2.1) is valid for the isotopic composition of the water vapor flux.  
74 % of the analyzed studies (e.g. Walker and Brunel 1990, Wang et al. 2010, Sun et al. 2014) determined 
δE via the Craig and Gordon (1965) model (Fig. 4.1b). The Craig and Gordon (1965) model equation is 
presented in detail in section 4.3 and describes the enrichment process of an open water body during 
evaporation into the unsaturated atmosphere. To calculate δE, the model requires simultaneous 
measurements of meteorological variables (air and soil temperature, relative humidity and soil water 
content) as well as measurements of liquid soil water isotopic composition at the evaporation front (δEF) 
and the background isotopic composition of the atmosphere (δa). δEF is determined either following 
destructive soil sampling (e.g. Walker and Brunel 1990, Xu et al. 2008, Wei et al. 2018) or via the 
recently developed non-destructive sampling of the soil atmosphere (Rothfuss et al. 2013, Volkmann 
and Weiler 2014, Gaj et al. 2016). Measurements of δa are obtained from sampling atmospheric water 
vapor with commercial isotopic laser spectroscopy above the canopy. Another common measurement 
technique uses closed soil chambers. 17 % of the reviewed studies (e.g. Ferretti et al. 2003, Dubbert et 
al. 2013, Lu et al. 2017) used bare soil chambers in combination with the Keeling (1958) plot or mass-
balance approach to obtain δE. The former method estimates δE via alternating measurements of the in- 
and outflowing water vapor in a dynamically flushed chamber by considering mass-balance (described 
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in detail in section 4.3), while the latter (Keeling 1958) estimates δE via a linear regression line of the 
isotopic composition plotted against the corresponding inverse of the water vapor concentration in a 
closed system (described in detail in section 4.2). 
The Craig and Gordon (1965) model is also applied to determine δT values under non-steady state 
conditions (53% of the reviewed studies, Fig. 4.1c, detailed in section 4.4). This approach requires 
additional measurements, e.g. isotopic composition of leaf water (δL) and root zone source water (δsource). 
61 % of the analyzed studies which estimated δT under non-steady state (NSS) conditions were published 
in year 2014 or later. The first studies (e.g. Walker and Brunel 1990, Brunel et al. 1997, Wang and Yakir 
2000) assumed isotopic steady-state (ISS) conditions (47 % of the reviewed studies, section 4.4), in 
which δT,ISS = δsource, where source water equals the xylem water (Yakir and Sternberg 2000). However, 
more recent evidence (Dubbert et al. 2013) showed that this assumption is only valid during midday, 
which explains the trend of recent studies (published in year 2014 or later) using the Craig and Gordon 
(1965) model to estimate δT under NSS. 
 
Figure 4.1  
Results of the literature review (a): Evolution of the number of citations per year (blue bars) and cumulative number 
of publications (1990-2018, black line); (b): percentage of methods for determination of δE (c): percentage of 
methods which were used to determine δT; (d): percentage of methods which were used to determine δET.  
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4.2 Isotopic composition of evapotranspiration 
4.2.1 Methods 
43 % of the reviewed studies estimated the isotopic composition of ET via the atmospheric Keeling 
(1958) approach. The approach assumes that the concentration of the water vapor in the atmosphere (Ca 
in g m-3) above an ecosystem is a mixture of the background (of concentration Cb in g m-3) and of the 
emitting source, here evapotranspiration (of concentration CET in g m-3):  
𝐶a = 𝐶b + 𝐶𝐸𝑇          (4.2) 
The isotopic composition of these components can be expressed from the mass balance of the water 
stable isotopologues: 
𝛿a𝐶a = 𝛿b𝐶b + 𝛿ET𝐶𝐸𝑇         (4.3) 
with δb being the isotopic composition of the background air. Combining equation (4.1) and (4.2) leads 
to a simple linear mixing model: 
𝛿a =
1
𝐶a
[𝐶b(𝛿b − 𝛿ET)] + 𝛿ET         (4.4) 
Repeated measurements of Ca and δa allow for applying a linear regression between both variables: 
𝛿a = 𝑆
1
𝐶a
+ 𝐼          (4.5) 
where S = [𝐶b(𝛿b − 𝛿s)] is the slope and 𝐼 = 𝛿𝐸𝑇 the y-intercept of the linear regression line (Fig. 4.2).  
The atmospheric Keeling (1958) plot approach is based on two assumptions. First, the isotopic 
compositions of the source and background air are constant over the measurement period. Second, there 
is no loss of water vapor from the ecosystem, e.g. during dewfall.  
Chamber measurements are the second common method to determine δET (29 % of the reviewed studies). 
Technical and mathematical methods are as described in section 4.3.1. Unlike for δE, measurements for 
δET are performed with a chamber that covers a soil spot that is covered by vegetation in a representative 
way.  
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Figure 4.2 
Exemplary Keeling (1958) plot. 
 
18 % of the reviewed studies used the flux gradient method based on vertical gradients of the gas 
concentration, e.g. water vapor measurements at two heights. The water vapor flux from 
evapotranspiration (FET in mmol m-2 s-1) is proportional to the changes in the mixing ratio of the water 
vapor (∆χa in mol(H2O) mol(dry air)-1) with height ∆z [m]: 
𝐹ET =  −𝐾 
𝜌a
𝑀a
∆𝜒a
∆𝑧
          (4.6) 
with ρa [kg m-3] being the density of dry air, Ma [kg mol-1] the molecular weight of dry air and K [m2 s-1] 
the eddy diffusivity of water vapor. Assuming that K is constant at the regarded height over short time 
scales (< 1 h), the flux ratio of abundant (i = 1H216O) and rare (j = 1H2H16O or 1H218O) isotopologue can 
be rewritten as: 
𝑅𝐸𝑇 = 𝐹𝐸𝑇/ 𝐹𝐸𝑇 
𝑗 ≈  ∆ 𝜒 
𝑖
a ∆ 𝜒 
𝑗
a⁄   
𝑖         (4.7) 
which can also be expressed in δ-notation as: 
𝛿𝐸𝑇 =
∆ 𝜒𝑎 
𝑖  ∆ 𝜒 
𝑗
a⁄
𝑅𝑠𝑡𝑑
− 1          (4.8) 
RET is also equal to the slope of the regression line between 𝜒 
𝑖
a and 𝜒 
𝑗
𝑎: 
𝜒 
𝑖
a = 𝑅𝐸𝑇 𝜒 
𝑗
a + 𝐶         (4.9) 
with C [-] being the y-intercept. Dividing Equation (4.9) by 𝜒 
𝑗
a𝑅std with 𝛿𝑎 =
∆ 𝜒a 
𝑖  ∆ 𝜒 
𝑗
a⁄
𝑅std
− 1 results in: 
𝛿𝑎 = 𝛿ET + 𝐶 𝑅std⁄
1
𝜒 𝑗 𝑎
         (4.10) 
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By assuming 𝜒 
𝑗
a ≈ 𝜒𝑎, the approach is nearly identical with the Keeling (1958) plot approach.  
Griffis et al. (2010) found a good agreement in water vapor mixing ratios and fluxes (FET) when 
comparing traditional eddy-covariance measurements and data processing with a spectral analysis of 
simultaneous measurements with a tunable diode laser: 
𝐹ET =  ?̅?𝑎𝜔′𝜒𝑎′̅̅ ̅̅ ̅̅ ̅ + 𝑆 =  ?̅?𝑎 ∫ 𝐶𝜔𝜒𝑎(𝑓)𝑑𝑓 + 𝑆      (4.11) 
with ω [m s-1] being the vertical wind velocity (primes indicate instantaneous values, the overbar 
indicates averaged values over a time period, e.g. 30 min). The term 𝜔′𝜒𝑎′̅̅ ̅̅ ̅̅ ̅ designates the covariance 
and is equal to the term ∫ 𝐶𝜔𝜒𝑎(𝑓)𝑑𝑓 which is the integrated cospectral density of the fluctuations in the 
vertical wind velocity and water vapor mixing ratios at the frequency f [Hz]. S [∆(mol(H2O) mol(dry air)-
1)) ∆(m)-1] is defined as the storage term which is the rate of change in the atmospheric water molar 
mixing ratio between the ground and the eddy-covariance instrument height.  
Equation 4.11 can be rewritten for the rare (i) and the abundant (j) isotopologue similar as for equation 
4.6. The ratio of both isotopic flux equations 𝑅𝐸𝑇 is than defined as: 
 𝑅𝐸𝑇 = 𝐹𝐸𝑇/ 𝐹𝐸𝑇 
𝑗 ≈  𝐶𝜔𝜒𝜔
𝑖 (𝑓) 𝐶𝜔𝜒𝜔
𝑗 (𝑓)⁄   
𝑖       (4.12) 
or expressed in δ-notation: 
𝛿𝐸𝑇(𝑓) =
𝐶𝜔𝜒𝜔
𝑖 (𝑓) 𝐶𝜔𝜒𝜔
𝑗 (𝑓)⁄  
𝑅𝑠𝑡𝑑
− 1        (4.13) 
4.2.2 Progress and challenges 
The Keeling (1958) plot approach can be used in two different ways, either by measuring δa and Ca at 
one height above the canopy over a certain time interval or at several heights within and above the canopy 
over shorter time intervals. Three of the studies reviewed here (Good et al. 2014, Wei et al. 2015, Wei 
et al. 2018) used measurements performed at one single height above the canopy, while the remaining 
28 studies used measurements of several heights within and above the canopy. Good et al. (2012) 
compared these two different methods with a third method which uses the mean values of the isotopic 
composition of the atmospheric water vapor from each height. After a detailed uncertainty analysis, they 
concluded that the use of mean values increased the uncertainty of the final value of δET, whereas for the 
other two methods (which used all data points) the uncertainty of δET was comparably small. However, 
they found different δET values for the measurements at a single height vs. several measuring heights 
during the same time interval. The authors could not conclude which value was the most representative. 
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In addition, they found a good agreement between the Keeling (1958) plot approach, applied at different 
heights, and the flux gradient method due to the similarity of Equation 4.5 and 4.10. The Keeling (1958) 
plot approach was also successfully applied to closed chamber measurements by Yepez et al. (2005) and 
Wang et al. (2013). However, chamber measurements have the disadvantage of creating non-natural 
conditions. The temperature and relative humidity inside the chamber can be significantly higher than h’ 
and Ta. In addition, water vapor can condense on the inside of the chamber or within the tubing system, 
resulting in isotopic fractionation and leading to unstable and unreliable isotopic results.  
Dynamic chamber measurements, which are based on the mass-balance approach, may reduce the 
problem of condensation inside the chamber. It is also possible to flush the dynamic chamber with dry 
air, so that the sampled water vapor only originates from the source(s) inside the chamber. Stable 
measurements over a certain time period would indicate ISS, and δET can be directly measured without 
any further calculations. However, dry air can stress the plants due to an unnaturally high water vapor 
concentration gradient between the stomata and the atmosphere, which can result in NSS conditions. 
Both the atmospheric Keeling (1958) plot approach and the flux-gradient technique suffer from the need 
of significant differences (high spatial gradients) in the water vapor mixing ratio and isotopic 
composition between the soil/canopy surface and the free atmosphere to obtain precise values of δET. A 
portable, elevator-based facility as developed by Ney and Graf (2018) and designed for atmospheric CO2 
and water vapor concentration measurements,  allows to measure highly vertically resolved water vapor 
isotopic profiles to infer ET and δET. Such profile measurements, however, need high throughput 
analyzers to provide reliable information on ecosystem fluxes. Commercially available cavity ring-down 
laser spectrometers operate in low-flow mode at low frequency (e.g. 35 ml min–1 and 1.3 Hz for the 
L2120-i, Picarro, Inc., Santa Clara, CA, USA) and are, thus, not suitable for such measurements. To our 
knowledge only two instruments are able to monitor water vapor stable isotopic compositions at higher 
flow rate (φ) and higher frequency (f): the lead-salt tunable diode laser spectrometer TGA200 (Campbell 
Scientific, Inc., Logan, Utah, USA; φ = 1.7 l min–1 at f = 10 Hz) and the Quantum Cascade Laser (QCL) 
Trace Gas Monitor (Aerodyne, Inc., Billerica, MA, USA; φ ≤ 250 l min–1 and f = 10 Hz), although for 
the latter no published results are available. 
These instruments could be used for isotopic eddy covariance measurements, which are not common yet 
within the isotopic source-partitioning community. Only one study (Griffis et al. (2010)) demonstrated 
till date that water vapor mixing ratio and fluxes measured with the traditional eddy covariance technique 
(with infrared gas analyzer) agreed well with the combined eddy-covariance/TGA200 measurements, 
which suggests that the measured ET isofluxes should be realistic. This measurement brings the 
advantage of providing δET values on a half-hourly basis. The actual disadvantage is that these 
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instruments are quite large and usually need stable environmental conditions (especially temperature) 
during field deployment.    
 
4.3 Isotopic composition of evaporated water vapor 
4.3.1 Methods 
74 % of the analyzed studies (Appendix A, Table A2) determined δE by using the Craig and Gordon 
(1965) model equation: 
𝛿E =
1
𝛼K(1−ℎ′)
(
𝛿EF+1
𝛼eq
− (𝛿a + 1)ℎ
′) − 1      (4.14) 
with δEF being the isotopic composition of the liquid water at the evaporation front (EF) and h’ [%] the 
relative humidity of the air normalized to the saturated vapor pressure (Psat in Pa) at the temperature of 
the evaporation front TEF [°C]:  
 ℎ′ = ℎ
𝑃sat(𝑇a)
𝑃sat(𝑇EF)
          (4.15) 
where h [%] is the relative humidity. 
The value of δE results from the cumulative effect of equilibrium and kinetic fractionation processes. The 
equilibrium fractionation factor (αeq [-]) was first empirically determined by Majoube (1971) and 
depends on the surface temperature (Ts in K) of the water body: 
𝛼eq(𝑇s) = 𝑒𝑥𝑝 (
𝐴
𝑇s
2 +
𝐵
𝑇s
 + 𝐶)        (4.16) 
with constants A = 1137, B = –0.4156 and C = –0.0020667 for the fractionation of oxygen isotopologues 
of water, and A = 24844, B = –76.248 and C = 0.052612 for the hydrogen isotopologues of water. 
The kinetic fractionation factor (αK) is defined as the ratio of the transport resistances from the 
evaporating water surface to the ambient air of the most abundant isotopologue i = 1H216O and less 
abundant isotopologues (j = 1H2H16O or 1H218O). This term was introduced in the Craig and Gordon 
(1965) model as inversely proportional to the ratio of the molecular diffusivities of 1H216O (D) and of 
either 1H2H16O or 1H218O (Di). Later Dongmann et al. (1974) et al. proposed the following expression: 
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𝛼𝐾 = (
𝐷𝑗
𝐷𝑖
)
𝑛
          (4.17) 
where n [-] describes the aerodynamic regime above the liquid-vapor interface. Dongmann et al. (1974) 
et al. proposed that n ranges from 0.5 (fully turbulent) to 1 (fully diffusive), with a value of 2/3 
corresponding to laminar flow conditions. Later Mathieu and Bariac (1996) adapted the definition of n 
to the case of evaporation from soil and proposed a formulation which includes the soil water content (θ, 
in m3 m-3): 
𝑛 =
(𝜃EF−𝜃res)𝑛a+(𝜃sat−𝜃EF)𝑛s
𝜃sat−𝜃res
         (4.18) 
with θEF, θres and θsat the soil water content at the evaporation front, the residual and saturated water 
content values. Equation (4.18) therefore states that n = 1 when θEF = θsat and n = 0.5 when θEF = θres.  
Like for the estimation of δET, bare soil chamber measurements wer used to obtain δE (17% of the 
reviewed studies). Two different types of chambers exist for this purpose. A closed chamber is placed 
over the bare soil plot and measures the increasing water vapor concentration over a time interval in a 
closed lope. The y-intercept of the linear regression line of the inverted increasing water vapor 
concentration against the corresponding isotopic composition estimates δE via the Keeling (1958) plot 
approach (see section 4.2.1, Equation 4.5). Dynamic chambers have an inlet and an outlet where the 
incoming and outcoming ecosystem water vapor concentration and isotopic composition are measured 
alternately. With these measurements δE is estimated by a mass-balance approach (Dubbert et al. 2013, 
2014):   
𝛿𝐸 =  
𝑤𝑜𝑢𝑡𝛿𝑜𝑢𝑡− 𝑤𝑖𝑛𝛿𝑖𝑛
𝑤𝑜𝑢𝑡− 𝑤𝑖𝑛
−  
𝑤𝑖𝑛𝑤𝑜𝑢𝑡(𝛿𝑜𝑢𝑡−𝛿𝑖𝑛)
𝑤𝑜𝑢𝑡− 𝑤𝑖𝑛
      (4.19) 
with δin and δout being the isotopic composition of the water vapor and win and wout the mole fraction of 
water [mol(H2O) mol(air)-1] entering the chamber (in) and the mixed sample air (out). It is also possible 
to flush the dynamic chamber with dry air, so that the sampled water vapor only originates from the 
source inside the chamber. Stable measurements over a certain time period would indicate steady-state 
conditions and δE is directly measured without any further calculations. 
4.3.2 Progress and challenges 
The calculation of δE via the Craig and Gordon (1965) model depends on simultaneous measurements of 
h, TEF, θEF δa and δEF. The measurements of h, TEF and θEF are usually done via classical temperature and 
humidity (e.g. capacitive) sensors. Measurements of δa are obtained from measurements of the 
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atmospheric water vapor above the canopy. The most challenging variable to estimate is δEF. In 26 % of 
the reviewed studies (e.g. Walker and Brunel 1990, Brunel et al. 1997, Ferretti et al. 2003, Yepez et al. 
2003) soil samples were only collected from the soil surface. Subsequently, soil water was extracted in 
the laboratory (e.g. by distillation, cryogenic vacuum extraction, CO2 equilibrium, high pressure 
mechanical squeezing, microwave extraction) and finally measured via an isotope ratio mass 
spectrometer or an infrared laser absorption analyzer. Studies on the development of soil water stable 
isotopic profiles during the evaporation process at unsaturated soil conditions (e.g. Barnes and Allison 
1988, Barnes and Walker 1989) showed that the decreasing water content during the evaporation process 
leads to an isotopic maximum at the evaporation front. The evaporation front is possibly located in deeper 
soil layers, depending on the soil water content. Thus, sampling soil at the soil surface does not provide 
precise estimates of the evaporated water vapor. In 61 % of the reviewed studies (e.g. Williams et al. 
2004, Yepez et al. 2005, Zhang et al. 2011, Dubbert et al. 2013) soil profiles were partially or entirely 
sampled. As the soil layer with the highest isotopic enrichment is associated with the location of the 
evaporation front, the spatial resolution of the soil layers should be as high as possible (preferably layer 
thicknesses of 2 cm or smaller). Especially in arid regions, where rain events are rare, the evaporation 
front is located in deeper soil layers, which makes an exact estimation of the evaporation front quite 
challenging. In addition, the subsequent cryogenic extraction of the liquid soil water can influence the 
measured isotopic composition of the liquid soil water due to soil physicochemical properties which 
affect the isotopic composition of the extracted soil water (Orlowski et al. 2016b). But also other soil 
water extraction methods (e.g. high pressure mechanical squeezing, microwave extraction) influence the 
final value of δEF (Orlowski et al. 2016a).   
Recently, Rothfuss et al. (2013), Volkmann and Weiler (2014) and Gaj et al. (2016) developed non-
destructive methods to measure the isotopic composition of the soil water vapor (𝛿𝑠
𝑣) in different depths 
over long periods of time by flushing gas permeable tubing/membranes (e.g., Accurel® PP V8/2HF, 
Membrana GmbH, Germany; Rothfuss et al. (2013) installed in the soil with dry synthetic air and thereby 
sampling water vapor in the vicinity of tubing. A subsequent dilution of the sampled water vapor might 
be necessary to provide water vapor mixing ratio values within the range of highest accuracy of the stable 
isotope analyzer (e.g., 10,000 –15,000 ppmv for Picarro L2120-i). Rothfuss et al. (2013) investigated the 
dependencies of the soil water vapor water isotopic composition on both soil temperature (Tsoil) and soil 
water content (θs). The method was successfully applied during laboratory experiments with sand (Gangi 
et al. 2015, Rothfuss et al. 2015) and silt loam (Quade et al. 2018). Volkmann and Weiler (2014) 
developed a soil water vapor probes with a rigid hydrophobic microporous polyethylene (Porex 
Technologies, Aachen, Germany) probe head. They tested the method in two different modi operandi. 
In the “advection dilution” sampling method, soil water vapor is collected from the head of the probe 
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with a vacuum pump. Subsequently, the sample air is diluted with nitrogen gas (N2) and measured with 
a commercial laser spectroscopic instrument. In the “diffusion dilution” method, N2 is directed into the 
probe head at a flow rate set by a mass-flow controller. The N2 carrier gas equilibrates with soil water in 
a similar way as for the method of Rothfuss et al. (2013). Volkmann and Weiler (2014) tested the probe 
under field conditions and presented isotopic soil water profiles with high accuracy and precision for 
both methods. Gaj et al. (2016) used a commercially available soil gas probe (BGL-30, METER Group, 
Munich, Germany) with the same modus operandi as the “diffusion dilution” method by Volkmann and 
Weiler (2014) for a field study in central Namibia. The results of both studies indicate that sampling of 
soil water vapor via gas-permeable membranes is a highly promising approach for high resolution and 
long-term monitoring of soil water isotopic profiles in the field. Oerter et al. (2017) compared δs 
estimates of the monitoring method of Rothfuss et al. (2013) on the one hand and the direct equilibrium 
and vacuum extraction methods on the other hand. They showed a good agreement between the vacuum-
extracted liquid water and the gas-permeable tubing method (root mean square error, RMSE: 1.7 ‰ for 
δ2H and 0.62 ‰ for δ18O) or the direct equilibrium method (RMSE: 3.1 ‰ δ2Hl and 0.62 ‰ for δ18Ol). 
However, Oerter et al. (2017) found a dependency of the isotopic composition of the liquid soil water on 
the texture (clay content) and gravimetric content of the soil, which was not considered in the initial 
studies of Rothfuss et al. (2013), Volkmann and Weiler (2014) and Gaj et al. (2016). Therefore, this 
dependency should be investigated further to provide accurate estimates of the isotopic composition of 
the soil liquid water. 
Another important factor that influences the precision of δE estimates is the choice of the value of αK. 
Only a handful studies tried to estimate or model αK for soil evaporation. Braud et al. (2009a) simulated 
αK values during long-term laboratory experiments with the soil-vegetation-atmosphere transfer model 
SiSPAT-Isotope. They found a decreasing trend of αK values from saturated to unsaturated soil 
conditions, which contradicts the model of Mathieu and Bariac (1996). Similar results to the study by 
Braud et al. (2009a) were obtained by Rothfuss et al. (2015) during a long-term soil column laboratory 
experiment. Quade et al. (2018) were able to estimate αK values during bare soil evaporation with a soil 
column experiment under semi-controlled conditions. They showed that αK could not be considered as a 
constant value solely depending on flow conditions as proposed by Dongmann et al. (1974). They found 
the best model-to-data fit compared to the values of Mathieu and Bariac (1996) when the soil was fully 
saturated, but not for non-saturated conditions. They concluded that turbulent transport still played a 
major role during the evaporation process, especially under non-saturated conditions. These studies show 
that further sensitivity analyses of αK to environmental conditions are needed to provide realistic 
estimates of δE. 
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To weight the influence of αK, the Craig and Gordon (1965) model assumes 100% relative humidity 
within the soil pore space at the evaporation front. This is expressed with the “kinetic effect” term 
𝛼K(1 − ℎ
′)  in Equation 4.14. However, this assumption is not valid for dry soils. Under very dry 
conditions the Kelvin equation estimates a relative humidity within the soil pore space below 100%: 
ℎ′ = exp (
𝑝w𝑚w
𝜌w𝑅𝑇𝑠
)         (4.20) 
with pw (hPa) the pressure of the liquid water phase, mw the molar weight of water (1.8*10-2 kg), ρw the 
density of water (1000 kg m-3) and R the universal gas constant (8.3144 J mol-1 K-1). Under isothermal 
conditions (Ts= 20°C) the value of δE decreases by 1‰ in δ2H and δ18O when assuming only 99.9% (field 
capacity: pF = 5.1), and already by 8‰ when assuming only 99.2% (pF = 6.0) relative humidity within 
the soil pore space (1‰ per 0.1%). This linear relationship has a large effect on the final T/ET results, 
especially for δ18O, for which the difference δT – δE is usually smaller than for δ2H.     
 
4.4 Isotopic composition of transpired water vapor 
4.4.1 Methods 
Leaves are thin, well-mixed and isotopically uniform water sources which can be described with the 
Craig and Gordon (1965) model (Eq. 2). During the transpiration process the isotopic composition of the 
transpired water vapor is only partly affected by fractionation processes. In turn, the observed δL is lower 
than predicted by Eq. 2 (Dongmann et al. 1974). Farquhar and Lloyd (1993) proposed an equation 
incorporating the transpiration rate (Trate, in mmol m–2s-1) and the effective anatomical dimension (L, in 
m): 
𝛿L = 𝛿source + (𝛿ss − 𝛿source)
1−𝑒−𝑝
𝑃𝑒
       (4.21) 
with δsource the isotopic composition of the unfractionated root zone source water (equal to the isotopic 
composition of the soil water), Pe the Péclet number: 
𝑃𝑒 =
𝑇𝑟𝑎𝑡𝑒∗𝐿
𝐶∗𝐷𝑖  
          (4.22) 
with C the mole fraction of water (5.56·104 mol m–3), Di the vapor diffusivity of either 1H2H16O or 1H218O 
and    
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𝛿ss =
1
𝛼K(1−ℎ′)
(
𝛿source+1
𝛼eq
− (𝛿a + 1)ℎ
′) − 1 .      (4.23) 
  
The kinetic fractionation factor for leaf transpiration differs from the one used for soil evaporation and 
is defined as (Cernusak et al. 2005): 
𝛼K = 1 −
32𝑟s+21𝑟b
𝑟a+ 𝑟s+𝑟b
   for δ18O     (4.24a) 
and 
𝛼K = 1 −
16.4𝑟s+10.09𝑟b
𝑟a+ 𝑟s+𝑟b
   for δ2H      (4.24b) 
With ra the aerodynamic (a), rs the leaf stomatal (s) and rb the boundary layer (b) resistance (r, in s m-1).  
Dubbert et al. (2013) proposed an equation based on the method of Cuntz et al. (2007). They assumed 
that environmental conditions which change the isotopic composition to a new value at time t are constant 
over a time period dt (Dongmann et al. 1974, Cuntz et al. 2007): 
𝛿L(𝑡 + 𝑑𝑡) = 𝛿C + (𝛿L(𝑡) − 𝛿x) exp (−
𝑔t𝑤i
𝛼K𝛼eq𝑉m
𝑑𝑡)     (4.25) 
with δL(t) and δL(t+dt) being the isotopic composition of the leaf water at the site of evaporation at time 
t and t+dt, gt [mol m-2 s-1] the total stomatal conductance, wi [mol(H2O) mol(air)-1] the humidity in the 
stomatal cavity, and Vm [mol m-3] the mesophyll water volume. δC is the Craig and Gordon steady-state 
isotopic ratio at the evaporation site: 
𝛿C =
1
(𝛿x+1)𝛼K𝛼eq(1−ℎ)
+ 𝛼eqℎ(𝛿a + 1)        (4.26) 
with δx and δa being the isotopic compositions of the xylem water (x) and of ambient water vapor (a).  
Farquhar and Cernusak (2005) proposed an equation for the evaporative isotopic enrichment in leaves 
(∆L,e) depending on the isotopic enrichment of the bulk leaf water (∆L,b): 
∆L,e= ∆L,s −
𝛼K𝛼eq
𝑔 𝑤i
𝑑(𝑊∆L,b) 
𝑑𝑡
          (4.27) 
where g [mol m-2 s-1] is the leaf stomatal conductance and W [mol m-2 leaf] the water concentration within 
the leaf. The isotopic fractionation enrichment that occurs within the leaf (∆L,s) is defined as:  
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∆L,s= (𝜀eq + 𝜀K + (∆v − 𝜀K)ℎ         (4.28) 
where ∆v is the isotopic enrichment of the atmospheric water vapor. 
Under stable environmental conditions for a sufficient period of time, no fractionation of the water occurs 
when it is extracted by the roots and, thus, no change in the isotopic composition of xylem sap water, 
which is known as isotopic steady state (ISS) (Yakir and Sternberg 2000):  
 𝛿T (ISS) = 𝛿x             (4.29) 
with δx being the isotopic composition of the xylem (x) water. For the assumption of ISS to hold true, 
the amount of water transpired by the plant must be equal to the amount of water which is taken up by 
the root system from the soil (no drought stress). While the study of Walker and Brunel (1990) suggested 
that this assumption is reasonable on longer timescales (>24 h), Sutanto et al. (2014) in their review 
claimed that the assumption of ISS is only valid during midday. 
4.4.2 Progress and challenges 
The isotopic composition of transpired water vapor is directly measured via plant chambers, either at the 
leaf level or using custom-built branch chambers. Most studies used custom-made chambers, only a few 
studies (e.g. Wang et al. 2010) used commercially available leaf chambers (e.g. LICOR-6400, Nebraska, 
USA). Chamber measurements have several disadvantages as discussed in section 4.2.2, but are essential 
to monitor δT directly without relying on additional modelling steps from either δx or δL to δT. Volkmann 
et al. (2016) developed an in-situ method for the monitoring of the isotopic composition of tree xylem 
water: a xylem water isotopic probe with a gas-permeable head (microporous hydrophobic polyethylene, 
Porex Technologies, Aachen, Germany) was horizontally inserted into the tree. N2 was led through the 
gas-permeable probe for isotopic equilibration with the xylem water. Subsequently, the sample air was 
measured with an infrared laser cavity ring-down spectrometer. The probe obtained direct, continuous 
and high-resolution measurements of the tree xylem water which is usable for automatable field 
measurements.  
While in-situ techniques, e.g. coupling plant gas-exchange chambers to laser spectrometers, have the 
advantage of directly measuring the transpiration signature, all destructive sampling techniques as well 
as in-situ monitoring of xylem water as described by Volkmann et al. (2016) observe xylem or leaf 
isotopic signatures, eventually involving a modelling step to obtain δT. While a number of studies (e.g. 
Wei et al. 2015, Aouade et al. 2016, Volkmann et al. 2016, Zhou et al. 2018) assume ISS and hence 
argue that δx = δT, there is growing evidence that plants rarely reach ISS throughout the day (Simonin et 
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al. 2013, Dubbert et al. 2014, 2017). Moreover, the leaf water turnover time, which can effectively be 
described by stomatal conductance, vapor pressure deficit and leaf water volume, is extremely species-
specific and ranges from several minutes to several hours (Song et al. 2015). As the leaf water turnover 
time describes the necessary time for a leaf to reach ISS (see exponent in equation 4.25), ISS can either 
be observed for large parts of the day (e.g. in many herbaceous species) or not at all (e.g. in plant species 
strongly controlling their stomatal conductance, see Dubbert et al. (2017) and Dubbert and Werner 
(2018) for an overview). Therefore, the validity of assuming ISS for the purpose of ET partitioning will 
largely depend on the desired temporal scale (considering NSS necessary at sub-diurnal to diurnal scale 
but unimportant at larger time scales). In case NSS is likely to occur, δT can be modeled using a 
Dongmann version of the Craig and Gordon equation as shown in section 4.4.1 (Dongmann et al. 1974). 
However, this complicates the partitioning approach considerably in comparison to direct chamber 
measurements of δT, as a large number of additional observations are necessary. In particular, gt and the 
canopy temperature (TC) are important input parameters. Therefore, the use of chamber measurements is 
highly recommended in any event. 
The choice of an appropriate method for sampling unfractionated xylem water isotopic signatures is 
crucial for a correct determination of δT. For example, herbaceous, grass or crop species do not have 
suberized stems, thus destructive sampling would have to rely on leaf water sampling or sampling the 
plant culm belowground, which is highly destructive and not possible on plots of common size. 
Moreover, while the majority of studies still provide evidence for an unfractionated uptake and transport 
of xylem water through plants, there is growing evidence of fractionation of xylem water during times 
with low transpiration rate (drought condition, see e.g. Martin-Gomez et al. (2017) for deciduous 
species). 
4.5 Conclusion and outlook 
Since 2007 the number of source partitioning studies of evapotranspiration (ET) has increased to an 
average 1.3 publications per year (1990-2006 average: 0.4 publications per year). 54 % of the reviewed 
studies focus on semi-arid and arid ecosystems, where water availability is low and water scarcity is a 
major problem. Therefore, especially irrigation should be optimized in these ecosystems to minimize 
water losses. ET partitioning studies provide crucial background information, however, up to now only 
indirect methods (based on Scanlon and Kustas 2010) might be able to provide continuous and sub-daily 
estimates of the transpiration fraction (T/ET). Water stable isotopologues are powerful tracers, but 
isotope-based methods to partition ET need to be further developed for continuous long-term monitoring.  
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For continuous isotope-based ET partitioning in the field, automatized non-destructive measurements 
are mandatory. To calculate the isotopic composition of evaporation (δE) via the Craig and Gordon (1965) 
model, the isotopic composition of the soil liquid water (𝛿𝑠
 ) should be measured online either with soil 
probes based on gas-permeable tubing or membranes, as proposed by Rothfuss et al. (2013), Volkmann 
and Weiler (2014), or Gaj et al. (2016). These measurement techniques are easy to install and apply, but 
require a lot of additional material, such as mass flow controllers and dry air. The main advantage of the 
measurement technique of Rothfuss et al. (2013) is the long-term monitoring of 𝛿𝑠
  at different depths at 
one location. The soil gas probes of Volkmann and Weiler (2014) or Gaj et al. (2016) are more suitable 
to provide spatially distributed 𝛿𝑠
  measurements because they only need a small hole in the soil for 
installation. 
Another major challenge in isotope-based ET partitioning studies are long-term measurements of the 
isotopic composition of plant transpiration (δT). To our knowledge, the xylem water isotope probe by 
Volkmann et al. (2016) is the only promising method to obtain non-destructive measurements of δT. It 
avoids the problem of non-natural environmental conditions inside plant chambers, but due to the 
relatively large probe head (10 cm in outer diameter) this method can only be applied to trees. In future 
studies, the diameter of the probe head should be decreased in order for this technique to be usable for 
medium-sized plants like maize and, on longer term, thin-stem (cereal) plants. 
Half-hourly values of the isotopic composition of evapotranspiration (δET) could be practicably obtained 
from eddy covariance measurements and high-flow laser spectroscopy. The technique is already 
available and Griffis et al. (2010) proved the high potential of this measurements, but the majority of the 
reviewed studies (30 out of 31) use other techniques (e.g. Keeling (1958) plot approach or chamber 
measurements) instead. The main reason for this is that high-flow laser spectroscopy instruments are 
expensive and still under development. Nevertheless, for further studies this method is the most 
promising approach for automatized measurements of δET.  
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Chapter 5 
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5.1 Synopsis 
The aim of this thesis was to improve the understanding of water vapor ecosystem fluxes by the use of 
stable isotopologues with the main focus on the use of the gas-permeable tubing for non-destructive 
long-term monitoring of the isotopic composition of soil water vapor. Additionally, we evaluated actual 
measurement techniques which are used in isotope-based ET partitioning studies. For this, the results of 
three work packages, which resulted in three publications, were presented in chapters 2 to 4.  
First, we presented the results of three semi-controlled bare soil laboratory experiments to investigate 
the kinetic fractionation factor (αK) in Chapter 2. The soil water isotopic composition was monitored 
non-destructively by the use of gas-permeable tubing (Rothfuss et al. 2013). The soil column experiments 
differed in their soil water content (Experiment 1:  θ = θsat = 0.45 m3 m–3, Experiment 2: θ = 0.25 to 0.22 
m3 m–3, Experiment 3: θ = 0.38 to 0.32 m3 m–3) and aerodynamic conditions (Experiment 1 and 2: 
laboratory air, Experiment 3: laboratory air + 2H2O vapor labeling pulse). In combination with 
meteorological measurements we were able to determine αK from the Craig and Gordon (1965) model 
with two different approaches. The first approach used the Keeling (1958) plot for the determination of 
the isotopic composition of the evaporated water vapor (δE). With this, the rearrangement of the well-
known Craig and Gordon (1965) model equation for the determination of αK, derived from δE, was 
possible (CG65). The second approach was independent of the determination of δE. Here the αK values 
were fitted against the slope of the soil evaporation line in a dual isotopic coordinate system (G71). The 
results of CG65 showed that the application of the Keeling (1958) plot in the laboratory was related to 
high uncertainties which finally resulted in  a higher accumulated uncertainty of the αK values compared 
to G71. Especially the estimates for 𝛼K
2H  were outside the theoretical range proposed by Dongmann et 
al. (1974) or Mathieu and Bariac (1996), which could be explained by greater analytical memory effects 
(depending on the combination of flow rate and tubing length) of δ2H compared to δ18O. The C71 
approach is independent of the estimation of δE and showed a good agreement with the values from 
Mathieu and Bariac (1996). The small discrepancies between these two estimates indicate that the 
turbulent transport of water vapor still plays an important role during the evaporation process, even at 
soil water content below saturation.  
The non-destructive gas-permeable tubing enables continuous long-term experiments in the laboratory 
to better characterize αK. This method can also be used in the field for long-term monitoring during ET 
partitioning studies. Chapter 3 presents the application of this non-destructive on-line method, based on 
microporous gas-permeable tubing by Rothfuss et al. (2013), during a field ET partitioning campaign in 
sugar beet. Until then, this method was only applied in the laboratory, whereas other studies (Volkmann 
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and Weiler 2014, Gaj et al. 2016) already applied similar methods (using gas-permeable material in soil 
gas probes) in the field. The measurements were conducted on three different days (D1: 29th of May 
2017, D2: 13th of July 2017 and D3: 21st-22nd of August 2017) at the TERENO research site Selhausen 
(North Rhine-Westphalia, Germany) on an agricultural field. To evaluate the method, we compared T/ET 
estimates from the non-destructive soil profiles with the commonly used destructive soil sampling, and 
to a combination of micro-lysimeter and EC measurements. The results showed that only small 
differences were found between transpiration fraction (T/ET) estimates obtained from the gas-permeable 
tubing or soil sampling (on average 0.01 for δ2H and 0.02 for δ18O) despite the significant differences of 
the computed δE (maximum differences were 12.7 ‰ for δ2H and 9.3 ‰ for δ18O). This discrepancy is 
in line with the results of Orlowski et al. (2016a) and (2018), where differences between measurement 
techniques and water extraction methods were analyzed. However, the mean absolute deviations of the 
isotope-based T/ET estimates to those of the EC and micro-lysimeter techniques were more than three 
times higher. During the measurement days we observed that the soil surface from the micro-lysimeters 
dried faster than the surrounding soil surface, which indicates a slight overestimation of the evaporation 
flux. Therefore, the T/ET estimates obtained from the isotope-based partitioning appeared more 
plausible.    
As already mentioned, similar methods also used microporous gas-permeable material to measure the 
isotopic composition of the soil water vapor. To discuss the actual progress and challenges within 
isotope-based ET partitioning studies, we presented a review of 31 publications in Chapter 4. From the 
literature review we concluded that microporous gas-permeable material is currently the most promising 
approach for continuous long-term measurements of δE. The measurement technique is easy to install 
but requires extensive additional equipment (e.g. mass-flow controller and dry air). One recent study 
(Volkmann et al. 2016) already demonstrated that this material is also suitable to measure the isotopic 
composition of xylem water in trees, which is equal to the isotopic composition of the transpired water 
vapor (δT) under steady-state conditions (Yakir and Sternberg 2000). But both methods are still under 
development and need more evaluation in the laboratory as well as under field conditions. Continuous 
measurements of the isotopic composition of the evapotranspiration water vapor flux (δET) are currently 
possible by using a high-frequency laser spectrometer in combination with EC measurements. Griffis et 
al. (2010) already proved that this method has a great potential for long-term monitoring at 
meteorological flux stations. Unfortunately, up to now only two companies provide high-frequency laser 
spectrometers, which are expensive and still under development. These new measurement techniques 
are costly but have the potential to provide sub-daily isotopic flux data.    
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5.2 Synthesis 
76 % of the reviewed studies presented in Chapter 4 use the Craig and Gordon (1965) model for the 
calculation of the isotopic composition of evaporated water vapor. This model requires simultaneous 
measurements of many different variables, such as soil temperature, relative humidity, isotopic 
composition of the atmospheric water, isotopic composition of the liquid soil water, and the choice of 
the kinetic fractionation factor. While the meteorological measurements (temperature, relative humidity) 
are easy to obtain, especially the measurement of the isotopic composition of the liquid soil water is 
subject to higher uncertainties. One important aspect is a correct estimate of the depth of the evaporation 
front. For this the soil is usually sampled with a soil auger to obtain isotopic soil profiles, but soil 
sampling is a destructive method and therefore not suitable for long-term monitoring.       
The gas-permeable tubing of Rothfuss et al. (2013) allows the measurement of the isotopic composition 
of the liquid soil water in a non-destructive manner and was already successfully applied during 
laboratory experiments by Gangi et al. (2015), Rothfuss et al. (2015) and during the laboratory 
experiment presented in Chapter 2 (Quade et al. 2018). Other studies (Volkmann and Weiler 2014, Gaj 
et al. 2016) developed similar methods, using soil water probes with gas-permeable material as probe 
heads. The review presented in Chapter 4 suggests that these methods are the most promising approaches 
for the field long-term monitoring. First, Rothfuss et al. (2013) tested the gas-permeable tubing in sand 
and provided a temperature-dependent correction for the conversion of the isotopic composition of the 
vapor to that of the liquid water phase. They also tested the method for a possible soil water content 
dependency but did not observe any. Oerter et al. (2017) tested the same gas-permeable tubing with a 
different set-up in different soil types and showed a dependency of the method on soil water and clay 
content (discussed in Chapter 2.4). During the laboratory experiment presented in Chapter 2 we could 
neglect a clay content dependency because the clay content was the same across all soil layers in the soil 
column as well as in the two soil standards which were used for calibration. Neglecting the clay content 
during the field study presented in Chapter 3 is also reasonable. Due to the fact that the farmer cultivates 
the field regularly with a chisel plough to a depth of 15 cm, differences in the clay content between 
different soil depths in this range are negligible. The soil standards used for calibration were filled with 
soil sampled at the test site from the upper 10 cm, which agrees with the deepest measurement depth. 
Volkmann and Weiler (2014) as well as Gaj et al. (2016) showed that their method allowed measurement 
of soil water vapor with high accuracy and precision. They did not evaluate the method in the laboratory 
and did not provide a correction for clay content or soil water content in their studies. Furthermore, they 
used the formulation of Majoube (1971) for the conversion of the vapor to the liquid isotopic 
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composition, whereas Rothfuss et al. (2013) already showed that the method needs a specific temperature 
correction which is in turn related to Majoube (1971).  
The results in Chapter 3 show that the application of the gas-permeable tubing by Rothfuss et al. (2013) 
is challenging under field conditions. Temperature differences between the soil and the atmosphere can 
cause condensation problems, which usually result in biased measurements. Compared to the soil probes 
by Volkmann and Weiler (2014) or Gaj et al. (2016), the tubing system has the great advantage that 
measurements at different depths are performed at one location. However, for long-term measurements 
the tubing connected from the buried, permeable tubes to the analyzer should be heated and insulated to 
avoid condensation. In addition, the tubing system should be flushed regularly with dry air to remove 
remaining water vapor from previous measurements.  
The choice of αK is another challenge in evapotranspiration partitioning studies. The laboratory 
experiment presented in Chapter 2 indicated that this factor is not a constant as assumed in the first 
studies by Craig and Gordon (1965) and Barnes and Allison (1983). Also, the factor does not only depend 
on the flow conditions as proposed by Dongmann et al. (1974). The results presented in Chapter 2 
indicate that αK depends on the soil water content as proposed by Mathieu and Bariac (1996) and on 
turbulent transport processes. During the first experiment presented in Chapter 2 αK estimates based on 
G71 (αK
2H = 1.0132 ± 0.0011, 𝛼𝐾
18𝑂 = 1.0149 ± 0.0012) varied without any significant trend in accordance 
with the values of Mathieu and Bariac (1996) (αK
2H = 1.0129 ± 0.0003, 𝛼𝐾
18𝑂 = 1.0146 ± 0.0003) under 
saturated soil conditions. During the second experiment (non-saturated conditions) mean αK estimates 
(αK
2H  = 1.0132 ± 0.0015,   𝛼𝐾
18𝑂 = 1.0149 ± 0.0012) were identical (without their standard deviation)  to 
the first experiment and differ slightly from the values of Mathieu and Bariac (1996) (αK
2H = 1.0185 ± 
0.0003, 𝛼𝐾
18𝑂 = 1.0209 ± 0.0003). However, a linear increase of 0.0001 per day was observed which 
indicated the influence of the drying soil surface on αK, but additionally the turbulent transport of water 
vapor plays an important role at soil water content below saturation. For the field study presented in 
Chapter 3, the αK values of Mathieu and Bariac (1996) were chosen because the results of the laboratory 
experiment presented in Chapter 2 indicated αK values close to those reported by Mathieu and Bariac 
(1996) under non-saturated soil conditions.  
45 % of the reviewed studies presented in Chapter 4 used the Keeling (1958) plot approach for the 
estimation of the isotopic composition of water vapor from evapotranspiration. This approach uses the 
linear regression of the isotopic composition of the atmospheric water vapor against the inverse water 
vapor mixing ratio to estimate the isotopic composition of water vapor from evapotranspiration. Without 
any representative vegetation, the Keeling (1958) plot approach estimates the isotopic composition of 
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the water vapor from soil evaporation. This was the case during the laboratory experiment presented in 
Chapter 2. However, using the Keeling (1958) plot approach with the laboratory set-up was challenging 
due to a compromise between the sampling duration of the atmospheric water vapor and flow rate. A 
greater sampling duration and flow rate minimized memory effects of the tubing system and instrument 
but could also lead to an overlap of neighboring sampling heights. To avoid an overlap in sampling, the 
optimal flow rate for a sampling duration of 15 min was calculated as 200 ml min–1 (by assuming a 
cylindrical air layer at each sampling height). However, measurements of δ2H suffered from stronger 
memory effects of the laser spectrometer than δ18O (Schmidt et al. 2010), which resulted in a systematic 
overestimation of 𝛼K
2H obtained from CG65 compared to the theoretical range of Mathieu and Bariac 
(1996). During the field study presented in Chapter 3, the air layer was always mixed by the wind which 
allowed for a short sampling sequence (here 6 min per height) at a high flow rate (3 l min–1).  
 
5.3 Conclusions and Outlook 
5.3.1 Perspective of the gas-permeable tubing 
The results from the laboratory experiment in Chapter 2, the field campaign in Chapter 3 and the 
literature review in Chapter 4 showed that the gas-permeable material is the most promising approach 
for non-destructive long-term monitoring of the soil water vapor. However, for further applications more 
tests are necessary. Oerter et al. (2017) showed a dependency of the method on the soil water and clay 
content, the former of which was not observed by Rothfuss et al. (2013). Additional studies should be 
conducted in which the gas-permeable tubing by Rothfuss et al. (2013) is tested in different soil types 
differing in their clay and soil water content to prove or disprove the findings of  Oerter et al. (2017). 
Furthermore, the method should be compared to other measurement techniques as described in Orlowski 
et al. (2016a) and Orlowski et al. (2018) to investigate the offsets between the different measurement 
techniques and to enhance comparability to other studies. Finally, the influence of roots which are 
growing around the tubing system should be investigated to be sure that that the sampled water vapor 
originates from the soil at this depth and not from the root which might have access to deeper soil layers.  
 
5.3.2 Investigation of the kinetic fractionation factor 
The results of the laboratory experiments with bare soil presented in Chapter 2 indicate that further 
investigations of the temporal dynamics of αK are urgent. More bare soil laboratory experiments under 
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controlled atmospheric conditions should be conducted. For this, closed chambers like in Braud et al. 
(2009a) and Rothfuss et al. (2010) could be used. Using a chamber has the advantage of a controlled 
input of the isotopic composition of the atmospheric water vapor. By this, the fast changes in the isotopic 
composition of the atmospheric water vapor observed in the semi-controlled experiments in Chapter 2 
can be avoided. This would decrease the uncertainty of the Keeling (1958) plot approach within the 
laboratory set-up and improve the αK values obtained from CG65. In a second experiment, fast changes 
of the isotopic composition of the atmospheric water vapor could be simulated to identify the influence 
on αK. Finally, similar experiments should be conducted in the field under natural conditions to compare 
the results with the laboratory experiments and identify other influencing factors of αK (e.g., wind).  
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Appendix A. Example of measuring sequence 
An example of one measuring sequence (performed on day of experiment – DoE 14) is shown 
in Fig. A1. The isotopic compositions were measured in the vapor stream collected from soil 
across depths (–0.57 to –0.01 m), of both standards (“STD1” and “STD2”), and in the 
atmosphere column across heights (0.01 to 1.00 m). To avoid overlapping sampling inside the 
atmosphere column measuring time fast set to a maximum of 15 minutes. Figure A1 highlights 
the steady behavior of soil water vapor measurements and, in contrast, the fluctuations of the 
atmospheric vapor measurements.   
 
 
Figure A1 
Water vapor mixing ratio (in ppmV) and isotopic composition (δ2H and δ18O in ‰) of the water vapor sampled on 
Day of Experiment 14 from the ambient air “atm”, both standards (“STD1” and “STD2”) and soil depths (“soil”), 
the numbers representing the depth/high regarded to the soil surface 
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Appendix B. Example of Keeling plot regression lines on DoE 73  
An exemplarily Keeling plot is shown in Figure B1 where measurements of the mixing ratio (MR) and 
isotopic composition (δ2H and δ18O) of the soil water vapor sampled inside the air column are plotted 
against each other. The isotopic composition of Evaporation (δE) is obtained from the value of the y-
intercept of the linear regression (δcol vs. 1/MRcol). 
 
Figure B1 
Linear Regression line (Keeling plot) of δ2H (left) and δ18O (right) against the inverse MR on Day of Experiment 
73, values for the y-Intercept (I), the coefficient of determination (R²) and the p-value are reported.   
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Appendix C: Error calculation on the kinetic fractionation factor αK 
The value for the kinetic fractionation factor 𝛼K is given by: 
𝛼𝐾 =
(𝛿s
l +1) 𝛼eq
i⁄ −ℎ′(𝛿a
 +1)
(1−ℎ′) (𝛿𝐸
 +1)
         (C1) 
The kinetic fractionation factor 𝛼𝑘 depends on errors made in the determination of the following 
variables: relative air humidity h’ normalized to the saturated vapor pressure (Psat [Pa]) 
(Soderberg et al. 2012) at the temperature of the evaporation front TEF and temperature 𝑇𝑎, as well 
as the isotopic compositions of soil evaporation 𝛿𝐸
  , atmospheric water vapor 𝛿a
  and soil water 
at the evaporation front 𝛿s
l . The equations for h’ and 𝛼eq
i  are given below: 
ℎ′ = ℎ
exp(13.7−
5120
𝑇𝒂
)
exp(13.7−
5120
𝑇EF
)
   and       (C2) 
𝛼eq
i = exp [− (
𝐴
𝑇EF
2 +
𝐵
𝑇EF
+ 𝐶)]        (C3) 
with constants 𝐴 = 1137, 𝐵 = −0.4156 𝑎𝑛𝑑 𝐶 = −0.0020667 for i = 18O and 𝐴 =
24844, 𝐵 = −76.25 𝑎𝑛𝑑 𝐶 = 0.05261 for i = 2H.  
We assumed that the errors of all measurements are independent so the standard error 𝜎𝛼𝑘
2  can 
be calculated as: 
𝜎𝛼K
2 =  (
𝜕𝛼K
𝜕ℎ
)
2
𝜎ℎ
2 + (
𝜕𝛼K
𝜕𝑇a
)
2
𝜎𝑇𝑎
2 +  (
𝜕𝛼K
𝜕𝑇EF
)
2
𝜎𝑇EF
2 +  
(
𝜕𝛼𝐾
𝜕 𝛿E
 )
2
𝜎 𝛿E 
2 +  (
𝜕𝛼K
𝜕 𝛿a
 )
2
𝜎 𝛿𝑎 
2 +  (
𝜕𝛼K
𝜕 𝛿s
l )
2
𝜎
 𝛿s
l
2       (C4) 
The first three partial derivate terms can be obtained using the chain rules: 
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𝜕𝛼K
𝜕ℎ
=
𝜕𝛼K
𝜕ℎ′
𝜕ℎ′
𝜕ℎ
           (C5) 
𝜕𝛼K
𝜕𝑇a
=
𝜕𝛼K
𝜕ℎ′
𝜕ℎ′
𝜕𝑇a
           (C6) 
 
𝜕𝛼K
𝜕𝑇EF
=
𝜕𝛼K
𝜕𝛼eq
𝜕𝛼eq
𝜕𝑇EF
+
𝜕𝛼K
𝜕ℎ′
𝜕ℎ′
𝜕𝑇EF
         (C7) 
with:  
𝜕𝛼K
𝜕ℎ′
=
(−𝛿a
 −1)
(1−ℎ′)(𝛿𝐸
 +1)
+
𝛿s
l +1
𝛼eq
−ℎ′(𝛿a
 +1)
(1−ℎ′)2(𝛿𝐸
 +1)
       (C5-1) 
𝜕ℎ′
𝜕ℎ
=  
exp(13.7−
5120
𝑇a
)
exp(13.7−
5120
𝑇EF
)
         (C5-2) 
𝜕ℎ′
𝜕𝑇a
= ℎ 
5120
(𝑇a
 )2 
exp(13.7−
5120
𝑇a
) 
exp(13.7−
5120
𝑇EF
)
          (C6-1) 
𝜕𝛼K
𝜕𝛼eq
=  
𝛿s
l +1
(ℎ′−1) (𝛿𝐸
 +1) 𝛼eq
i 2
         (C7-1) 
𝜕𝛼𝑒𝑞
𝜕𝑇EF
=  𝛼𝑒𝑞 (
2𝐴
𝑇EF
3 +
𝐵
𝑇EF
2 )         (C7-2) 
𝜕ℎ′
𝜕𝑇EF
= −ℎ 
5120
(𝑇EF
 )2 
exp(13.7−
5120
𝑇a
) 
exp(13.7−
5120
𝑇EF
)
       (C7-3) 
Combining equation C4-1 to C6-3 leads to 
𝜕𝛼K
𝜕ℎ′
=
exp(13.7−
5120
𝑇𝑎
)
exp(13.7−
5120
𝑇EF
)
 (
(−𝛿𝑎
𝑣−1)
(1−ℎ′)(𝛿𝐸
𝑣 +1)
+
𝛿𝑠
𝑙 +1
𝛼𝑒𝑞
−ℎ′(𝛿𝑎
𝑣+1)
(1−ℎ′)2(𝛿𝐸
𝑣 +1)
)     (C8) 
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𝜕𝛼K
𝜕𝑇𝑎
= ℎ 
5120
(𝑇𝑎
 )2 
exp(13.7−
5120
𝑇𝑎
) 
exp(13.7−
5120
𝑇EF
)
 (
(−𝛿𝑎
𝑣−1)
(1−ℎ′)(𝛿𝐸
𝑣 +1)
+
𝛿𝑠
𝑙 +1
𝛼𝑒𝑞
−ℎ′(𝛿𝑎
𝑣+1)
(1−ℎ′)2(𝛿𝐸
𝑣 +1)
 )    (C9) 
𝜕𝛼K
𝜕𝑇EF
=  
𝛿s
l +1
(ℎ′−1) (𝛿𝐸
 +1) 𝛼eq
i 2
 𝛼𝑒𝑞 (
2𝐴
𝑇EF
3 +
𝐵
𝑇EF
2 ) −   
 
exp(13.7−
5120
𝑇a
)
exp(13.7−
5120
𝑇EF
)
 (
(−𝛿a
 −1)
(1−ℎ′)(𝛿𝐸
 +1)
+
𝛿s
l +1
𝛼eq
i −ℎ
′(𝛿a
 +1)
(1−ℎ′)2(𝛿𝐸
 +1)
)  ℎ 
5120
(𝑇EF
 )2 
exp(13.7−
5120
𝑇a
) 
exp(13.7−
5120
𝑇EF
)
 (C10) 
 
The last first three partial derivate terms are given below: 
𝜕𝛼K
𝜕 𝛿𝐸
 =
(𝛿s
l +1) 𝛼eq
i⁄ −ℎ′(𝛿a
 +1)
(1−ℎ′) (𝛿𝐸
 +1)
2          (C11) 
𝜕𝛼K
𝜕 𝛿a
 =
−ℎ′
(1−ℎ′) (𝛿𝐸
 +1)
           (C12) 
𝜕𝛼K
𝜕 𝛿s
l =
1/𝛼eq
i
(1−ℎ′) (𝛿𝐸
 +1)
           (C13) 
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Appendix D: Calibration with the two standard vessels 
Figure D1 shows the dependencies of δ2H and δ18O raw readings (blue points) to water vapor mixing 
ratio (MR) of the laser spectrometer (L2120-i, Picarro, Inc.). Figure A1 also illustrates that these MR-
dependencies change with respect to the values of δ2H and δ18O raw readings. These relationships were 
determined by sampling and measuring from both soil water vapor standards (st1 and st2) and by fitting 
second order polynomial functions (black line) in the form “a.MR2 + b.MR + c” to the δ2H and δ18O raw 
readings (i.e., 𝜹𝟐𝑯𝐬𝐭𝟏,𝐫𝐚𝐰
𝐯  and 𝜹𝟏𝟖𝑶𝐬𝐭𝟏,𝐫𝐚𝐰
𝐯 , 𝜹𝟐𝑯𝐬𝐭𝟐,𝐫𝐚𝐰
𝐯  and 𝜹𝟏𝟖𝑶𝐬𝐭𝟐,𝐫𝐚𝐰
𝐯 ). In table A1 are reported the 
values of a, b, and c parameters for each polynomial function.  
Corrected isotopic composition values in some soil water vapor or atmospheric water vapor sample 
(𝜹𝐬𝐚𝐦𝐩𝐥𝐞,𝐜𝐨𝐫𝐫
𝐯 ) were computed from raw isotopic composition values (𝜹𝐬𝐚𝐦𝐩𝐥𝐞,𝐫𝐚𝐰
𝐯 ) using Eq. (A1):  
𝜹𝐬𝐚𝐦𝐩𝐥𝐞,𝐜𝐨𝐫𝐫
𝐯 = 𝜹𝐬𝐚𝐦𝐩𝐥𝐞,𝐫𝐚𝐰
𝐯 +
𝟏
𝟐
(𝜹𝒔𝒕𝟏
𝒗 (𝟏𝟎, 𝟎𝟎𝟎) − 𝜹𝒔𝒕𝟏
𝒗 (𝑴𝑹) + 𝜹𝒔𝒕𝟐
𝒗 (𝟏𝟎, 𝟎𝟎𝟎) − 𝜹𝒔𝒕𝟐
𝒗 (𝑴𝑹))  
          (A1) 
Equation (A1) makes the simple assumption that the dependency of 𝜹𝐬𝐚𝐦𝐩𝐥𝐞,𝐫𝐚𝐰
𝐯  to water vapor mixing 
ration is the average of those observed for standard 𝜹𝒔𝒕𝟏
𝒗  and 𝜹𝒔𝒕𝟐
𝒗 . 
 
Table D1  
Values of the parameters a, b, and c of the fitted second order polynomial equations (i.e., in the form “a .MR2 + 
b.MR + c”) 
parameter 
a [‰ ppmV-2] 
b [‰ ppmV-2] 
c [‰ ppmV-2] 
𝜹𝟐𝑯𝐬𝐭𝟏,𝐫𝐚𝐰
𝐯  
-1.53*10-8 
-5.71*10-4 
-151.00 
𝜹𝟏𝟖𝑶𝐬𝐭𝟏,𝐫𝐚𝐰
𝐯  
1.18*10-10 
-1.66*10-5 
4.93 
𝜹𝟐𝑯𝐬𝐭𝟐,𝐫𝐚𝐰
𝐯  
-5.45*10-9 
2.27*10-4 
-85.02 
𝜹𝟏𝟖𝑶𝐬𝐭𝟐,𝐫𝐚𝐰
𝐯  
2.42*10-9 
9.31*10-5 
-23.58 
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Figure D1  
Observed (blue points) and fitted (black lines) relationships between the hydrogen (panels a-b) and 
oxygen (panels c-d) isotopic compositions of the water vapor sampled from the soil standards 1 (panels 
a-c) and 2 (panels b-d) (𝛿𝑠𝑡1
𝑣  and 𝛿𝑠𝑡2
𝑣 ) with water vapor mixing ratio (MR). 
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Appendix E: Overview on the reviewed studies 
In total 31 published studies were reviewed. These studies were found by entering the term: 
((“evapotranspiration” or “transpiration” or “evaporation”) and partition* and isotop*) into the ISI Web 
of Science search engine (www.webofknowledge.com). 
Table E1 
List of Symbols and Abbreviations used in Table E2 
Symbol Description Unit 
Abbrevia
-tions 
Description 
Ty 
temperature of the y = 
a: atmosphere 
s: soil 
c: canopy 
w: water 
l: leaf 
°C AWV (X) 
atmospheric water vapor at X 
m height 
e vapor pressure Pa SS (X) soil samples at X cm depth 
rh relative humidity  % XS xylem-samples 
θs  soil volumetric water content  m3/m3 STS stem-samples 
θL leaf water content Vol% WS water samples 
v wind speed m s-1 PS precipitation samples 
vd wind direction ° IS irrigation samples 
P Precipitation mm m–2 LS leaf samples 
p pressure hPa T transpiration 
Rn net radiation W m–2 E evaporation 
Rs solar radiation W m–2 ET evapotranspiration 
Rd radiation flux density W m–2   
LET  latent heat flux of evapotranspiration  W m–2   
Qs sensible heat flux W m–2   
F sap-flux m3 m–2 s–1   
ELys soil evaporation (micro-lysimter) mm d–1   
Epot potential evaporation mm d–1   
Trate transpiration rate mmol m–2s-1   
PPFD photosynthetic photon flux density μmol s–1 m–2   
LAI leaf area index m2 m–2   
Pc plant cover fraction -   
EC electrical conductivity  S m−1   
gl leaf stomatal conductance -   
NEE net ecosystem exchange -   
δy 
isotopic composition of y = 
a: atmospheric water vapor 
L: leaf water 
x: xylem water 
s: source water 
st: stem water 
sw: soil water 
w: surface water 
P: precipitation water 
I: irrigation water 
‰   
T/ET transpiration fraction %   
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Table E2  
Overview of the reviewed studies that use water stable isotopologues for partitioning evapotranspiration. This set of studies can be found, and further progress monitored, 
by entering ((“evapotranspiration” or “transpiration” or “evaporation”) and partition* and isotop*) into the ISI Web of Science search engine (www.webofknowledge.com) 
Author 
(Year)  
Journal Aim 
Field, 
Lab or 
Model  
Region, 
Land 
Ecosystem 
Climate, 
Ta 
P-amount 
Isotopic 
measure- 
ments 
addition
al 
measure-
ments 
Timescale δET δT δE T/ET 
Walker 
and Brunel 
(1990) 
Journal of 
Hydrology 
examining the isotopic 
composition of water 
in the major parts in 
the soil-plant-
atmosphere continuum 
Field Hincks 
Conservation 
Park, 
Australia, 
 
Eucalyptus 
mallee, 
69% veg. 
31 % bare 
soil 
 
semiarid, 
30°C (Jan) 
 23.6 °C 
(Mar) 
400 mm  
(annual) 
AWV 
(2.25, 4.5, 
9), SS, LS, 
STS, 
TS, rh, Ta, 
TL, Trate 
Daily 
Jan 16-19 
1988,  
Mar 7-15 
1988, 
 Craig and 
Gordon 
(1965) 
model  
(NSS) and 
leaf and 
steam water 
(ISS) 
 
Craig and 
Gordon 
(1965) 
model 
T has the largest contribution to 
ET  
Brunel et 
al. (1997) 
Journal of 
Hydrology 
- determine possible 
sources of water used 
by the vegetation 
- partition ET 
Field Sahel, Niger,  fallow 
bushland of 
woody 
shrubs,  
20 % 
vegetation 
 
semiarid AWV (3, 6, 
12), SS (0-
120, 10 cm 
intervals), 
PS,STS 
F, Ta, rh, 
Ts, θs 
Daily 
Jul 18-30 
92 
 
mass-
balance 
stem water 
(ISS) 
Craig and 
Gordon 
(1965) 
model 
Mean: 21 % 
Wang and 
Yakir 
(2000) 
Hydrological 
Processes 
using stable isotopes 
in ET studies 
 
Field Israel, arid wheat,  
 
 AWV (0.8, 
0.9, 1.7, 
2.5, 3.4, 7) 
LS,STS, SS 
 
 
TS, rh, Ta Feb 18, 20,  
Mar 23 
1994 
 
Keeling 
(1958) plot 
stem water 
(ISS) 
Craig and 
Gordon 
(1965) 
model 
Maximum value:  
98.5– 96.5 % 
during midday 
Ferretti et 
al. (2003) 
Plant and Soil - influence of 
precipitation variations 
on E and T 
- evaluate if elevated 
CO2 can reduce T 
Field Colorado, 
USA, 
 
shortgrass 
steppe 
semiarid, 
15.6 °C 
(summer)  
0.6 °C 
(winter), 
320 mm  
(annual) 
 
SS (1, 3, 5, 
7, 10, 25, 
50), PS 
Bowen 
Ratio, Ta, 
Ts, θs, Rn 
Monthly 
May to Jun 
99, Feb to 
Oct 00 and 
Apr to Oct 
01  
 
chamber 
(mass-
balance) 
chamber 
(mass-
balance, 
NSS) 
chamber 
(mass-
balance) 
Range:  
10 – 100 %  
100 % in Nov 99, Jun – Aug 
00, Jun 01, Sep 01, 10 % in 
Mar 00 
Yepez et 
al. (2003) 
Agricultural 
Forest  
Meteorology 
partition ET into EV 
and T and test the 
validity of the 
approach 
Field Arizona, 
USA, 
 
savanna 
woodland 
(mesquite, 
grass)  
LAI: 1.6 
(Jul) 
 
semiarid, 
24.8 °C 
(Jul),  
343 mm 
(annual) 
AWV (0.1, 
0.5, 1, 3, 
4.6, 6, 8, 
10, 12, 14), 
SS (0-10), 
STS 
Ta, rh, v, 
vd, Ts, Rs, 
LAI 
Sep 22 01 
 
Keeling 
(1958) plot 
stem water 
(ISS) 
Craig and 
Gordon 
(1965) 
model 
85 ±6 % (δ2H) 
88 ±5 % (δ18O) 
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Author 
(Year)  
Journal Aim 
Field, 
Lab or 
Model  
Region, 
Land 
Ecosystem 
Climate, 
Ta 
P-amount 
Isotopic 
measure- 
ments 
addition
al 
measure-
ments 
Timescale δET δT δE T/ET 
Williams 
et al. 
(2004) 
Agricultural 
Forest 
 Meteorology 
- utility the Keeling 
plot for ET-
partitioning 
- evaluate 
consequences of plant 
functional  
heterogeneity for 
upscaling sap flux 
Field Marrakech, 
Morocco, 
 
Agdal olive 
orchard, 
 400 trees 
per ha 
semiarid, 
253 mm P 
AWV (0.1, 
1.2, 3.7, 
6.4, 8.9), SS 
(0-2, 20-
30), STS 
LET, Qs, 
v, vd, Ta, 
rh, Rs, Ts, 
F, 
Twice daily  
Oct 27 – 
Nov 11 02 
 
Keeling 
(1958) plot 
stem water 
(ISS) 
Craig and 
Gordon 
(1965) 
model 
prior irrigation: 100% 
following irrigation: 69-85 % 
Yepez et 
al. (2005) 
Agricultural 
Forest  
Meteorology 
- present a static, plot-
scale gas exchange 
chamber 
- demonstrate 
applicability of the 
method 
Field Arizona, 
USA, 
 
grassland  
E.lehman-
niana  
LAI: 0.66, 
H.contortus 
LAI: 0.37 
semiarid,  
irrigation 
pulse of 
39 mm at 
Jun 12 
 
AWV, SS 
(0-2, 2-4, 
4-6, 6-10, 
10-20, 
20-30), LS 
Ta, rh, 
LAI, Tc, 
gl, e  
twice 
Daily, 
Jun 12 – 27  
 
chamber 
(Keeling 
1958 plot)  
Farquhar 
and 
Cernusak 
(2005) 
(NSS) 
Craig and 
Gordon 
(1965) 
model 
Day 1:  35 ±7 %, Day 3: 43 ±8 
%  (after irrigation), Day 7: 22 
±5 % 
Lee et al. 
(2007) 
Global 
Biogeochemi
cal Cycles 
- quantify how 
environmental 
variables influ-ence 
temporal variation of 
δT 
- investigate temporal 
dyna-mics of forest 
water use 
Field Connecticut, 
USA  
mixed 
forest (red 
maple, 
eastern 
white pine, 
beech, 
hemlock) 
7 °C 
(annual),  
1330 mm 
(annual) 
 
AWV 
(21.7, 
30.7), PS, 
WS, SS(0-
5), STS 
Ta, rh, 
LET, Qs, 
ELys, v, 
vd, P, Rs, 
Rn 
Daily, 
May 20 – 
Oct 17, 
 
flux 
gradient 
Craig and 
Gordon 
(1965) 
model 
(NSS) 
Craig and 
Gordon 
(1965) 
model 
70 % 
Xu et al. 
(2008) 
Botanical 
Studies 
determination of the 
relative contribution of 
EV and T to ET 
Field Balang 
Mountain 
China, 
 
subalpine 
shrubland, 
LAI: 2.05 
semiarid,  
3°C 
(annual) 
710 mm 
(annual) 
AWV( 0.1, 
0.5, 1.5, 
2.0, 3.0), 
SS( 0-10), 
STS 
P, v, Epot, 
PPFD, p, 
Ts, Ta, rh,  
LAI 
Jun 
21,24,25 
06, 
 
Keeling 
(1958) plot 
steam water 
(ISS) 
Craig and 
Gordon 
(1965) 
model 
Jun 21: 74.5 ±9.9 % 
Jun 24: 65.6 ±8.3 % 
Jun 25: 96.9 ±2.0 % 
Wenninger 
et al. 
(2010) 
Physics and 
Chemistry of 
the Earth 
- improve hydrological 
process under-standing 
of 
water transport and 
evaporation 
- quantify 
ground/canopy T/ET 
 
 
Lab Delft, Nether-
lands 
1. bare soil 
1. Teff 
– SS(1.7, 5.1, 
9.4, 1.45, 
2.2) 
Ts, θs, EC Daily 
Feb 2 – 26 
09 
 mass-
balance 
(ISS) 
mass-
balance 
70 % 
Wang et 
al. (2010) 
Geophysical 
Research 
Letters 
- develop and evaluate 
a new ET partitioning 
technique 
Lab 
(Class-
house) 
Arizona, USA 
 
mesquite 
tree (25 %, 
50%, 75%, 
100% 
woody 
cover) 
– AWV (0.5, 
1.0, 2.0), IS 
Ta, rh, Ts hourly, 
Sep – Oct 
08 
39°C 
Keeling 
(1958) plot 
1. custo-
mized leaf 
chamber 
2. standard 
leaf 
chamber 
(NSS)  
Craig and 
Gordon 
(1965) 
model 
Woody cover 25 % -100 %:  
61 % – 83 % 
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(Year)  
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Field, 
Lab or 
Model  
Region, 
Land 
Ecosystem 
Climate, 
Ta 
P-amount 
Isotopic 
measure- 
ments 
addition
al 
measure-
ments 
Timescale δET δT δE T/ET 
Rothfuss et 
al. (2010) 
Hydrological 
Processes 
- partition ET during 
the growth of tall 
fescue cover 
- establish bare soil 
steady state isotopic 
profiles 
Lab, 
(Cham-
ber) 
Paris, France fescue 
cover, 
LAI 
increased 
from 0 to 
3.9 
– AWV, WS, 
XS 
Ta, rh, θs, 
LAI 
Apr 8, 20 
Mai 2, 10, 
17 
25 °C 
condensed 
water 
xylem 
water (ISS) 
input water  LAI 0: 0 %,  
LAI 0.4: 6 %, 
LAI 1.2: 17 %, 
LAI 1.6: 30 %,  
LAI 3.9: 95 % 
Griffis et 
al. (2010) 
Boundary-
layer 
Meteorology 
Determining δET via 
EC meas. 
Field Minnesota, 
USA 
corn (2008) 
soybean 
(2009) 
 AWV (0.1, 
0.85, 1.85, 
2.7) PS, SS, 
XS, IS 
v, vd, Ta, 
rh 
Daily, 
Aug 08 – 
Sep 19 08, 
Jun 19 – 
Aug 31 09 
Eddy 
covariance 
xylem 
water (ISS) 
Craig and 
Gordon 
(1965) 
model 
 
Zhang et 
al. (2011) 
Journal of 
Hydrology 
- first use of hybrid 
micrometeorological / 
isotopic approach in 
the North China Plain 
- quantifying soil 
water contribution to E 
and T 
Field North China  
Plain, China, 
 
irrigated 
winter 
wheat,  
LAI 2.6 
semiarid 
12 °C 
(annual), 
480 mm 
(annual) 
AWV (0.1, 
3, 10), SS 
(20, 30, 40, 
60, 80, 100) 
STS,PS 
θs, Ta, rh, 
LET, ELys, 
LAI, 
water 
table 
6 days 
between: 
Mar 01 – 
Jun 04 09, 
 
Keeling 
(1958) plot 
stem water 
(ISS) 
Craig and 
Gordon 
(1965) 
model 
DOY 138: 83 % 
DOY 149: 60% 
Sutanto et 
al. (2012) 
Hydrology 
Earth System 
Sciences 
partitioning ET into 
EV and T under 
consideration of 
interception 
 
Lab 
Model 
Delft, 
Netherlands 
grass-
covered 
lysimeter 
– SS (3.5, 10, 
16.5, 23, 
36.5) 
θs, EC, Ts 
rh, Ta, v, 
Rs, EVLys 
Percu-
lation 
hourly, 
Nov 06 10 
– Jan 31 11 
 mass-
balance 
(ISS) 
mass-
balance  
isotope: 83% 
HYDRUS 1D: 67% 
Wang et 
al. (2013) 
Geochimica 
et 
Cosmochimic
a Acta 
- evaluate isotope 
based ET partitioning 
methods 
- partition ET 
- asses influence of 
warming to ET flux 
Field Oklahoma, 
USA, 
 
grassland 
1. control 
treatment 
(CT) 
2. warming 
treatment 
(WT), 
 
semiarid, 
16 °C 
(annual), 
911 mm 
(annual) 
AWV,  
SS (0-2) 
Ta, rh, Ts, 
θs 
May 31, 
Jun 03, 05, 
07, 08 11, 
 
chamber 
(Keeling 
1958 plot) 
1. chamber 
(Keeling 
(1958) plot 
and mass-
balance 
,NSS) 
2. source 
water (ISS) 
1. bare soil 
chamber 
(Keeling 
(1958) plot 
and mass-
balance) 
2. Craig 
and Gordon 
(1965) 
model 
chamber: 
CT 65%, 
WT 77 % 
Craig and Gordon (1965): 
CT 83% 
WT 86 % 
Dubbert et 
al. (2013) 
Journal of 
Hydrology 
* testing the Craig and 
Gordon (1965) model 
against  
directly measured δEV 
* quantify T/ET 
Field Central 
Portugal 
open cork-
oak 
woodland 
Mediterran
ean, 
15.9 °C 
(annual) 
680 mm 
(annual) 
 
AWV,  
SS (0.5, 2, 
5, 10, 15, 
20, 40) 
PPFD, P, 
Ta, rh, Ts, 
θs 
hourly, 
Apr 08, 12, 
18, 26, May 
02 11  
chamber 
(mass-
balance) 
modelled 
with 
Dongmann 
et al. 
(1974) and 
Craig and 
Gordon 
(1965) 
model from 
soil water 
(NSS) 
1. Craig 
and Gordon 
(1965) 
model 
2. chamber 
(mass-
balance) 
 
Apr 08 + 12: 
approx. 80 % 
Apr 18 + 26: 
approx.  50% (after rainfall 
event) 
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Climate, 
Ta 
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Isotopic 
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ments 
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al 
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ments 
Timescale δET δT δE T/ET 
Sun et al. 
(2014) 
Agricultural 
Forest 
Meteorology 
- calculate δT under 
NSS 
- quantify T/ET 
- investigate influence 
of foreign vapor on ET 
partitioning 
Field Yellow River 
Xiaolangdi 
forest, China 
Chinese 
cork oak,  
96 % 
vegetation 
13.4 °C 
(annual) 
643 mm 
(annual) 
AWV (0.1, 
11, 18) 
SS (0-5, 5-
10), LS, STS 
 
Ta, rh, v, 
vd, θs, TL, 
gL 
Sep 11, 14, 
17, 20 
 
Keeling 
(1958) plot 
Craig and 
Gordon 
(1965) 
model 
(NSS) 
Craig and 
Gordon 
(1965) 
model 
Sep 11 : 91.10 % 
Sep 14:  86.30 % 
Sep 20: 85.37 % 
Good et al. 
(2014) 
Water 
Resources 
Research 
compare partitioning 
estimates to scaled 
leaf-level 
measurements of T as 
well as flux-variance 
similarity partitioning 
 
Field Mpala 
Research 
Center, 
Kenya 
grassland 
0% green 
leaf 
coverage 
on Feb 7, 
max 
approx. 
10% on Feb 
16 
arid 
30 mm 
Irrigation + 
6.7 mm 
rain 
AWV (0.4), 
SS (1, 5, 10, 
20), LS, PS, 
IS 
 
LAI, Ta, 
Pc, Ts, θs 
Rn, LET, 
Qs 
hourly 
Feb 7 – 21 
2011 
Keeling 
(1958) plot 
leaf 
chamber 
(NSS) 
Craig and 
Gordon 
(1965) 
model 
29 ± 5 % (mean) 
40 % (max) 
  
Hu et al. 
(2014) 
Journal of 
Geophysical 
Research: 
Biogeoscienc
es 
- compare traditional 
δT estimates of with 
new model from this 
study 
- diagnose effect of 
soil sampling at 
different depths 
- explore potential 
uncertainties in ET 
partitioning 
 
Field Mongolia, 
China 
grassland, 
LAI ranged 
between 0.4 
and 0.55 
(approx.) 
semiarid, 
2.1 °C 
(annual) 
18.9 °C 
(Jul) 
–17.5°C 
(Jan)  
383 mm 
(annual) 
AWV (0.7, 
1.7) 
SS (5, 15, 
25), LS, STS 
LET, Ta, 
Tc, Ts, θs, 
p, LAI 
hourly 
Jun 27, Jul 
22, 26, Aug 
7, 11, 12 
2009 
flux 
gradient  
Craig and 
Gordon 
(1965) 
model 
(NSS) + 
LAI 
depending 
model 
Craig and 
Gordon 
(1965) 
model 
83 % (mean) 
Dubbert et 
al. (2014) 
Frontiers in 
Plant Science 
disentangle vegetation 
effects on water and 
carbon  
fluxes, soil 
evaporation, and 
influence of vegetation 
on rain infiltration 
Field Central 
Portugal 
open cork-
oak 
woodland, 
LAI 1.05 
Mediterran
ean, 
15.9 °C 
(annual) 
680 mm 
(annual) 
 
  
AWV (2), 
SS (0-0.5, 
2,5, 10, 15, 
20, 40), PS 
PPFD, P, 
Ta, rh, Ts, 
θs, LET, 
NEE, LAI 
daily 
22 / 26 
days 
between 
Apr 7 – 
Mai 5, May 
23–Jun 6, 
Sep 11–23, 
Oct 23 – 
Nov 22 
2011 
 
chamber 
(mass-
balance) 
modelled 
with 
Dongmann 
et al. 
(1974) and 
Craig and 
Gordon 
(1965) 
model from 
soil water 
(NSS) 
Craig and 
Gordon 
(1965) 
model 
May: 68 % 
June: 84 % 
fall: 45 % 
Wei et al. 
(2015) 
Water 
Resources 
Research 
- identify temporal 
characteristics  
- partition ET 
- explore potential 
uncertainties in ET 
partitioning 
Field Tsukuba, 
Japan 
rice paddy 
field, 
LAI 0 (May 
1) 
LAI 5.5 ( 
Jul 15) 
13.7 °C 
(annual) 
1200 mm 
(annual) 
AWV (2), 
WS 
Ta, rh, 
LET, LAI 
hourly / 
daily 
Jun – Aug 
2013 
May – Jun 
2014 
Keeling 
(1958) plot 
pone water 
(ISS) 
Craig and 
Gordon 
(1965) 
model 
range: 2 – 100 % 
47 % (May) 
79 % (Jun) 
98 % ( Jul) 
94 % (Aug)  
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(Year)  
Journal Aim 
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Climate, 
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al 
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ments 
Timescale δET δT δE T/ET 
Wang et 
al. (2015) 
Agricultural 
Forest 
Meteorology 
- couple isotopic 
fractionation  process 
in SPAC model 
. test performance of 
the ISO-SPAC model 
. examine validity of 
ET partitioning 
 
Field 
Model 
Tsukuba, 
Japan 
grassland 
(mowed 
two times a 
year) 
LAI range: 
0.01 – 2.58 
mean: 1.38 
14.1 °C 
(annual) 
1159 mm 
(annual) 
AWV (0.1, 
0.5-0.7, 
1.6-2.0), 
LS, STS, 
SS(5 
depths)  
θs, TL, gL, 
LAI, θL, 
Rn, Rs, 
LET, Ta, 
rh, Ts, Qs 
weekly, 
Apr – Sep 
2011 
Keeling 
(1958) plot 
modelled 
from xylem 
and leaf 
water 
(NSS) with 
3 different 
models 
Craig and 
Gordon 
(1965) 
model 
range: 2 – 99 % 
ISO-SPAC:   
84 ±  % 
Isotope:  
84 % 
Berkelham
mer et al. 
(2016) 
Global Bio-
chemical 
Cycles 
comparison of 
independent 
approaches to estimate 
T/ET 
Field 
Model 
Rocky 
Mountains 
National 
Park, USA 
- subalpine 
mixed  
coniferous 
forest  
LAI 4.2 
(US-NR1) 
- open 
canopy 
forest  
LAI 1.2  
(MEF) 
US-NR1:  
14 °C 
(July), 
 884 mm 
(annual) 
MEF: 
19 °C 
(July) 
430 mm 
(annual) 
US-NR1: 
AVW (10, 
15, 20); 
MEF: 
AVW (12, 
17.7, 25.1); 
SS,XS,LS 
Qs, LET, 
VPD, Ta, 
θs, GPP, 
LAI 
daily, 
US-NR1: 
fall 2011 
MEF: May 
– Sep 2011 
modified 
Keeling 
(1958) plot 
(Noone et 
al. 2013) 
Craig and 
Gordon 
(1965) 
model 
(NSS) 
Craig and 
Gordon 
(1965) 
model 
MEF:  
49 ±23%  
US-NR1: 62 ±27%  
Aouade et 
al. (2016) 
Agricultural 
Forest 
Meteorology 
- partitioning of 
available energy 
- estimating the total 
amount of EV, T and 
ET with isotopic 
measurements 
Field Haouz plain, 
Marocco 
irrigated 
winter 
wheat 
LAI 0 – 1.2  
semiarid, 
240 mm 
(annual) 
AWV (0, 
0.4/0.9, 2, 
3m, SS (0-
10: 2cm 
interval, 
10-70: 10 
cm interval, 
STS 
Rs, Ta, p, 
v, P, rh, 
Pc, LAI, 
Ts, θs 
daily 
Feb 22, 23, 
34 2012 
Apr 11 12 
2013 
Keeling 
(1958) plot 
stem water 
(ISS) 
Craig and 
Gordon 
(1965) 
model 
after irrigation:  69 %  
prior irrigation: 80 % 
Wen et al. 
(2016) 
Agricultural 
Forest 
Meteorology 
- characterize the 
ecosystem water pools 
- characterize temporal 
dynamics of EV, T, ET 
and T/ET 
Field Heihe River 
Basin, 
China 
spring 
maize, 
LAI 5.6 
(max) 
arid, 
74. °C 
(annual), 
129.7 mm 
(annual) 
AWV 
(0.5,1.5), SS 
(0-5,5-
10,10-80: 
10 cm 
interval), 
STS, LS, WS 
(rain, dew, 
irrigation) 
Ta, rh, v, 
P, Ts, θs, 
ELys, LET, 
LAI 
daily 
May 27 – 
Sep 22 
2012 
flux 
gradient  
 
Craig and 
Gordon 
(1965) 
model 
(NSS) 
+ LAI 
depending 
model 
Craig and 
Gordon 
(1965) 
model 
isotope-based :  
87 ±5 % 
lysimeter-based: 
86 ±6% 
Lu et al. 
(2017) 
Agricultural 
Water 
Management 
use of customized T, 
EV and ET chambers 
to measure 
their δ-value and 
estimate T/ET 
Field California, 
USA 
Dessert 
Valley: 
forage 
sorghum 
LAI 0.5 – 
1.5  
arid 
22.4 °C 
(annual), 
12.6 °C 
(Jan),  
32.9 (Aug) 
80.3 mm 
(annual) 
AWV Rs, v, Ta, 
rh, P, Ts, 
LET, LAI 
daily 
Jul 24, 28, 
30, Aug 4, 
6, 7 2014 
chamber 
(mass-
balance) 
chamber 
(NSS) 
chamber 
(mass-
balance) 
46 ±5.6 % 
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Wu et al. 
(2017) 
Journal of 
Hydrometeo-
rology 
- refine and verify 
flow-through chamber 
method 
- identify temporal 
characteristics 
- quantify T/ET 
Field China University 
test field: 
maize 
LAI 0 – 4 
1. T/ET = 
0.52 
LAI0.32, 
2. T/ET = 
0.71 LAI0.14 
arid, 
8 °C 
(annual) 
164 mm 
(annual) 
AWV 
(1,2,4),  
SS (0-5,5-
10), STS 
LET, v, Ta, 
rh, Ts, 
ELys  
hourly, 
18 days 
between 
May 21 and 
Aug 22  
chamber 
(mass-
balance) 
dynamic 
chamber 
measureme
nts (NSS) 
1. chamber 
(mass-
balance)  
2. Craig 
and Gordon 
(1965) 
model 
1. 87 % (morning) 
59 % (evening) 
73 % (mean) 
2. 88 % (morning) 
72 % (evening)  
85 % (mean) 
Piayda et 
al. (2017) 
Biogeoscienc
es 
- disentangle 
vegetation effects on 
soil water  
infiltration and 
distribution 
- dynamics of soil EV 
and grassland water 
use 
 
Field Central 
Portugal 
open cork-
oak 
woodland: 
oak and 
grass, 
LAI 1.1 
Mediterran
ean  
15.9 °C 
(annual) 
680 mm 
(annual) 
AWV, SS 
(0-
0.5,2,5,10, 
15,20,40) 
P, Ta, rh, 
Ts, θs, 
PPFD, 
LAI 
daily, 
May 26 – 
Jun 12 
2012 
chamber 
(mass-
balance) 
leaf 
samples  + 
Craig and 
Gordon 
(1965) 
model 
(NSS) 
Craig and 
Gordon 
(1965) 
model 
36% (tree site) and 41% (open 
site) 
Wei et al. 
(2018) 
Agricultural 
Forest 
Meteorology 
-develop two-source 
model 
- investigate daily 
variabilities of T/ET 
- model sensitivity 
analyses 
- compare different 
approaches 
 
Field 
Model 
1. Japan 
2. China 
1. rice field, 
LAI 0– 6 
2. winter 
wheat and 
summer 
corn ,  
LAI 0 – 4.7  
13.7 °C 
(annual) 
1200 mm 
(annual) 
1: AWV(2), 
WS,  
2: AWV, 
SS(0-5,15-
20,40-45), 
LS, STS 
Ta, rh, v, 
vd, Ts, 
LET, P, 
Rd, Rn, Qs, 
Tw, 
momentu
m heat, 
ELys, LAI 
rice: May – 
Sep 2014 
wheat:; Apr 
– Jun 2008 
corn: Jun – 
Sep  2008 
1: Keeling 
plot 
2: flux  
gradient  
leaf and 
steam water  
(ISS) and  
Farquhar 
and 
Cernusak 
(2005) 
(NSS) 
Craig and 
Gordon 
(1965) 
model 
rice: 74%, 
wheat: 93%  
corn: 81%  
Zhou et al. 
(2018) 
Agricultural 
Forest 
Meteorology 
- investigate seasonal 
variations in GPP, ET, 
VPD, 
uWUE and T/ET 
- evaluate uWUE 
against stable isotope,  
lysimeter/ eddy 
covariance and sap 
flow methods 
- better understanding 
of carbon-water 
interactions 
Field Heihe River 
Basin (HRB), 
China 
3 sites: 
upper 
HRB: 
Alpine 
meadow, 
LAI 6.3 
middle 
HRB: 
irrigated 
cropland 
(maize),  
LAI 3.8 
lower 
HRB: 
Populus 
euphratica, 
LAI 0.8 
upper 
HRB: 
–0.4 °C 
(annual) 
438 mm 
(annual) 
middle 
HRB: 
6.9 °C 
(annual) 
147 mm 
lower 
HRB: 
10.4 °C 
(annual) 
26 mm 
(annual) 
AWV 
(0.5,1.5), 
SS (0-5,5-
10,10-80: 
10 cm 
interval),  
LS, STS 
 
NEE, LET, 
Ta, rh, v, 
vd, p, P, 
Ts, θs 
Rn, Qs, F, 
ELys LAI 
upper 
HRB: 
2013 – 
2015 
middle 
HRB: 
May 2012 – 
2015 
lower 
HRB: 
2014 – 
2015 
flux 
gradient 
xylem 
water (ISS)  
 
Craig and 
Gordon 
(1965) 
model 
upper HRB: 55 %, middle 
HRB: 63 %, lower HRB: 55 % 
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